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ABSTRACT
The mapping phases of altimetric satellites (Geodetic Missions) offer a vast amount of sea
surface height data and provide high-accuracy and high-resolution gravity field
information. In this thesis, altimetry-derived gravity anomalies were used in a least squares
collocation (LSC) method to improve the estimation of the bottom ocean topography and
its gravimetric response. Two- and three-layer models were developed and combined
solutions with shipborne depth soundings were implemented. Compared to global
bathymetry models, the newly derived ones manage to provide smoother data by 15-25%
when taken into account through a residual terrain modeling (RTM) reduction in a removecompute-restore procedure for gravity field modeling.
Altimetric sea surface heights (SSHs) were also used in this thesis for geoid and gravity
field determination taking into account the quasi-stationary sea surface topography (QSST)
and bathymetry signals. Special attention was paid to the modeling of the high-frequency
sea surface variability (SSV) signal, which contaminates the altimetric measurements. The
results show that the accuracies of the altimetric geoid and gravity field is at the 5 cm and 8
mGal level (1σ), respectively, compared to T/P SSHs. Additionally, gravimetric and
combined geoid solutions using the input output system theory (IOST) were developed
showing that the combined use of shipborne and multi-satellite altimetry data improve the
gravimetric geoid estimation by 2 to 8 cm (1σ). Finally, QSST and geostrophic flow
estimates were derived, indicating that there is possibly remaining QSST signal above
harmonic degree 20 thus illustrating the importance of geodetic methods in oceanographic
studies.
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CHAPTER ONE

INTRODUCTION

1.1

Introduction and research background

With the launch on October 4th, 1957, of the first artificial satellite Sputnik I by the former
Soviet Union humanity stepped into the space era, an era so new and undiscovered that its
importance is not yet fully comprehended. The step made by human beings to conquer
space revealed a whole new world of opportunities to the scientific community, since an
entire new field of theoretical research and applications was brought to light. Such an area,
which prior to the space era was poorly modeled, is the Earth’s oceans. Covering almost
73% of our planet’s surface the oceans possess an immense size. The phenomena taking
place on their surface and interior were, therefore, not fully understood and modeled prior
to the last twenty years. Measurements on the ocean surface were traditionally collected by
shipborne campaigns, during which seismic, gravimetric and oceanographic measurements
were conducted. The main disadvantage of these methods is in terms of their timeconsuming, expensive and inhomogeneous nature. Additionally, it would have been
impossible to densely cover all of the Earth’s oceans with such measurements (Sandwell
and Smith, 2001). Thus, they were mainly concentrated in the Northern hemisphere and in
particular in regions of financial interest and/or along common trade ship tracks. This
resulted in vast areas being totally unsurveyed or with very poor cross-track resolution.
In 1970’s, the first experimental satellite altimetry missions (GEOS-3, Skylab,
Seasat) were launched and the potential of this new method became evident. The gravity
field on a global scale, the global ocean circulation, mean sea level changes, temperature
and pressure changes, tides, the ocean bottom topography, tectonics, etc., started being
monitored and modeled. The main advantage of satellite-based methods was the great
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amount of data offered and their homogeneous and economic nature. With the new
altimetric satellites launched during the past sixteen years (GEOSAT, ERS1, ERS2,
TOPEX/POSEIDON) altimetry offered a continuous, high-accuracy, high-resolution and
wide in coverage monitoring of the oceans, making their long-term study feasible and
easier. The main disadvantage of the early altimetry missions was the low-accuracy in the
determination of the true orbit and the position of the satellite. Thus, space geodesy was
thought, even until some years ago, as something really difficult since the accuracies
needed for the monitoring of the Earth are high and require equivalently high accuracies in
the position determination. This was made possible since 1984 when the Global Positioning
System (GPS) emerged and the positioning accuracies became such that allowed high
positioning accuracies in all satellite missions. Nowadays such position accuracies are
available, both in static and kinematic mode (Dermanis, 1999). The use of other geodetic
measurements, such as the ones from Satellite Laser Ranging (SLR) stations and Doppler
Orbitography by Radiopositioning Integrated by Satellite (DORIS) beacons, together with
GPS, for satellite orbit determination resulted in high-accuracy orbit determiantion.
For satellite altimetry, this was made possible especially during the last ten years
when new models for the Earth’s gravity field (JGM-1, JGM-2 and JGM-3) were used for
the orbit determination (Tapley et al., 1996). When high-accuracy positioning is achieved,
then the topology of the satellite measurement is accurately known, since the major part of
the error of the measurement is eliminated or at least reduced. In altimetric measurements it
was the radial error that prevented the first missions from being accurate enough. But
especially due to TOPEX/POSEIDON (T/P) high-accuracy orbit determination, with an
overall standard deviation (σ) at the crossover points of 6-7cm (AVISO, 1998), was made
possible. With such high-accuracy orbits the accuracy of the measurements, i.e. the SSHs,
increased as well. Additionally, the possibility to select the along- and cross-track altimeter
satellite track separation, resulted to both purely Geodetic Mission (GMs) and Exact Repeat
Missions (ERMs) phases of the satellite.
Satellite altimetry offered a great boost to all branches of geosciences, but this was
especially evident in geodesy and oceanography. Geodesy is that branch of geosciences that
deals with the approximation of the figure of the Earth and the analysis of the external
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gravitational field (Heiskanen and Moritz, 1967). The science of oceanography is mainly
interested on the interaction between physical phenomena occurring in the biosphere and
the motion of water bodies, as well as their influence in all living organisms and the
environment (Ross, 1995).
Satellite altimetry led to the interaction and connection between geodesy and
oceanography, since it provides global heights of the instantaneous sea surface from the
reference ellipsoid. The key element in handling physical phenomena, i.e. the Earth’s
gravity field, is the common link between these two sciences. Oceanographers need a very
well determined surface-of-no-motion to which they will refer their measurements. This
surface is known as the geoid which is defined as that particular equipotential surface of the
Earth’s gravity field that best coincides with the Mean Sea Level (MSL) (Listing, 1873).
Geodesists, on the other hand, need an accurate estimate of the QSST in order to provide an
accurate geoid. The amount of data offered by altimetry during the last decade is two times
greater than that collected with traditional methods during the last century (Sandwell and
Smith, 1997) and provide an accurate and homogeneous database that lead to more accurate
realizations of the marine gravity field and the geostrophic currents. Additionally, the
repeatability of the orbit and the small orbital period allow small-scale ocean variability to
be studied, as well.
The first efforts to determine the marine gravity field from satellite altimetry
measurements originated in the early 1970’s (Koch, 1970) with the first global fields being
determined by Rapp (1985) and Haxby (1987). This latter work produced the famous map
of the Gravity Field of the World’s Oceans using SEASAT data. From this map, it was
made possible for the first time to see the gravity field of the oceans in great detail and
reveal undetected seamounts, trenches, and valleys. This was especially evident in the
Southern Ocean, which was very poorly mapped with shipborne data. In the following
years, many works using altimetry data to map the marine geoid and/or the marine gravity
field have been published employing different numerical methods (in the space and
frequency domain) and different data types (SSHs, gravity anomalies, deflections of the
vertical, combined solutions). The early works used GEOS-3 and SEASAT data (Rapp,
1987; Balmino et al., 1987; Sandwell, 1992) and then GEOSAT, ERS1/2 and T/P data were
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employed (Andersen and Knudsen, 1998; Arabelos and Tziavos, 1990a, b, 1992, 1996;
Arabelos et al., 1989; Eren, 1980; Fenoglio, 1996; Fernandes et al., 2000).
In an attempt to categorize the numerical methods, we distinguish between leastsquares collocation (LSC) and frequency domain methods employing fast Fourier transform
(FFT) techniques and the Input-Output System Theory (IOST). Space domain LSC has
been well-documented in the literature and its use has been thoroughly discussed in Moritz
(1980). The main advantage of LSC is that the data are used with their errors and combined
in an optimal way without prior gridding. Its main disadvantage is that when many data are
used (as it is the case with altimetry SSHs), then it becomes computationally expensive.
The frequency domain expression of LSC has been presented by Eren (1980) and Bottoni
and Barzhaghi (1993) with numerical examples on its use in physical geodesy. Fast LSC
requires the data to be gridded, so that the covariance (CV) matrices will have a Toeplitz
structure. Its main advantage, compared to conventional LSC, is that it speeds up the
computations; its main disadvantage is the need for gridded data.
Frequency domain methods for the recovery of the gravity field from altimetry
data have first been presented by Haxby (1987), who used FFT techniques. Subsequently,
almost all studies were done in the frequency domain mainly due to the time-efficiency of
the method with large amounts of data (Andritsanos et al, 1999, 2000, 2001; GEOMED,
1993; Grebenitcharsky, Vergos and Sideris, 2001; Hwang and Parsons, 1995, 1996; 1998;
Tziavos et al., 1997, 1998; Vergos, 2000; Vergos et al., 2001; Vergos et al., 2001a, b).
In almost all previous studies the main data types employed in marine gravity field
modeling have been altimetry SSHs and shipborne gravity. The derivation of marine geoid
heights from shipborne gravity data can be performed using the Stokes or Hotine operators
with gravity anomalies and gravity disturbances, respectively. These methods are most
commonly employed in the frequency domain with spherical or planar FFT techniques.
Especially for Stokes’s function, special modifications in the kernel allow for results very
close to (Strang van Hees, 1990; Forsberg and Sideris, 1993) or exactly the same as
numerical integration (Haagmans et al., 1993). Additionally, and since altimetry SSHs are
very close to geoid heights, local and regional altimetry-derived marine geoid solutions
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have been presented in the literature with accuracies at the 10 cm level when Geodetic
Mission (GM) data were employed (Andritsanos et al, 2001; Vergos et al, 2001; Vergos et
al., 2001a, b).
The determination of marine gravity anomalies from altimetry SSHs uses the
inverse Stokes or Hotine operators for the differentiation and is considered as an ill-posed
problem in physical geodesy (Moritz, 1980). Special techniques for the regularization of the
problem have been presented by, e.g., Moritz (1980) and employed in many numerical
investigations. The main problem is that such a differentiation enhances the highfrequencies, thus making very problematic the use of altimetry data, which are
contaminated by high-frequency noise and sea surface variability. To overcome this
problem crossover adjustment and low-pass filtering can be used, among other methods. In
this study we will investigate the derivation of gravity anomalies from single and multisatellite altimetry data, while special attention will be paid to the filtering of such highfrequency information (see Chapters 2 and 3 for details). The achievable accuracy in the
determination of gravity anomalies is reported to be at the 8-15 mGal level (Andersen and
Knudsen, 1998; Arabelos, 1997; Arabelos and Tziavos, 1994b, 1998) and that of gravity
disturbances at the 8-10 mGal level (Zhang, 1993; Zhang and Blais, 1993, 1995; Zhang and
Sideris, 1995, 1996).
Another approach for the determination of marine gravity anomalies relies on the
use of along-track first or second order derivatives of the SSHs. Then after averaging these
deflections of the vertical or the second order derivatives of the disturbing potential, geoid
heights and gravity anomalies can be recovered (Hwang and Parsons, 1995, 1996, 1998;
Sandwell and Smith, 1997). The main advantage of this method is that the differentiation
acts like a high-pass filter that suppresses the long-wavelength radial orbit error.
Additionally, by using altimetric slopes or second order derivatives, the sea surface
variability (SSV) between two subsequent altimeter points is eliminated. But, in this way,
instead of performing one inversion (SSHs to gravity anomalies using the inverse Stokes
kernel) we perform two (SSHs to deflections of the vertical and then to gravity anomalies
using the inverse Vening Meinesz kernel). It is well known, though, that inversions of this
kind are unstable and a small error in the estimation of the deflections of the vertical will
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introduce a large error in the gravity anomaly prediction. As an example an error at the
level of ±0.3′′ in the estimation of the deflections of the vertical would introduce an error of
about ±3mGal in the gravity anomalies estimation and an error of about ±10m in the geoid
heights (Moritz, 1980). On the other hand, the altimetry SSHs noise is at the ±10 cm level
for the GM missions, which roughly translates to ±0.03 mGal, thus the errors that may be
introduced (the un-filtered sea surface variability included) in the final estimated gravity
anomalies from SSHS are much smaller. For this reason we decided to stay with the
classical implementation of Stokes’s kernel in an efficient FFT method and low-pass filter
the SSHs to remove the sea surface variability. A good review of the inverse Vening
Meinesz and the deflection-geoid formula can be found in Hwang (1997, 1998).
With more and more different data types being available, the combination methods
are especially important, since an optimal combination of all available data types can lead
to more accurate and realistic estimation of the gravity field. Traditionally, LSC has been
the method employed to combine different data types (Arabelos and Tziavos, 1990b) with
the time requirements and the difficulties in handling large datasets being its main
disadvantages. On the other hand, spectral methods have been used for the combination of
heterogeneous data in physical geodesy. Sideris (1996) developed the general theoretical
background of the implementation of the IOST method in physical geodesy applications,
and subsequently many studies have been presented (Li, 1996; Li and Sideris, 1996;
Tziavos et al., 1996, 1998). The results of such studies have shown that the use of altimetric
data improve the gravimetric geoid solutions by 2 to 10cm (Andritsanos, 2000; Andritsanos
et al., 2001; Vergos et al., 2001) in terms of the differences with T/P SSHs and that the
altimetric solutions are improved in close-to-the-coastline regions when augmented by
shipborne gravimetry (Vergos, Grebenitcharsky and Sideris, 2001a, b). For a detailed
discussion on the problems of satellite altimetry in shallow and close-to-the-coastline
regions see, Chapter 2.
In all aforementioned gravity field modeling studies it has been common practice
to assume that the geoid surface and the mean sea surface coincide. It is well known though
that for an accurate geoid determination, especially in open ocean areas, this assumption
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does not hold since the deviation between the geoid surface and the mean sea surface varies
between -2.2 m in the Antarctic region and 70 cm on a global scale, with a standard
deviation of ±62 cm (Engelis, 1985; Engelis, 1987). These large deviations are mainly
caused by the ocean currents, which are generated under the influence of winds, of changes
in the salinity and the temperature of seawater, and finally of changes in the pressure which
are directly correlated with the Earth’s atmosphere. Thus, especially today that we are after
the 1-cm geoid, the implementation of QSST data in geoid and gravity field modeling plays
a vital role in operational marine geodesy.
In that sense, and apart from gravity field modeling, altimetry data have been used
to estimate the Dynamic (time-varying) and Quasi-Stationary (constant over short time
periods) Sea Surface Topography (DSST and QSST, respectively) proving additional
information to be included in geoid determinations (Andritsanos et al., 2001a, b; Engelis,
1985, 1987; Marsh et al., 1995; Nerem, 1994; Sanchez et al., 1997). The methods for
determining the QSST can be categorized as geodetic and oceanographic ones. The
geodetic techniques of SST determination manage to solve with great success the problem
of determining the surface of no motion. On the other hand, the purely oceanographic
methods of SST and ocean circulation modeling are based on complicated differential
equations and assumptions about the motion of the ocean currents. Oceanographic methods
rely on observations about the temperature, salinity, pressure, and dissolved oxygen content
of the ocean water, while the geodetic ones use measurements of gravity-field-related
quantities (geoid heights, gravity anomalies, deflections of the vertical and gravity
disturbances). As far as the geodetic methods are concerned, we should mention that the
Dynamic Ocean Topography (DOT) is related to geoid and SSHs, so when some other kind
of gravity observations are available, they should be transformed into geoid heights.
In all applications of physical geodesy, when geoid determination is concerned, we
make the assumption that the geoid does not vary over a certain period of time, thus only
the quasi-stationary part of the SST is required for our modeling. The time-varying part of
the SST can be computed in a rather straightforward way by analysing the overlapping
tracks during the repeat era of a satellite altimetric mission (ERM missions) (Cheney et al.,
1983; Engelis, 1983; Gysen et al., 1997). In a subsequent step, these variations can be
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removed from the SSHs. Alternatively they can be considered as noise during the
processing of altimetry data with the traditional crossover adjustment techniques and,
therefore, be filtered out of the SSHs together with the bias and tilt parameters.
The stationary SST can be determined, as already mentioned, by purely
oceanographic methods using observations of sea-water temperature, salinity, pressure and
dissolved oxygen content and imposing geostrophic conditions in solving the equations of
motion of the ocean currents. Another approach for determining the stationary SST is to use
traditional geodetic techniques. One approach of this type consists of determining geoid
undulations from a low degree satellite-derived gravity field and subtracting them from
altimetry-derived SSHs. Because of the errors, only the long wavelength part of the
stationary SST can be represented with some degree of confidence. In order to determine
this long wavelength SST a harmonic analysis of the reduced heights is required. Then a
low pass filter is applied to retain only the low degree coefficients that have a favorable
signal to noise ratio (Engelis, 1983). Another technique proposed by Engelis (1984) uses
altimetric observations in a combined solution to reduce the radial orbit error, improve the
geoid and determine the stationary SST.
The effectiveness of all geodetic techniques of determining the SST is subject to
the accurate representation of the spectral content of the SST itself (Engelis, 1984). This
means that a correct implementation of the spherical harmonic models used should be
guaranteed. Particularly in the last method a-priori statistical characteristics of the SST by
wavelength (i.e., the degree variances) are needed, thus it is important that some estimates
of the spectral behavior of the SST be available. Such estimates have been initially
computed by Engelis (1984), who used the Levitus SST and SEASAT data to estimate
harmonic coefficients and their degree variances. The problem of such expansions of the
DOT in spherical harmonics is that the function is assumed to be continuous over the entire
Earth, but this is not the case with the SST, since its values are available only in oceanic
areas. To overcome this problem, Engelis (1983, 1984) proposed to fill the land areas with
zeros. However, this affects the harmonics, which are forced to zero over and close to the
land. Another approach proposes the use of orthonormal functions instead of spherical
harmonics (Hwang, 1991, 1995), which are determined only over oceanic areas.
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Additionally, Pavlis et al. (1998), proposed the determination of the spherical harmonic
coefficients of the QSST expansion by performing a least-squares fit to the output of the
Parallel Ocean Circulation Model 4B (POCM-4B) to degree 30. Also, Andritsanos (2000)
proposed the use of the IOST method to derive the QSST from ERM and GM altimetry
data. A final method is the recovery of the QSST from the differences of altimetry-derived
and shipborne gravity anomalies or the differences between altimetry SSHs and gravimetric
geoid solutions (Knudsen, 1992b).
The final use of altimetry data that we will discus in this introductory chapter is for
the determination of the ocean bottom topography either from altimetry SSHs or altimetryderived gravity anomalies. The effect of the ocean bathymetry on various quantities related
to the gravity field (e.g., gravity anomalies, geoid heights, deflections of the vertical, etc.) is
of great importance for a large number of oceanographic and geodetic applications.
Bathymetry influences the direction of the ocean currents, marine life, and the atmosphere
in a fashion that its estimation is vital. In geodesy, Digital Depth Models (DDMs), in
analogy to the Digital Terrain Models (DTMs) on land, are used during a remove-computerestore procedure to smooth gravity field quantities. This is achieved through various
reduction methods, such as the topographic reduction, the residual terrain modeling (RTM)
reduction, and the isostatic reduction, proposed and used during the last twenty years in
geodesy (Forsberg, 1984a).
In gravity field modeling, bathymetry can be combined with sea data (gravity
anomalies, altimetry Sea Surface Heights (SSHs)) and a global geopotential solution in a
remove-compute-restore procedure aiming at estimating optimally the gravity field. The
primary use of the depths lies in smoothing the data, so that a subsequent gravity anomaly,
geoid height or deflection of the vertical prediction can be carried out. According to
Forsberg (1984a), when high-quality depths are available, then the smoothing of the data
can reach the 50% level. The common practice in marine gravity field modeling is to use an
RTM reduction to take into account the attraction of the bathymetry. This method consists
of using a model of the bathymetry equal to the actual ocean topography referenced to a
mean, smooth but varying surface (Forsberg, 1984a). The described use of DDMs in
gravity field modeling has often given disappointing results mainly due to the use of low
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quality bathymetry data from global DTMs such as the 5′ ETOPO5U (Arabelos, 1997;
Arabelos and Tziavos, 1994a).
Contrary to that, the high-accuracy and high-resolution satellite altimetry data
offer a great alternative for a better estimation of the bathymetry. We should mention,
though, that this “improved” estimation can be viewed mainly in terms of an improved
gravimetric response of the bottom ocean topography and the smoothing that the invertedfrom-altimetry DDMs offer to gravity field quantities during a remove-restore procedure
(Tscherning et al., 1994). This is so because the bathymetry estimated from altimetryderived-gravity data is band-limited to wavelengths between 10km and 120km (Smith and
Sandwell, 1994). The lower bound is induced by the cross-track spacing of the altimetry
missions and the upper one by the singularity of the gravity-to-topography transfer function
due to upward continuation (from the oceanic seafloor to the sea surface) and isostatic
compensation.
There have been numerous studies using altimetry data to estimate the ocean
topography, at the beginning along altimetric profiles (Dixon et al., 1983) and then as a 2D
plane (Arabelos and Tziavos, 1998; Hwang, 1999; Smith and Sandwell, 1994, 1997). Some
of them employ prediction in the frequency domain and others in the space domain. Most
of them are based on Parker’s formula (Parker, 1972) and the three plate model of Watts
(1978) and take into account parameters, like the depth, the flexural rigidity of the
lithosphere, the plate stiffness and the flexural length (Calmant and Baudry, 1996). A more
complex approach (Calmant, 1994) introduces three interfaces, i.e., the ocean bottom,
Moho depths and a third one representing the elastic deflection of the lithosphere under the
weight of an overlaying structure. A good review of some of these methods is provided in
Calmant and Baudry (1996). Other, more geodetically oriented methods, use gravityanomalies in a LSC procedure and determine the bathymetry in such a way that its
gravimetric response will agree well with the observed gravity field (Knudsen, 1993a;
Arabelos and Tziavos, 1998).
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1.2

Thesis objective

The objectives of this thesis are fourfold i.e.
a) To estimate high-accuracy and high-resolution marine geoid models.
b) To estimate high-accuracy and high-resolution marine gravity field models using
single- and multi-satellite altimetry data.
c) Estimate new local bathymetry models, which when used in gravity field modeling will
provide smoother residual fields.
and
d) Estimate the QSST using altimetry and shipborne gravity data and investigate the
existence of residual QSST above harmonic degrees n=6-20. Also, estimate geostrophic
velocities of the ocean currents using the so-derived QSST.
More analytically speaking, the first objective is the optimal determination of highaccuracy and high-resolution geoid models for different areas. We do not concentrate on
the investigation of different estimation and combination methods, for this has been already
done and is well cited in the literature (Andritsanos et al., 2001; Li, 1996; Li and Sideris,
1996; Tziavos et al., 1996, 1998; Vergos et al., 2001). We believe that for altimetric and
gravimetric geoid modeling, the use of a remove-compute-restore technique, together with
FFT methods, can be considered as the most proper one. Additionally, the use of IOST for
the combination of heterogeneous data has been proven to give very good results. What is
neglected though, in most cases, is the correction of the SSHs for the QSST signal and the
use of a bathymetry model to further smooth the data before the prediction and/or gridding.
To our opinion, and since the geodetic community is after a cm-accuracy geoid, the
implementation of this information is important. Additionally, it will be our intention to
derive an optimal procedure according to which blunders and high-frequency information
in the altimetry data will be properly removed and, therefore, after following the
aforementioned steps, the final geoid estimates will be more accurate.
These investigations will be carried out in two areas. The first of them is located in
the Mediterranean Sea close to the island of Gavdos, Greece. This area is well-known for
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its interest from the geodynamical and geophysical points of view and presents a quite
varying gravity field with alternating minimum and maximum values. Additionally, it is a
semi-closed sea area, thus the dynamics of the ocean currents are not as pronounced as in
the open ocean. The second area is located in the offshore Newfoundland region. It
possesses a varying gravity field and significant SSV. We decided to perform the exact
same tests in two different areas in order to investigate the achievable accuracy of gravity
field modeling with altimetry and shipborne gravity data in such diverse marine
environments. It is well known that altimetry suffers in closed sea areas and regions with
many islands which interrupt the continuity of the satellite tracks. On the other hand, the
presence of high SSV in open ocean areas make the estimation of the gravity field
problematic and complex. In both areas, the accuracy will be assessed by comparisons with
existing geoid solutions and T/P SSHs.
The second objective will be the recovery of gravity anomalies from single- and
multi-satellite altimetry data. Special attention will be paid to the modeling of the highfrequency SSV, so that the gravity estimates will not be contaminated by noise and the
trackines of the data will not be visible. Additionally, we intend to investigate whether the
use of multi-satellite data will improve the accuracy of the recovered field. To assess the
achievable accuracy the estimated solutions will be compared with shipborne gravity data
and the multi-satellite altimetry-derived global gravity field KMS01, recently derived by
the Danish group at Kort og Matrikelstyrelsen (Andersen and Knudsen, 1998).
As mentioned above, to achieve the aim of an accurate geoid and gravity
determination we will also introduce and use DDMs. It has been shown by Arabelos (1997)
and Arabelos and Tziavos (1994a, b, 1998) that the existing bathymetry models are not
accurate enough. Thus, the third objective is to estimate new models of the bottom ocean
topography by using altimetry-derived gravity data from the KMS99 solution (Andersen
and Knudsen, 1998). The method proposed by Knudsen (1993) will be used and different
depth models will be estimated and validated. Combined solutions of depth soundings and
altimetry-derived gravity anomalies will be presented as well. In all cases the new models
will be validated in terms of the smoothing they provide when used in a remove-computerestore procedure and through their differences with shipboard soundings and other DDMs.
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These investigations will be carried out not only in the two aforementioned areas, but
across the Mid Atlantic Ridge (MAR) as well. The bathymetry in these three areas is quite
diverse with the one in Gavdos showing high-variations and consecutive changes between
trenches, ridges and valleys, the one in MAR having high-frequency depth characteristics
close to the ridge, and the one in Newfoundland with more long-wavelength depth
structures.
The final objective of this thesis is to derive QSST estimates from altimetry and
shipborne gravity and to investigate the existence of QSST signal in harmonic degrees
above n=20 (~2000km). As it will be discussed in Chapter 5, the global QSST models
imply that almost 98% of the signal’s power is found up to about degree 6 (~6000km) and
that above harmonic degree 10 there is not much of the signal power remaining. The DOT
estimation will be carried out by using altimetry SSHs and shipborne gravity anomalies.
Furthermore, and once the QSST has been estimated, we will use the geostrophic flow
equations to derive the geostrophic velocities of the ocean currents in the areas under study.
In this way the interaction and the potential cooperation between geodesy and
oceanography will be presented and the many applications of satellite altimetry will be
outlined.

1.3

Thesis outline

This thesis consists of nine chapters, and the general structure and contents of each one are
outlined below.
In Chapter 2, the principle of satellite altimetry and the basic definitions of the
system are presented. A brief overview of the past, present and future missions is given
together with their characteristics, phases, and achieved or expected accuracies. Then the
main error sources of altimetric measurements and the preprocessing steps of the altimetric
data collection, correction and editing are discussed. A special section is dedicated to the
methods of crossover adjustment and stacking of altimetric SSHs, since they are of great
importance in the data analysis procedures. Finally, the stacking of the 3rd year T/P SSHs is
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presented, which will comprise one of the control datasets used for the comparisons in this
thesis.
Chapter 3 presents the theoretical background required for the numerical analysis.
It begins with the description of the bathymetry estimation method and its expressions for
two- and multi-layer models of the Earth. Then, the two main methods of global DOT
modeling are presented. The first one is the expansion in terms of spherical harmonics of
available oceanographic data and the second uses altimetry SSHs and a low-degree satellite
gravity field model in the geodetic version of the SST computation. Subsequently, the
remove-compute-restore method for altimetric and gravimetric geoid modeling is
presented. The entire process is thoroughly analyzed and all the reductions used (free-air,
referencing to a geopotential model, RTM, etc.) are described. Additionally, the IOST
method for the efficient combination of heterogeneous data is presented. Then the
procedure of inverting satellite altimetry SSHs to derive gravity anomalies is given,
followed by the methods and formulas for the estimation of the QSST and the geostrophic
currents following. Finally, the available data used in this study are presented and
categorized in altimetry and shipborne gravity data, depth soundings, global geopotential
models, global SST models, global gravity field models derived from altimetry and global
bathymetry and topography models.
In Chapter 4, the estimation of the new bathymetry models is presented. The tests
are carried out in three areas i.e. in Southeastern Mediterranean Sea, across the MAR, and
offshore Newfoundland, Canada. We present the gravity only solutions and the combined
with depths ones as well. The validation of the new models is finally presented by studying
the smoothing that they offer in gravity field related quantities and by their differences with
depth soundings and global DDMs.
Chapter 5 presents a comparison between the available global SST models in order
to select the one to be used in our gravity field modeling studies. Global as well local
comparisons are performed, with the local ones being focused on the entire Mediterranean
Sea and the North Atlantic Ocean. Finally, we compare the models in terms of their power
and discuss the results of that investigation.
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In Chapter 6, the results of the altimetric, gravimetric, and combined geoid
modeling in the areas of Gavdos and Newfoundland are presented. The validation of the
new models follows through comparisons with regional gravimetric geoid solutions and
stacked T/P SSHs for the areas under study.
Chapter 7 deals with the inversion of satellite altimetry data for gravity anomalies
determination. Single- and multi-satellite altimetry solutions are determined and their
accuracy is assessed by comparisons with the KMS01 global model and shipborne
gravimetry. The special care needed to perform this inversion is indicated and the different
data processing requirements for each of the areas are discussed.
In Chapter 8, the estimation of the QSST and then the determination of the
geostrophic velocities are presented. The results are discussed and outcomes for the
presence of QSST wavelengths smaller than 2000km are drawn.
Chapter 9 summarizes the findings of this study and provides conclusions and
recommendations for future research on the use of satellite altimetry in geodesy,
geophysics and oceanography.
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CHAPTER TWO

SATELLITE ALTIMETRY AND DEFINITIONS

2.1

Introduction

The advent of the space era signaled a great boost for all geosciences, since scientific
observational methods were not limited any more to terrestrial only but to satellite ones as
well. Considering the main advantages of satellite methods we can immediately distinguish
their improved observational methods, the dense coverage as well as the repeatability and
homogeneity of the data offered for almost the entire planet. As we mentioned in the
introductory chapter the Earth’s oceans cover almost 73% of our planet’s surface, thus the
interactions that take place on their surface and interior trigger and direct changes in the
environment and the physical and human ecosystem. The main goal of satellite altimetry is
the study and observation of the processes and properties of the marine environment, so
that when utilizing altimetry data the monitoring of phenomena like the mean sea level
variations and changes, the ice transfer, the wind speed, the wave height and the water
temperature would be feasible. Implicitly it is possible, through various techniques, to
derive information about the marine gravity field and the ocean tides as well.
Altimetric measurements have a vital importance for geodesy, since we are lucky
enough to have satellites that provide a direct measurement of the main estimation quantity
of geodesy i.e. geoid heights. This is so, since the altimetric observables, the sea surface
heights (SSHs), correspond to the separation of the sea surface from the reference ellipsoid
and are very close to geoid undulations. Once having these measurements and with proper
handling through appropriate procedures one can derive the deviations of the geoid above
the ellipsoid. Since the beginning of the first altimetric missions, the geodetic community
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witnessed seven satellites dedicated in conducting such observations. The amount of data
offered is very big and today they span an observation period of almost 20 years.
The data offered to the scientific community come from different agencies such as
the French Archiving, Validation and Interpretation of Satellite Oceanographic data
(AVISO), the Centre ERS d’Archivage et de Traitement (CERSAT), the Centrale Nationale
d’ Etudes Speciales (CNES), the Collect, Localization, Satellites (CLS) project at the
University of Texas, the European Space Agency (ESA), the Jet Propulsion Laboratory
(JPL) through its Pathfinder project, the National Aeronautics and Space Administration
(NASA) and finally the National Oceanic and Atmospheric Administration (NOAA). One
of the main problems is that each agency uses its own format for delivering the data and its
own processes and models to construct corrected records. The data that come from the
satellite need to be edited to reject any spurious or degraded observations and then
corrected for the geophysical and instrumental errors that contaminate the altimetric
measurements. Since each agency uses different editing criteria and models for the
corrections, in the following paragraphs we will first describe the altimetric missions
launched until now and those expected to come, then analyze the principle of the altimetric
system and measurements, the editing criteria and corrections for each agency and conclude
this chapter with two very important methods for altimetric data processing, crossover
adjustment and stacking.

2.2

Altimetric satellites and missions

In the following paragraphs, some introductory information about the already launched and
expected altimetric satellites, together with their characteristics and missions, will be given.
2.2.1

Skylab, GEOS-3 and Seasat satellites

The beginning of satellite altimetry, as it was defined in the introductory chapter, originates
with the first purely altimetric satellite GEOS-3, which was launched in 1973. Before
GEOS-3 there have been a number of satellites with the name Skylab, which conducted
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some experimental altimetric measurements without this being their primary goal. The
Skylab satellites were the first ones to perform altimetric observations and they formed the
basis for the first complete altimetry mission with SEASAT.
The Geodynamics Experimental Ocean Satellite (GEOS-3) belongs to a series of
satellites for the monitoring of the ocean surface aiming to derive information about the
gravitational filed of the Earth and the geophysical properties of the oceans. GEOS-3 was
launched on April 9, 1975 and provided scientific data until December 1978. Its
measurement precision was at the 25 cm and the orbit accuracy at the 5 m. The responsible
agencies for the monitoring and handling of the satellite were NASA’s Goddard Space
Flight Center (GSFC) and the Wallops Space Flight Center (WSFC). GEOS-3 was rotating
the Earth at approximately 843km with a near circular orbit (eccentricity 0.001) and an
inclination of 114.98o (Chelton et al., 2001). In its lifetime GEOS-3 provided the first
datasets for the high frequencies of the marine gravity field, the sea state, the wave height,
the ice movements and state, the wind speed and the quasi-stationary deviations of the
oceanic geoid.
The SEA SATellite (SEASAT) was the first satellite to be launched exclusively
for monitoring the oceans. It was constructed and launched by JPL on June 28, 1978 but its
mission ended quickly in October 10, 1978 due to problems in its electronics. Orbiting at
800km in a near-circular orbit, an inclination of 108o, orbit accuracy at the 100 cm level
and measurement precision at 5cm, SEASAT managed to collect only 42 hours of data
(Chelton et al., 2001). Nevertheless, this dataset contained more records that those collected
during the last 100 years of terrestrial (earth-based) observations (Andritsanos, 2000).
SEASAT offered data for the wind speed, the temperature of the ocean surface, the ice
sheets, the wave height, and the ocean topography.
2.2.2

GEOSAT altimetric satellite

The next satellite launched was the GEOdetic SATellite (GEOSAT), which is considered as
the cornerstone of satellite geodesy and satellite oceanography. The satellite’s name,
GEOSAT (see Fig. 2.1), indicates its primary mission i.e. the approximation of the oceanic
geoid. GEOSAT was constructed at the Applied Geophysics Laboratory of Johns Hopkins
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University under the supervision of the U.S. Navy. The satellite was equipped with one
altimeter, which measured the distance between the satellite and the instantaneous sea
surface (ISS) as well as the wave height and the wind speed. GEOSAT performed two
missions; a Geodetic and an Exact Repeat one. The purely geodetic phase of the satellite
started in March 30, 1985 and ended on September 30, 1986 and its main goal was the
approximation of the oceanic geoid up to latitude of 72o. The satellite was orbiting at
800km altitude with an inclination of approximately 108o. The satellite was in an almost
repeat mission with period of approximately 23 days and a cross-track spacing of about 34km at the equator. To achieve that very high-resolution the satellite was slightly drifting
after the completion of each cycle. The result of the Geodetic Mission (GM) was a very
dense in coverage mesh of SSHs covering the entire Earth between latitudes of -72o ≤ φ ≤
72o. It is easily understood that the GM data were of great military importance and for that
reason the U.S. Navy kept them as confidential until 1990. Today the data are free to the
scientific community.
Immediately after the GM phase the satellite changed its orbit to perform the ERM
mission. The ERM phase begun in November 8, 1986 during which the satellite was
repeating its tracks, within 1-2km, over a 17-day repeat period. In this way, each cycle was

Figure 2.1: GEOSAT altimetric satellite (NOAA, 1997).
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completed after 244 revolutions in approximately 17.05 days. The satellite managed to
complete 62 full cycles until a failure in the altimeter power terminated its global coverage
in October 1988. After that, some data were acquired with direct transmission over the Gulf
of Mexico, but the continued failure signaled the termination of the mission in January
1990.
GEOSAT maintained nadir pointing of the altimeter antenna by means of a gravity
gradient stabilization system, which was a weight attached with a chain to the body of the
satellite. This method allowed excursions off-nadir of 1-2 degrees and because the altimeter
beam width was only 2o the nadir footprint was not always illuminated. Thus, the onboard
tracker wasn’t always able to lock-on to the return pulse (NOAA, 1997). This problem
resulted in data losses in both the ERM and GM missions. The overall satellite
measurement precision was at the 4cm and the initial orbit accuracy, based on the National
Surface Warfare Command (NSWC) orbits, was at the 2-3m. This big magnitude for the
radial orbit error had a direct impact on the accuracy of the SSHs and degraded their value.
A second release of the data was based on the GEM-T2 gravity field model and the orbit
accuracy was improved to the 50cm-1m level. In 1997 though NOAA, recomputed the
GEOSAT orbits now based on the Joint Gravity Model 3 (JGM-3) (Tapley et al, 1996)
gravity model created for the T/P mission (NOAA, 1997). For that latest release, the orbit
accuracy is at the 10-20cm. In this study we will use the GEOSAT-GM data from NOAA’s
latest release (NOAA, 1997). For a good review of the GEOSAT mission the Journal of
Geophysical Research (1990a, b) dedicated volumes and NOAA (1997), should be
consulted.

2.2.3

ERS1/2 altimetric satellites

The European Earth Remote-sensing Satellite 1 (ERS1) followed GEOSAT’s mission on
July 17, 1991 and was launched by the European Space Agency (ESA) (see Fig. 2.2). The
primary goal of ERS1 was to study the oceans, monitor the ice sheet movements, measure
the wave height and the ocean surface temperature and determine the wind speed and
direction. These are only the altimetric tasks that ERS1 was dedicated to do, since the
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satellite carried a multitude of scientific instruments for many other different types of
experiments. ERS1 was originally scheduled to fly for two years only, but since the
altimeter recorder was continuing to operate and the satellite was in good health, its mission
continued until 1996 when it was used in a tandem phase for the calibration of its successor
ERS2. ERS1 was orbiting the Earth at an altitude of 780 km in a sun-synchronous polar
orbit with an inclination of 98.50o. This inclination allowed the satellite to cover the Earth

Figure 2.2: ERS1 altimetric satellite (ESA, 1994).
up to latitudes of -81.5o ≤ φ ≤ 81.5o offering valuable information for near-polar regions,
which were not covered by GEOSAT. The ERS1 measurement precision was at the 3 cm
level and its orbit accuracy at the 8-15 cm. The AVISO group has recomputed the ERS1
orbits based on TOPEX/POSEIDON orbit information using a global crossover adjustment
of their crossover points. This resulted in an orbit accuracy improvement at the 5 cm
(AVISO, 1998; Chelton et al., 2001). ERS1 performed seven phases, which are indicated
by the letters A, B, C, D, E, F and G and refer to (ESA, 1994):
Phase A: Initial checking and validation of the satellite system and calibration
of the instruments. Conducted from July 31, 1991 to December 20, 1991 with
the satellite on a 3-day exact repeat mission.
Phase B: First phase of monitoring and recording the ice-sheets. Conducted
from December 28, 1991 to March 30, 1992 with the satellite on a 3-day exact
repeat mission.
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Phase C: First phase of the ERM. Conducted from April 14, 1992 to
December 13, 1993 with the satellite on a 35-day exact repeat mission
completing 18 full cycles.
Phase D: Second phase of monitoring and recording the ice-sheets two years
after the first one. Conducted from December 23, 1993 to April 3, 1994 with
the satellite on a 3-day exact repeat mission.
Phase E: First GM phase. Conducted from April 10, 1994 to September 27,
1994. The satellite completed on cycle of 168-days repeat period aiming at the
mapping of the marine geoid. The cross-track spacing of the altimeter tracks
was approximately 16km.
Phase F: Second GM phase. Conducted from September 27, 1994 to March
21, 1995. The satellite completed on cycle of 168-days repeat period with its
tracks being shifted by 8km comparing to those of Phase E. This increased the
final mesh spacing of the GM phases which combined have a cross-track
separation of approximately 8km.
Phase G: Second 35-day ERM phase. Conducted from March 21, 1995 to May
16, 1995. The satellite completed 13 full cycles and was on a tandem phase
with ERS2 for calibration purposes of the latter.
As mentioned above, ERS2 is the successor of and has the same technical
characteristics and capabilities as ERS1. Their only differences are found in some
technological improvements and additional instrumentation that ERS2 was equipped with.
The satellite was launched on April 21, 1995 and follows the ERS1 track and orbit
characteristics so that the aforementioned tandem phase G could be implemented while the
two satellites were operating simultaneously. After the ERS2 instrument calibration, ERS1
was completely replaced in July 1996. The measurement precision of ERS2 is 3 cm and its
initial orbit accuracy was at the 7-8 cm level (Chelton et al., 2001). Recently, the orbit
accuracy was better than 5 cm since tracking with the German Precise Range and Rangerate Equipment (PRARE) was feasible. Currently the satellite is in its 35-day ERM phase.
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2.2.4

TOPEX/POSEIDON altimetric satellite

The GEOS-3, SEASAT, GEOSAT and ERS1 missions provided a great amount of data and
proved the importance and potentials of the continuous monitoring of the oceans. These
facts forced NASA and CNES to combine their efforts in launching a new altimetric
satellite, which would provide more accurate observations and longer records of the state of
the oceans. This lead to the creation and launch of TOPEX/POSEIDON (TOPographic
Experiment/POSEIDON) (see Fig. 2.3) that was named after the two on-board altimeters.
The TOPEX radar is of double frequency and was built by NASA, while the second one is
single frequency and was built by CNES. Since the two altimeters share the same receiving
antenna, their simultaneous use is not possible. Thus, they interchange their operation with
the TOPEX altimeter operating most of the time. The satellite was launched in August 10,
1992 and since then it has completed almost 380 cycles. This dataset, spanning for almost
10 years, offers the greatest and longest set of repeated observations for the surface of the
oceans making possible the study of sea level anomalies (SLA) and mean sea level (MSL)

Figure 2.3: TOPEX/POSEIDON altimetric satellite (AVISO, 1998).
variations, the monitoring of ocean currents like the Gulf Stream and Kuroshio and
ultimately meteorological phenomena like El Niño and La Niña. T/P is orbiting the Earth at
an altitude of 1336km in a near circular orbit (eccentricity of 0.000095) with an inclination
of 66.039o. The satellite is on an ERM with a 9.9156-day repeat period and repeats its
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ground tracks with an accuracy of approximately 1km. The measurement precision is at the
2cm level and the orbit accuracy at 2-3cm as determined from the differences at the
crossover points of the satellite tracks. This high-accuracy orbit determination was one of
the prime goals of T/P design, since for the previous satellites the main error source was
coming from the radial orbit error due to the insufficient knowledge of the true satellite
orbit. To achieve that high-accuracy orbit, the satellite was equipped with on-board Global
Positioning System (GPS) and Doppler Orbitography and Radiolocation Integrated by
Satellite (DORIS) receivers. Another major factor was the use of the JGM-3 gravity field
(Tapley et al., 1996) to determine the satellite orbit. This accurate orbit led to the use of the
T/P orbits as a reference for the improvement and adjustment of the GEOSAT and ERS1
ones. T/P was the first satellite that provided so accurate measurements and signaled a new
era especially for oceanography. For a good review of the T/P mission the Journal of
Geophysical Research (1994, 1995) dedicated volumes and Fu et al. (1994), should be
consulted.

2.2.5

GFO altimetric satellite

After the great success of the altimetric mission of GEOSAT, which is considered as one of
the most successful satellites for military and geodetic applications, the U.S. Navy decided
to launch its successor called Geosat Follow On (GFO) in February 10, 1998. The satellite
will repeat the 17.05-day GEOSAT ERM mission, thus providing observations at the exact
same tracks as its predecessor did almost 15-years ago. The satellite is in a near circular
orbit (eccentricity of 0.0008035), at 800 km altitude and an inclination of 108.0448o.
NASA and NOAA are the responsible agencies for the collection, acquisition, and
distribution of the GFO data, which will be free to civilian users. The satellite has a real
time transmission capability by using a downlink to U.S. Navy ships, but these data will be
classified. Users will get the processed data after a small period of time.
The U.S. Navy accepted the satellite as operational on November 29, 2000 even
though major failures in the system have occurred. The satellite is equipped with four GPS
receivers as part of its orbit determination system, which upon launch failed to lock onto
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the GPS constellation due to hardware defect. Additionally, some GPS software problems
were detected. This loss of the GPS positioning affected both precise orbit determination
and the time tagging of data. In June 1999 an earth-based time-tagging unit was installed,
since prior to that, large timing biases, on the order of seconds, were observed. For the obit
determination Satellite Laser Ranging (SLR), DORIS and Doppler systems are used which
give an orbit accuracy, as determined from the differences at the satellite crossover points,
at the 12-35cm. The altimeter precision is approximately at 2-3cm, but some additional
battery failures have lead to data losses. GFO is currently (November 2001) in good health
and most of its problems have been resolved or tackled. It has already completed 20 full 17day cycles and is heading towards the 21st. Nevertheless, the orbit accuracy is not yet
sufficient and that degrades the accuracy of the SSHs as well.
2.2.6

The future missions

For the near future there are two more scheduled satellite missions those of JASON-1 and
ENVISAT. JASON-1 was launched in December 7, 2001 and will be the successor of T/P.
It is once again a Joint U.S.-French effort with JPL representing NASA and AVISO and
CLS representing CNES. JASON-1 will be the first of a series of satellites planned for
launch in the near future aiming in providing a long-term and high-accuracy monitoring of
the Earth’s Oceans. It will be set in a near-circular orbit at 1336 km altitude with an
inclination of 66o and a period of approximately 9.9 days. Apart from the continuation of
the T/P success, JASON-1 will also have the ability of near real-time data distribution,
which will be quite beneficial for operational oceanography. The satellite is lighter than T/P
and its lower noise together with the improved models used for the geophysical and
instrumental corrections are expected to provide even better, than the T/P, data.
Finally, the ENVIronmental SATellite (ENVISAT) is ESA’s successor of the
ERS1/2 satellites and is planned for launch in mid-January 2002 with a more than 10 years
operation expectancy. The satellite will follow a polar sun-synchronous orbit at 800 km
altitude with an inclination of 98.55o. Its lifetime is scheduled to be five years with main
goals to continue the ERS1/2 observations and provide measurements of atmospheric and
land parameters and monitor the ocean surface and the ice-sheets. It will be set in a 35-day
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ERM mission with the tracks been repeated with an accuracy better than 1km at the
equator.
As a final remark to this paragraph we present in Table 2.1 the characteristics of
all satellites described. The figures of the satellites have been taken from the corresponding
agencies indicated in the captioning and from their internet sites which are listed for
convenience in Appendix A.

AGENCY

(cm)

PRECISION

(min)

PERIOD

(kgr)

WEIGHT

(ο)

INCLINATION

(km)

ALTITUDE

DATE

LAUNCH

SATELLITE

Table 2.1 Characteristics of altimetric satellites.

Skylab

1973

435

;

;

;

>100

NASA

GEOS-3

9/4/1975

850

114.98

341

102

25

NASA

SEASAT

28/7/1978

800

108

2300

100

5

NASA/JPL

GEOSAT

13/3/1985

800

108.1

635

100

4

US NAVY

ERS1

17/7/1991

780

98.5

2384

100

3

ESA

ERS2

21/4/1995

800

98.6

2516

101

3

ESA

T/P

10/8/1992

1350

66.0

2402

112

2

NASA/CNES

GFO

10/2/1998

800

108.1

300

100

3.5

US NAVY

JASON-1

01/2002

1336

66

;

112

1-2

CNES/NASA

ENVISAT

01/2002

800

98.55

8140

100.59

1-2

ESA

2.3

Satellite altimetry definitions and principle

Before proceeding to the description of the satellite altimetry principle the definition of the
terms used in the subsequent sections will be given. Fig. 2.4 depicts the basic terms
describing the altimetric system. As range we define the distance from the satellite center
of mass to the instantaneous sea surface. This is the main measurement that the altimeter
provides. As satellite altitude we define the distance between the satellite center of mass
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and the reference ellipsoid in the direction of the normal to the ellipsoid. As height or sea
surface height (SSH) we define the deviation of the instantaneous sea surface from the
reference ellipsoid. This is given as the difference between the altitude and the range. As
orbit we define the path that the satellite follows while revolving around the Earth. As
revolution we define a complete revolution of the satellite around the Earth. As satellite
pass we define the half of a satellite revolution. The satellite passes are distinguished in
ascending and descending ones. Ascending passes are those that the satellite goes from
South to North (North-going passes) and descending those that the satellite goes from
North to South (South-going passes). Finally, as a complete satellite repeat cycle we define
the time period until the satellite passes twice from the exact same point. It is obvious that
this term is found in ERM phases only.

Figure 2.4: Definition of basic terms describing the altimetric system (Figure from
AVISO - Altimétrie).
The principle of satellite altimetry (see Figs. 2.4 and 2.5) is based on the
transmission of a radar pulse from the altimeter towards the surface of the Earth along the
vertical and its subsequent reflection from the sea surface towards the satellite receiver. The
satellite has an accurate on-board time-tagging device, which measures the time needed for
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the radar pulse to do this two-way trip from the satellite to the sea surface and then back to
the satellite receiver. After proper processing and the removal of instrumental and
geophysical corrections the distance between the satellite and the ISS is computed, which is
called range or instantaneous sea surface topography (ISST). This is computed as half the
time that the radar pulse needed to travel from the satellite two the sea surface and then
back to the satellite. This distance is denoted as halt is Figure 2.5. The distance between the
ISS and the mean sea surface (MSS) is called mean sea surface topography (MSST) and is
denoted as ςt in Figure 2.5. It is caused by many factors like the earth tides, the ocean
currents and meteorological phenomena. For some of these parameters available models
have been developed either in a global, regional or local scale. Finally, the distance
between the geoid and the MSS, denoted by ςc, is called quasi-stationary sea surface
topography (QSST) and originates from various dynamic phenomena in the oceans such as
the temperature, the salinity and the dissolved oxygen content. Additionally, it is attributed
to the loading of the oceans due to the existence of ocean currents.

Figure 2.5: The principle of satellite altimetry.
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In Chapter 3 we will briefly discuss some of the available methods for the QSST
determination, which can be mainly categorized in oceanographic ones, where
measurements about the temperature, salinity, density and dissolved oxygen content of the
ocean water are used, and geodetic ones, where low-degree geopotential modes are
combined with altimetry SSHs or altimetric and gravimetric geoid solutions are
implemented. Since there is no unified terminology for the SST we will interchangeably
use the terms QSST and Dynamic Ocean Topography (DOT) to denote the same quantity
i.e. the constant over time, part of the sea surface topography (For more on the definition of
each part of the SST signal see Chapter 3).
Knowing the aforementioned quantities, either from models or in-situ
observations, we can successfully determine geoid heights for the area under study. The
distance halt that the satellite measures is computed as the product between half the travel
time and the speed of the radio waves in the atmosphere. The measurement process follows
the usual principle of electromagnetic measurements and is briefly analyzed in Chelton et
al. (2001). In most cases a radar altimeter operates at 13.5GHz with its footprint radius
varying between 1-12km depending on the sea state. But in order to achieve a 1-cm
precision in the height determination the clock resolution would have to be 30ps.
Unfortunately, that time resolution requires the transmission of a very high frequency
signal of 30GHz. Thus, in common practice the much narrower frequency of 300MHz is
used centered at a carrier frequency of 13.5GHz (Chelton et al., 2001; Rummel, 1993). So,
instead of analyzing a sharper pulse, the shape of a much longer pulse is analyzed by curve
fitting (see Figure 2.6). To achieve the appropriate signal-to-noise ratio a specific number
of returning pulses is averaged. This number is determined by the pulse repetition
frequency (PRF), usually 1KHz (=1000 pulses per second), and the integration is
performed every 0.05s. The shape of a smoothed curve is then fitted to the averaged data
and two consecutive curves are used to determine one height measurement to the ISS every
tenth of a second (0.1s). The shape of the fitted curve depends on the shape of the reflecting
surface, which in the case of altimetry is the sea surface. If the sea is calm, then the curve is
steep while if the sea is rough, the curve is much smoother (see Fig. 2.6). The wave height
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is expressed by the term significant wave height (SWH) which is equal to four times the
root mean square (rms) value of the ISS height measurement (Rummel, 1993).

Figure 2.6: Fitted curve to the reflected altimeter pulses for three different cases of sea
state (Figure from Rummel, 1993).
Thus, the measured distance is actually a mean height of the sea surface that is
covered by the radar footprint. The instantaneous height of the sea surface above the
reference ellipsoid is:
h isl = h orb − h alt

(2.1)

where hisl is the geometric height of the ISS, horb is the geometric height of the satellite and
halt is the distance between the satellite center of mass and the ISS (see Fig. 2.5). As in all
measured and estimated quantities, the altimetric measurements include some errors, which
can be represented as

(

) (

m
h isl = h corb + ∆h orb − h alt
+ ∆α

)

(2.2)

where ∆horb is the error in determining the true satellite orbit, ∆α the error in the altimeter
c
the ellipsoidal height of the satellite (altitude) as determined from its
measurement, horb
m
the altimeter measurement.
computed orbit and halt
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The error in the altimetric measurement is composed of instrumental and
meteorological errors due to the transmission of the pulse through the atmosphere. In this
latter category the geophysical errors are included and will be discussed in section 2.4. A
final error is the noise of the measurement, which for the new satellites is at the 5-10 cm
(GEOSAT) and 2-4 cm (T/P) level. Some of the instrumental errors include those due to the
mechanical parts of the satellite such as the sea state bias and the altimeter drift and lag. In
the geophysical errors, those due to the ionospheric scintillation and the tropospheric
refraction are included as well. Based on these, the ∆α error term in Eq. 2.2 can be
expressed
c
c
c
c
∆α = α instr + α prop + α n = α instr
+ α iono
+ α cdry + α cwet + ∆α instr
+ ∆α iono
+ ∆α cdry +

+ ∆α cwet + α n

(2.3)

where with αi we denote the errors of the altimetric measurement, α ic the estimated values
of the errors and ∆α ic the residuals of the errors. More analytically; α instr denotes the
instrumental errors of the altimeter, α prop denotes the propagation errors of the radar pulse,
c
c
α instr
is the estimation of the altimeter instrumental errors, α iono
is the estimated error due

to the ionosphere, α cdry is the estimated error due to the dry troposphere, α cwet is the
estimated error due to the wet troposphere, α n is the noise of the altimetric measurement,
c
c
∆α instr
is the residual of the instrumental error, ∆α iono
is the residual of the error due to the

ionosphere, ∆α cdry is the residual of the error due to the dry troposphere, ∆α cwet is the
residual of the error due to the wet troposphere.
All these corrections are included in the Geophysical Data Records (GDRs) of
each satellite, and their computation is based on available models or analytical equations.
Since each satellite uses different models for the aforementioned corrections, a brief
overview of them will be given in section 2.5.3. The remaining error in the altimeter
measurement is its noise as well as the sum of errors in the estimation of the previous
corrections i.e.
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ε α = ∆α − C αc = ∆C αc + α n

(2.4)

where C αc is the sum of the previous errors, meaning the instrumental and geophysical ones,
and ∆C αc is the error in their estimation.
Until now we have analyzed the ∆α term of Eq. 2.2. The other error term, ∆horb,
which corresponds to the error in the estimation of the altitude of the satellite, refers to a
quantity ∆r, representing our insufficient knowledge of the true satellite orbit, known as the
radial orbit error. As already mentioned, the insufficient knowledge of the true satellite
orbit was mainly attributed to the inaccurate gravity field models (NSWC, GEMT-2, etc.)
used to approximate the satellite orbit in the first missions. Additionally, the tracking
systems available did not have a good coverage all over the Earth, resulting in big crossover
differences. The radial orbit error decreased from 2-3m for the SESAT mission to almost 23cm for T/P and is expected to drop to a sub-cm level for JASON-1. From Eqs. 2.1 and 2.4
it is

(

) (

)

c
h isl = h corb + ∆r − h calt + ε α = h isl
+ ∆r − ε α

(2.5)

m
where h calt = h alt
+ Ccα is the corrected altimetric measurement and ∆r is the radial orbit

error. The height of the ISL, hisl, can be written as
h isl = Ν + ς = Ν + ς c + ς t

(2.6)

where Ν is the geoid height or geoid undulation, ς is the SST, ςc is the QSST and ςt it the
time varying or dynamic SST (DSST). The SST (ς) is the deviation of the ISS from the
geoid being the equivalent of orthometric heights H on land. In a first approximation, it is
the difference between the geometric height of the ISL and the geoid height. It is composed
of two parts, as indicated in Eq. 2.6, ςc and ςt. The latter, DSST, is due to phenomena
related to the elastic ocean tides, the solid Earth tides, the ocean bottom loading effects due
to the ocean tides, the inverse barometer effect and other temporal variations of the ocean
surface like the ocean currents. Some of these parameters can be determined from available
models with a limited accuracy. Thus, we can write
ς t = To + Te + Tl + Tib + Tw = Toc + Tec + Tlc + Tibc + ∆Toc + ∆Tec + ∆Tlc + ∆Tibc + Tw

(2.7)
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where To is the amplitude of the elastic ocean tides, Te is the amplitude of the solid Earth
tides, Tl is the amplitude of the ocean bottom loading effects due to the ocean tides, Tib is
the amplitude of the inverse barometric effect, Tw is the amplitude of the sea surface height
due to temporal variations (ocean currents, etc.), Tic is the estimation of the respective
quantity, ∆Tic is the residual of the estimation of the respective quantity.
Using Eqs. 2.5, 2.6 and 2.7 we can determine the geoid height through the satellite
SSH measurements as
c
c
N = h isl
+ ∆r − ε α − ς = h isl
+ ∆r − ε α − ς c − ς t =
c
= h isl
+ ∆r − ε α − (To + Te + Tl + Tib + Tw ) − ς c =

(

(2.8)

)

c
= h isl
+ ∆r − ε α − Toc + Tec + Tlc + Tibc + ∆Toc + ∆Tec + ∆Tlc + ∆Tibc + Tw − ς c

Using Eq. 2.8 we can compute geoid heights N from the SSHs measurements available for
an area under study. The term ςc in Eq. 2.8 represents the QSST and is often neglected in
geoid studies, mainly due to its mall magnitude and the accuracy requirements of the final
geoid model. But in this thesis, in order to be correct and more rigorous, and since we are
after an as accurate as possible geoid model, we will correct the SSH signal for the QSST to
derive N’s. Of course, as we shall see in Chapter 3 and the following numerical studies this
estimation is not always so simple and trivial, since special techniques and care (removecompute-restore, blunder detection, filtering of noise and SSV) should be implemented.
At this point, and before closing this paragraph, it is worth mentioning some of the
influence of the tracking systems in satellite altimetry measurements. As it has already been
mentioned, the principle of an altimetric measurement refers to the transmission of a radar
pulse from the satellite transceiver, its reflection from the ocean surface and finally the
pick-up from the satellite receiver. Even though the general principle is very simple the
reality is very complex. An artificial satellite is not a floating body in an empty space, but is
under the continuous attraction of, mainly, the Earth’s gravitational force as well as those of
the Moon and the Sun. As a result, the satellite orbit is perturbed and shows many
fluctuations from an ideal case depending on the gravity field. Moreover, the orbits are not
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circular since the ellipsoidal shape of the Earth influences them. These, and many other
reasons, have lead to the insufficient knowledge of the true satellite orbit creating the radial
orbit error, which was the main error source of the early satellite missions. Nowadays, in
order to discuss about cm-level geoid determination, it was the influence of recent tracking
and positioning methods that resulted in high-accuracy orbit modeling which then allowed
the altimetric measurements to be not only precise but accurate as well. The systems that
provided this capability are the satellite Global Positioning System (GPS) and the Earth
based Doppler Orbitography and Radiolocation Integrated by Satellite (DORIS) and
Satellite Laser Ranging (SLR) (see Fig. 2.7).

Figure 2.7: Tracking of altimetry satellites with GPS, DORIS and SLR (Figure from
AVISO - Altimétrie).

All new satellites, i.e. ERS2, T/P, JASON-1, GFO, ENVISAT, are equipped with
appropriate receivers for all or some of these systems. As a result, the orbit determination
has improved drastically from 2-3m for SEASAT to 1cm (expected) for JASON-1. The
radial orbit error, from being the main error source to contaminate the measurements, has
reduced to a small quantity that can be subsequently almost completely modeled and
removed with a special adjustment technique called crossover adjustment (Knudsen,
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1992a). Some part of the error may still be present but it is then below the noise level of the
altimetric measurements i.e. below 2-10 cm (AVISO, 1998) depending on the satellite.

2.4

Errors in altimetric measurements

Since the errors affecting the altimetric measurements are many and versatile in nature, we
will give in this section a brief description and comment on them. The theoretical
development and estimation process of modeling the altimetric errors is beyond the scope
of this paragraph and this thesis. Nevertheless, it is important for gravity field modeling to
understand the nature and the meaning of the corrections needed to derive geoid and/or
gravity field estimates from altimetric observations.
The category of errors is related to the instrument itself and its mechanical and
electronic characteristics. In this set of errors we rank the real instrument noise, which for
the new missions is at the level of a few centimeters. Additionally, we have the antenna
mispointing effect, due to the off-nadir excursions of the altimeter antenna, the electronic
altimeter bias, due to the deviation of the electronic center of the altimeter from the satellite
center of mass, and the electromagnetic bias, due to the systematic deviation of the
scattering surface of the radar pulse from the mean sea surface. All these error sources are
estimated for each individual satellite during the initial calibration phase of the mission.
As it was pointed out at the end of the preceding paragraph, the satellite itself is
not a free floating body in an absolute empty space, but is rotating around the Earth and in
the Earth’s atmosphere. Moreover, the altimetric measurements have to travel twice
through an 800km (1336km for T/P and 1350km for JASON-1) path of clouds, atmospheric
gases and free electrons (Zlotnicki, 1993), whose density and concision changes
continuously. Additionally, the ocean surface that we are after to map is not standing still,
but it is subject to continuous changes due to tidal, dynamic and atmospheric phenomena.
For all these reasons we should correct the altimetric observations for propagation and
ocean state/variation effects.
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At a distance of 0-40km from the Earth’s surface there exist errors related to the
influence of the troposphere, which are distinguished in a wet and a dry component. In the
first altimetry missions both components were determined using empirical models and
observations of surface pressure and temperature (Rummel, 1993). The main problem of
these empirical models was their inability to represent the tropospheric influence for
wavelengths shorter that abut 2000km. The dry-tropospheric part has a magnitude of 2.3m
(Rummel, 1993) and can be modeled easily. On the other hand, the wet tropospheric
component has a magnitude of 6-30cm but is very difficult to model. Under the assumption
of hydrostatic equilibrium, the tropospheric delay is dependent only on the surface pressure
of the oceans (Robinson, 1985). But, there is no direct way, up until now, for the satellite to
measure the surface pressure, thus the values are derived from surface pressure models
every 6-hours broadcasted by the European Center of Medium range Weather Forecasting
(ECMWF). The uncertainty in the estimation of the dry-tropospheric correction is today at
the 0.7cm level over 1000-3000km.
In the early missions, the wet-tropospheric component was determined through
empirical models as well (Randel, 1995). But, the T/P mission was equipped with a special
instrument called microwave radiometer, which measures the wet component. The
measurements are conducted in three frequencies i.e. at 18GHz where the brightness
temperature is measured and the wind speed influence is estimated, at 21GHz where the
water vapor content is measured along the vertical path of propagation and at 37GHz where
the liquid water content is measured and the influence of clouds and rain is estimated. The
uncertainty in the estimation of the wet-tropospheric correction is today at the 1.2cm level
over 100-2000km (Chelton et al., 2001).
An a distance of 60-1000km from the Earth’s surface, the ionospheric refraction
occurs due to the free electrons and ions in the upper atmosphere. The magnitude of the
ionospheric effects depends on the time of the day (smaller electron content during the
night), the period of the year (bigger electron content during summer) and the solar cycle
(bigger electron content during solar maximum). For the early altimetric satellites the
ionospheric correction was derived from global ionospheric models like the IRI95 (Bilitza,
1997), for the 1997 NOAA release of the GEOSAT GDRs (NOAA, 1997), and the BENT
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model for ERS1 (AVISO, 1998). But, T/P and the new satellite missions have altimeters
that operate in two frequencies i.e. the main Ku-band frequency at 13.5GHz, used to
conduct the range measurements, and a secondary C-band frequency at 5.3GHz, used to
derive parameters like the SWH, the wind speed and the ionospheric correction. The
uncertainty in the estimation of the ionospheric correction is today at the 0.5cm level over
150-2000km (Chelton et al., 2001).
Finally, in the atmospheric corrections, the one due to the wind speed is included.
It is computed by determining the backscatter coefficient derived from the electronic part of
the automatic gain control (AGC) of the altimeter by applying some corrections (Freilich
and Challenor, 1994). A very good review of the atmospheric corrections with analytical
information on the model development and explicit derivation of the relevant formulas can
be found in Chelton et al. (2001, pp. 7-57).
Subsequently, we have the oceanic corrections. Since the ocean is the reflecting
surface, changes in its state influence the altimetric measurements a lot. Because of the big
radius of the electromagnetic footprint, 2-12km, parts of the ocean surface behave
differently in the reflection of the pulse i.e. wave troughs reflect better the electromagnetic
wave than wave crests. As a result troughs have a higher reflection rate than crests and the
central point of the mean scattering surface in moved towards the troughs of the waves and
the resulting estimation of the range is wrong. This difference between the mean scattering
surface and the true scattering surface is called sea state bias (SSB). The influence of SSB
is divided in two components i.e. the electromagnetic bias, which is a physical phenomenon
originating from the electromagnetic properties of water and the oceans, and the
instrumental (tracker) bias caused by the design of the satellite electronics and the on-board
transmittal and reception algorithm (Gaspar et al., 1994, 1996). The correction for this
effect is computed from empirical models (Chelton, 1994; Chelton et al., 2001; Rummel,
1993).
There is also the inverse barometer (IB) correction, needed to account for the
changes in the sea level due to changes in pressure. Ponte et al. (1991) reported that 1mbar
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increase of the ocean pressure will cause a 1 cm decrease of the sea level. Following Fu and
Pihos (1994) the correction is computed as
I = -9.948⋅(P-1013.3)

(2.9)

Where I is the IB correction in mm and P is the atmospheric pressure in mbar determined
from the dry-tropospheric correction as (NOAA, 1997)
P=

− ∆ρ DT
2.277(1.0 + 0.0026 cos(2λ ))

(2.10)

where P is the atmospheric pressure, ∆ρDT is the dry-tropospheric correction and λ is the
geodetic longitude. The need for the IB correction is one of the main issues in today’s
altimetric research, since the studies on the response of the ocean surface to pressure
changes are still in their early stages. One of the aspects of this debate is on how can we be
sure that the ocean responds to a pressure change at a specific point and not to a pressure
change at a nearby location or due to the wind forcing or the ocean currents. For that
reason, the application of that correction should be performed with special care and in
accordance with the specific needs and goals of each study.
The influence of the tidal effects is also very important and should be taken into
account. To compute the correction for the ocean tide effects, tide gauge records as well as
the altimetry data themselves are used. For all satellites the correction for the ocean tides
includes both the elastic ocean tide and the ocean loading effects. The first model used to
correct the altimetric measurements was that of Cartwright and Tayler (1971). Then the
global model of Schwiderski (1980) was used, while today the ocean tide models are
determined from the analysis of altimetry data. The model in use for the GEOSAT GDRs is
CSR3.0 (Center for Space Research of the University of Texas at Austin) (Eanes and
Bettadpur, 1995), while the one for ERS1/2 is the hydrodynamic assimilation model of the
University of Grenoble FES95.2 (Le Provost et al., 1998). The previous tide models are
global solutions and in closed sea areas they show high disagreement. A solution to this
problem comes from the development of local models using local tide gauges and local
tidal analysis of the altimetry data. The final tidal correction is that of the solid Earth, since
the solid crust of the Earth is influenced by the attraction of the Sun, the Moon and the rest
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of the solar planets in a manner similar to that of the oceans. In all altimetric missions solid
Earth tides are accounted for using the models of Cartwright and Tayler (1971) and
Cartwright and Edden (1973).
As a final remark to this paragraph we will mention the last of the errors
contaminating the altimetric measurements, the radial orbit error. As indicated previously,
this error is introduced by the insufficient knowledge of the true satellite orbit and its
magnitude has been sufficiently decreased by using modern satellite tracking system and
improved gravity fields to approximate the satellite orbit. Its magnitude for GEOSAT is
approximately 10-15cm, for ERS1 5-10cm and for T/P at the 2-3cm level. To further model
and reduce the radial orbit error the method of crossover adjustment is used. Since we will
dedicate an entire paragraph (2.5.4) to the description of the method we will not comment
on it more. To summarize the altimetric error budget described in this section, Table 2.2
presents a conclusive table with the most typical errors and their description.

2.5

Altimetry data preprocessing

Before the satellite altimetry measurements can be used for the wanted gravity field
modeling applications, some necessary steps should be followed. These include (a) The
collection and availability of the data, (b) the correction (editing) and validation of the data
and (c) the processing of the data. The first two components will be called from now on as

the preprocessing steps and will be briefly analyzed in the following sections. The third
step is the actual processing of the data records and depends on the application. In our case
the processing followed will be presented in Chapter 3 and implemented in the numerical
studies to follow.

2.5.1

Collection and availability of altimetry data

The altimetric range measurements are collected from the on-board satellite recording
devices and subsequently are transmitted to the ground segment in pre-specified time
intervals depending on the capacity of the recording device. In a first stage, the data are
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Table 2.2 Satellite altimetry error budget (after Knudsen 1992a; Rummel, 1993).
Type of effect

Source

altimeter

noise

altimeter

bias

Amplitude (cm)

Residual (cm)

Wavelength (km)

<5
20

2

7% SWH

3% SWH

100 - 1000

electromagnetic
sea state

&
instrumental

ionosphere

electrons

2 – 20

3

50 – 10000

dry troposphere

mass of air

230

1

1000

wet troposphere

water vapor

6 – 30

3

50 – 1000

liquid water

rain

10 – 100

ocean surface

tides

100

5

equatorial

30

;

5000

western boundary

130

;

100 - 1000

eastern boundary

30

;

100 - 1000

eddies

25

10

gyres

50

3

rings

50

100

currents

mesoscale

30 – 50
aliased spectral
content

received by the ground stations in a raw form and have to be transformed in a readable
format. Additionally, they retain a time tag, derived from the satellite precise ephemerides,
which declares the time instant that the measurement was collected as well as the
instrumental corrections. This is the raw format that the user can upload after two weeks of
the measurements. Then, the altimetry data are stored in digital form, nowadays in CDROMs rather than magnetic tapes, having information from the satellite broadcasting
ephemerides and are forwarded to special processing centers where their orbit is determined
based on the precise ephemerides. Finally, with the precise orbit computed, the altimetric
data go through more processing, during which some of the described errors are removed.
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Then they are sent to the users in digital form under the name Geophysical Data Records
(GDRs). These three distinct stages vary in duration from agency to agency and from
satellite to satellite, while the final GDR format is different for each satellite product and
between agencies. This constitutes one of the main problems for the altimetry-data-user,
since each satellite produces different in number and format products and the final GDR
disks are written and formatted in different ways by each agency.
The duration of the aforementioned stages vary depending on the agency that
process the data, even though nowadays all agencies have recognized the need for real or
near real time data acquisition and try to provide some initial product in a small time
period. As an example, we mention that the T/P data are available two days after the
measurements in an initial format called Interim Geophysical Data Records (IGDRs). These
data do not include the precise orbit ephemerides for the orbit determination but an initial
estimate of it. The precise orbit ephemerides is computed and presented two months after
the measurements in the final GDR records, which are sent to the users by AVISO in a CD
media. Finally, once every year AVISO and CLS distribute a version of the data with all the
geophysical, oceanic, instrumental and orbital corrections applied. These data records are
the result of correcting (editing) and validating the raw data using appropriate editing
criteria and a global crossover adjustment for the removal of orbital errors. This product
from AVISO is called Corrected Sea Surface Heights (CSSHs) and includes the data for an
entire satellite phase (i.e. the GM mission of ERS1) or an entire satellite year (i.e. first
through eighth year of the T/P mission). For the ERS1 and T/P data used in this study we
extracted the data from this AVISO product. It is also important to mention that for the
JASON-1 mission near-real time data availability will be offered, since the IGDRs will be
provided only 2-3hours after the measurements. For more information on the collection and
availability of altimetry data the individual agencies should be consulted through their
Internet sites (see Appendix A) and the user manuals (AVISO, 1998; NOAA 1997).
2.5.2

Correction and validation of altimetry data

The combination of the complex nature of altimetry data with the natural environment that
they travel through makes their correction and validation an important aspect of the
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preprocessing step. This is needed to remove any spurious or degraded signals due to data
loss, acquisition problems etc. The procedures followed for each product are satellite and
agency dependent and the user is advised to apply them in accordance to the specific needs
of the study (AVISO, 1998; Cheney et al., 2001). The correction and editing criteria are
based on environmental factors i.e. geophysical and oceanic corrections as well as on
elements related to the mechanical and electronic nature of the satellite. Additionally, as
our knowledge, of the various phenomena influencing the altimetric measurements,
advances, the correction and validation parameters and criteria are updated and new refined
products are produced. This is the case with the three distributions of the GEOSAT data
(NSWC, T2 and JGM-3 GDRs) and the two generations of T/P products. Specific
correction and validation criteria for each satellite will not be given, since these are well
documented in the literature (AVISO, 1998; ESA, 1994; NOAA, 1997;) and out of the
scope of this thesis. We will briefly refer though to the most common criteria used.
The first step is to remove any data that refer to continental regions, since, due to
the scattering of the radar pulse from the land, the returning signal is very weak and
scattered resulting in corrupted measurements. There are special techniques though to
retrieve these data using a special land waveform re-tracking algorithm (the one described
in 2.3 is the re-tracking algorithm for marine data). To remove the land data bathymetry or
topography masks are used with which depth/height values are interpolated on the subsatellite points and then those corresponding to shallow and land areas are removed. The
depth limit depends on the agency and for the GEOSAT data is at the -200m. One of the
problems with this editing comes from the bathymetry masks used. As an example we
mention that the GEOSAT points are assigned a depth based on a 5′×5′ CSR bathymetry
model (NOAA, 1997) computed in 1995. Since then, the bathymetry model estimation has
improved rapidly and higher-resolution and accuracy models are available (Smith and
Sandwell, 1997). For that reason, in our investigations we do not remove any data based on
the GEOSAT assigned depth, but we rather interpolate depths from the 2′×2′ Smith and
Sandwell (1997) model and then remove those above the wanted depth (Andritsanos et al.,
2001; Vergos et al., 2001; Vergos et al., 2001). The data in close-to-the-coastline regions
are not degraded only because of the shallowness of the ocean seafloor, which results in the
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scattering of the radar pulse, but due to the insufficiency and errors included in the tidal
models in such regions. Additionally, the presence of data on land or over ice can be
detected by spikes in the SSH values i.e. unexpectedly big or small values comparing to the
neighboring ones. This is not a safe measure though, since such values can occur in the
middle of the ocean due to data or signal loss and shall be used with caution. Another
criterion is the removal of all records not containing SSHs measurements or values for the
tidal corrections. Also, unrealistically high or small values are removed.
The SSH values registered in the GDRs are presented as 1s data records. On the
other hand, the rate of the raw observations is 10 for TOPEX and 20 for POSEIDON times
higher. The final measurement included in the GDRs is the mean value of the raw
observations. When the number of the raw measurements is not sufficient to provide a
representative mean (this is at least 5 and 15 observations for TOPEX and POSEIDON
respectively) then that specific 1s time instant is bypassed. Additionally, when the rms of
the mean values is larger than a certain number i.e. 100mm for GEOSAT, 400mm for
ERS1/2, 100mm for TOPEX and 175mm for POSEIDON, or equal to zero then the
measurement is rejected.
Another criterion is based on the characteristics of the retrieved signal through the
automatic gain control (AGC) coefficient and the standard deviation (σ) of the backscatter
coefficient (sigma naught). If these coefficients have big values i.e. above 36dB then it
means that the measurement is over a non-oceanic surface, which can be either land or ice
covered. In general, for the measurement not to be removed the AGC and sigma naught
values should range between 5-25dB (AVISO, 1996; AVISO 1998).
The final most common criteria used are based on the SWH and geophysical
correction values. Measurements with big SWH values (11000mm for T/P and 15000mm
for ERS1/2) are rejected as blunders. Additionally, SWH zero values are due to reflection
over ice-covered surfaces mainly located at latitudes φ ≤ -55o and φ ≥ 65o (AVISO, 1996;
Schrama, 1989). Also, each agency issues user manuals for its products, where the rejection
limits for the geophysical and oceanic corrections can be found (AVISO, 1996; ESA, 1994;
NOAA, 1997).
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One question that arises is of the number of remaining points after all these
corrections and rejections to meet the editing and validation criteria. The answer comes
from the vast number of measurements that altimetry provides. As an example, the data
remaining in one of our, 10o×10o, test areas close to Newfoundland is 76485 for GEOSATGM, 42640 for ERS1-GM and 50496 for one year of T/P. This means that even after
rejecting some of the measurements, usually a 10-12% of the raw observations, a great
number of homogeneous, accurate and reliable data remain, something that is difficult to be
achieved by conventional shipborne methods.

2.5.3

Geophysical data records

In this paragraph the Geophysical Data Records (GDRs) used for the numerical studies of
this thesis are briefly described.

2.5.3.1 GEOSAT GDRs

The GEOSAT data used for the numerical investigations come from the Geodetic Mission
of the satellite and NOAA’s 1997 release of both the GM and ERM GDRs based on the
improved JGM-3 orbits and new improved geophysical and oceanic corrections (NOAA,
1997; Kalnay et al., 1996). The data were written in a point-by-point format with the time
and geographic location followed by the correction terms for each point. Table 2.3 presents
a sample of some of the data records as found in the GDRs.
For each point, the records begin with the time information in UTC seconds since
0h UTC in 01/01/1985. Then, the topological information i.e. the latitude and longitude of
the sub-satellite point follow in decimal degrees. The SSH (SSH) and the MSSH from the
Ohio State University Mean Sea Surface 1995 (MSS95) model (Yi, 1995) follow in meters
(m) with a flag denoting land, shallow ocean and deep ocean data coming after them. The
flag can take the values 1=land, 2=shallow ocean or 3=deep ocean. Then the wet and dry
tropospheric corrections as computed from the National Centers for Environmental
Prediction and National Center for Atmospheric Research model (NCEP/NCAR) (Kalnay
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et al., 1996), follow in meters. The ionospheric correction is computed from the IRI95
model (Bilitza, 1997) and is given in meters while the ocean, solid earth and loading effect
tides are computed from the CSR3.0 model (Eanes and Bettadpur, 1995) and follow in
meters. The SSB is computed from the Gaspar et al. (1994) model and is given in m. Then
a local and a global inverse barometric correction are given in meters followed by two
secondary instrumental corrections in meters to account for the internal calibration of the
altimeter (hcal) and the oscillator drift (uso). The final row in Table 2.3 presents the
corrected SSH (CSSH) as computed after applying the corrections to the observed SSH as
CSSH = SSH - WET_NCEP - DRY_NCEP - IONO - O_TIDE -

(2.11)

- S_TIDE - L_TIDE - SSB - IB - G_IB - hcal - uso

Table 2.3 GEOSAT Geodetic Mission Geophysical Data Records.
Parameter

Point 1

Point 2

Point 3

Point 4

Point 5

Time

7689600

7689601

7689602

7689603

7689604

latitude

-49.318810

-49.370438

-49.422050

-49.473648

-49.525230

longitude

254.413681

254.367020

254.320282

254.273438

254.226532

SSH

-12.030

-12.180

-12.020

-12.020

-12.050

MSSH

-9.480

-9.460

-9.430

-9.410

-9.390

Flag

3

3

3

3

3

WET_NCEP

-0.071

-0.071

-0.070

-0.069

-0.069

DRY_NCEP

-2.297

-2.297

-2.297

-2.297

-2.297

IONO

-0.018

-0.018

-0.018

-0.018

-0.018

O_TIDE

0.105

0.105

0.105

0.105

0.105

S_TIDE

-0.095

-0.095

-0.095

-0.095

-0.094

L_TIDE

-0.012

-0.012

-0.012

-0.012

-0.012

SSB

-0.165

-0.167

-0.164

-0.168

-0.164

IB

0.062

0.062

0.062

0.062

0.062

G_IB

-0.023

-0.023

-0.023

-0.023

-0.023

hcal

0.016

0.016

0.016

0.016

0.016

uso

0.004

0.004

0.004

0.004

0.004

CSSH

-9.536

-9.684

-9.528

-9.525

-9.560

47
In this way, the corrected SSHs from GEOSAT-GM were constructed for all areas and then
used in the numerical investigations.

2.5.3.2 ERS1 and TOPEX GDRs

The ERS1 data used for the numerical investigations come from the AVISO release of
phases E and F (geodetic mission) of the satellite. AVISO reprocessed the ERS1 data
applying new editing and validation criteria as well as new models for the geophysical and
oceanic corrections. Additionally, to reduce the radial orbit error, the ERS1 orbits have
been recomputed based on the JGM-3 field. Subsequently, the orbital errors where further
reduced by adjusting the ERS1 data with the ones from T/P in a common global crossover
adjustment. AVISO released then the data in a corrected SSH (CSSH) form including the
corrected, edited and validated ERS1 data (AVISO, 1998). For that reason we didn’t have
to correct the data for the geophysical errors, since this was already done. In Table 2.4 we
present the general format of the ERS1-GM data as extracted from the AVISO CORSSH
CD-ROMs (AVISO, 1998).
The TOPEX/POSEIDON data used in this study were derived from the third year
of the satellite’s mission and were provided to us by AVISO (1998) in the aforementioned
CORSSH format, with all the geophysical and oceanic corrections applied. We present a
sample of the data format in Table 2.5, where it can be noticed that the time of the
measurements is also included. The time is given in UTC seconds since 01/01/1950 at 0h
UTC. It is important to include the time as one of the extracted from the CORSSH
parameters, since it is needed to construct the stacked T/P datasets used in the comparisons
with the estimated geoid height solutions. TOPEX/POSEIDON is an ERM mission, thus it
provides repeated observations over the same points/tracks approximately every 10 days.
To construct the ground truth dataset for the comparisons we will stack the data to reduce
the sea surface variability present in the SSHs and thus construct a more accurate and close
to the geoid dataset. The T/P data will be used for the comparisons since their accuracy is at
the 2-5cm level, much higher than the other satellite SSHs, and provide the most accurate
ground truth dataset that we can use in marine areas to validate the new geoid solutions. Of
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course, the part of the SSV with period less than 10 days will not be removed after stacking
the data, but the T/P SSHs will still provide a relatively good measure of the accuracy of
the determined geoid models. More details on the stacking procedure, as well as the results
of stacking the T/P data, will be given in the next two sections.
Table 2.4 ERS1 Geodetic Mission Corrected Sea Surface Heights.
MEAN SEA
SURFACE
HEIGHT
(cm)

SATELLITE
PASS

LATITUDE
(µdeg)

LONGITUDE
(µdeg)

SEA SURFACE
HEIGHT
(cm)

9560
9560

61241185
61185425

174765146
174723967

3738
3699

3577
3477

9560

61018095

174601223

3089

2945

9560

60794838

174439356

2023

1898

9896

-49772031

246751690

-9140

-9116

9896

-49942718

246677018

-9236

-9280

………

……………..

……………..

……………..

……………..

………

……………..

……………..

……………..

……………..

SATELLITE
PASS

TIME
(sec)

LATITUDE
(ο )

LONGITUDE
(ο )

MEAN SEA
SURFACE
HEIGHT
(m)

SEA SURFACE
HEIGHT
(m)

Table 2.5 TOPEX/POSEIDON Corrected Sea Surface Heights.

7

1349250782.770222

31.700365

27.982120

12.081

12.024

7

1349250783.846146

31.750971

28.009754

11.788

11.764

7

1349250784.922081

31.801569

28.037423

11.668

11.580

7

1349250790.301927

32.054440

28.176297

11.119

11.085

7

1349250791.377930

32.104989

28.204179

10.965

10.964

7

1349250792.453944

32.155531

28.232096

10.837

10.831

7

1349250793.529969

32.206064

28.260050

10.724

10.692

7

1349250794.606005

32.256589

28.288040

10.598

10.562

7

1349250795.682054

32.307106

28.316066

10.421

10.432

……

……………………..

………….

…………

……………

………………
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2.5.4

Crossover adjustment and stacking

In this section, two of the most important methods for satellite altimetry data processing,
namely crossover adjustment and stacking, will be briefly discussed. In the numerical
investigations, we will use crossover adjustment in the geoid modeling process and
stacking to construct the T/P dataset used for the comparisons and validation of the final
altimetric, gravimetric and combined geoid solutions.
Crossover adjustment

Satellite altimetry data after been corrected for the instrumental, geophysical and
oceanic effects, validated for the removal of blunders and edited for the removal of any
spurious and/or incorrect measurements, are ready to be adjusted for the reduction of the
radial orbit error due to the incorrect knowledge of the true satellite orbit. The method of
adjustment usually followed is known as crossover adjustment. The method is called like
that, because of the name of the intersection point between an ascending and a descending
satellite arc known as a crossover point. There are three basic types of adjustment, the
regional crossover adjustment, the global chronological segmented crossover adjustment
and the generalized global crossover adjustment. Since our test areas are small, the regional
model for the adjustment was applied, which is also the simplest one. At this point we shall
try to explain the general structure and creation of the satellite arcs, which enables us to
perform such a kind of adjustment. Lets assume that the satellite is rotating around the
Earth in a South to North direction, thus creating an ascending arc. When the satellite
arrives at its northernmost latitude e.g. 72o for GEOSAT it will start descending following a
North to South direction thus creating a descending arc. In this way, the satellite will cover
the entire surface of the Earth and at several thousands points its ascending and descending
arcs will intersect. Each one of these points is called a crossover point. Figure 2.8 presents
the tracks of the ERS1 3-day mission on a global scale, after Rummel (1993), where the
formation of crossover points can be clearly seen.

50

Figure 2.8: Global ground track pattern (Figure from Rummel, 1993) and diamond
shaped region for crossover adjustment.

In the theoretical case that there were no perturbations in the satellite orbit and our
knowledge of it was perfect, the ascending and descending arcs at the crossover points
should be at the same level. Unfortunately, this is not the case, since the satellite orbit is
perturbed and our knowledge of it is not perfect. As a result, the satellite arcs are not at the
same level but one above or below the other (bias parameter in the adjustment) and they are
tilted with respect to each other (tilt parameter in the adjustment). The consequence is that
the observed SSH value at the crossover points is not equal for the ascending and
descending arcs, and our goal is to minimize their difference. The question that arises is on
why we decide to minimize the difference between the SSHs and not adjust the original
observations themselves. The reason for forming the SSH difference between an ascending
and a descending arc at a crossover point has to do with the minimization of the radial orbit
error itself. The crossover difference contains neither the stationary geoid nor the quasistationary sea surface topography signals. These two signals are contained in both the
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ascending and descending SSH measurements, so by forming their difference we remove it.
Thus, what remains to be minimized in the SSH difference is mainly the radial orbit error
and partly unmodeled tidal phenomena and the change of the sea surface due to the sea
surface variability or other dynamic ocean phenomena.
As mentioned before, the model of regional crossover adjustment will be
described. In general, it is advisable to select a diamond-shaped region to perform the
adjustment, because in this way all the ascending and descending arcs will be of the same
length (see shaded diamond in Figure 2.8). Lets assume that we have a diamond shaped
region with a number of ascending and descending arcs (see Figure 2.9). The diamond is
defined by two ascending arcs, 1 and 2, and two descending ones, 3 and 4, while there is
one more ascending arc denoted by i and a descending one denoted by j, which are inside
the region and intersect at point Χ. If we denote as µ the time instant that the two arcs i and

j intersect each other, then the reference time to can be selected in such a way that µ will be
zero when the arcs enter the area under study at point B. From Fig. 2.9 we can see that the
intersection time instant at point Q between the ascending arc 1 and the descending arc j
can be given by the dimensionless quantity µ1 j =

t 1 j − t 13
t 14 − t 13

. In the same way one can define

the quantities µij and µ2j, denoting the intersection times at points Χ and P between arcs i
and j and 2 and j respectively.

Figure 2.9: The shape of the crossover points for a regional crossover scheme (Figure
from Rummel, 1993).
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These are given as µ ij =

t ij − t i 3
t i 4 − t i3

and µ 2 j =

t 2 j − t 23
t 24 − t 23

. In the same way we can compute the

quantities µ representing the intersection time instants for all arcs in the area under study
and use them in the adjustment. The mean value of the quantities µαj representing all the
crossover points along arc j is considered as representative for the entire arc, and will be
denoted as µj, with which it will be used in the design matrix Α of the observation equations
of the system. Following Rummel (1993) and Knudsen (1992a) the general model for the
regional crossover adjustment scheme is

∆r = A + B sin µ + C cos µ

(2.11)

which represents the general formulation of the global model. For small arcs (<2000km)
Eq. 2.11 can be simplified and reduced to (for sinµ ≈ µ and cosµ ≈ 1)
∆r = A + Bµ

(2.12)

Equation 2.12 represents the regional crossover adjustment model for the minimization of
the radial orbit error with one bias (A) and one tilt parameter (B). For very small arcs the
bias parameter is enough and Eq. 2.12 reduces to the equality

∆r = A

(2.13)

The observation equation for the case of regional crossover adjustment with a bias
and a tilt parameter will then be

∆h ij = ∆ri (µ i ) − ∆r j (µ j ) + εˆ ⇒ ∆h ij = (A i + B i µ i ) − (A j + B jµ j ) + εˆ

(2.14)

where Αi, Bi and Αj, Bj represent the bias and tilt parameters for the arcs i and j respectively,
that form a crossover point. The regional crossover adjustment model follows the general
adjustment model of observation equations which is
y = Ax + v

(2.15)

where y denotes the vector of the observed SSH differences at the crossover points, Α is the
design matrix of the normal equations system, x is the vector of the unknowns, v is the
vector of the residuals. The solution of system 2.15, according to the criterion of least
squares v T Pv = min is
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(

x̂ = A T PA

)

−1

A T Pb ⇒ x̂ = N

−1

u

(2.16)

where P is the weight matrix of the observations, N is the normal equations matrix and b is
the misclosure vector. In the case of a bias and tilt parameter model and observing the
design matrix A it is evident that its rank is smaller than the unknown quantities. It has been
proven by Schrama (1989) that in a regional crossover adjustment model with ρ unknown
parameters the rank deficiency is ρ2. To overcome this rank deficiency we should apply
some constraints to the system. This can be done by holding constant the parameters of ρ
arcs, thus practically by removing the ρ parameters and the respective columns of the
design matrix that correspond to the selected arcs. The selection of the satellite arcs that
will be held constant and whose parameters will be removed from the system are selected
according to their accuracy and completeness of measurements. For the case of the bias and
tilt model two arcs should be selected. Thus, arcs representative for the area under study in
the sense that they are central, with many points, long and complete (with no gaps) should
be selected. Additionally, the two arcs should be parallel to each other meaning that they
should not overlap or intersect. When a-priori information on the accuracy of the arc
determination is available this should also be taken into consideration (Rummel, 1993;
Schrama, 1989). The described model of regional crossover adjustment with one bias and
one tilt parameters will be used to minimize the radial orbit error of altimetry data in the
processing of the ERS1 and GEOSAT SSHs. What should be mentioned though is that both
datasets come from releases with recomputed and improved orbits and the ERS1 data have
been already globally crossover adjusted by AVISO. Thus, a considerable improvement of
the statistics of the data after the adjustment is not expected. Nevertheless, the adjustment is
expected to provide better residuals in terms of the minimization of the sea surface
variability effects. For more information on the presented and the other crossover
adjustment models Balmino (1993), Barzaghi et al. (1991a, b), Denker (1990), Rummel
(1993), Scharroo and Visser (1998) and Schrama (1989) should be consulted.
Stacking

The method of stacking is part of the collinear analysis of satellite altimetry data,
aiming at the computation of mean sea surface height values along collinear tracks. It can
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be applied only for exact repeat mission data, which provide repeat observations along
collinear tracks. The geodetic missions do not provide repeated observations, thus stacking
cannot be applied. Since for each measured satellite point the geoid height is stationary the
mean heights after stacking will contain the geoid signal but all time-varying signals and
errors will be reduced (Knudsen, 1992a). In this way, if MSSHs are determined along a
satellite track, this will increase the accuracy and reduce the number of observations. But,
the QSST signal, which is included in all measurements as well as correlated parts of the
time varying signal will remain. This is the case for instance with the sea surface variability
which may still remain in the signal after stacking, especially if its period is smaller than
the ERM period. For T/P the period of repetition of the tracks is ten days, which means that
time-varying signals with period less than that will be included in all collinear
measurements and not removed after the MSSH values have been computed. Additionally,
the orbit error due to errors in the geopotential model will still remain, since it is the same
for each track. In this study we will stack T/P SSHs, which have their orbit determined with
an accuracy of 2-4cm, so that part of the error can be considered as not significant. On the
other hand for the area in Newfoundland, which is in a purely oceanic region, the SSV may
play a role since it will not be totally removed from the stacked T/P data.
If we try to analyze the observations of an ERM mission, we would see that the
satellite does not pass over the exact same ground points, since it deviates within ±1-2km,
and thus does not measure the exact same points at each of the passes. This is due to its
orbit fluctuations and the sea state, which changes on a continuous basis (existence of
waves etc.). Thus, the goal of the collinear analysis of altimetry data is the derivation of a
data series through a mean value process. This derivation of MSSHs along collinear tracks
for a certain time period is called stacking and follows the next steps (Knudsen, 1992a):
A reference time is determined for each of the collinear satellite tracks in a
way that observations with the same relative times will be within the same
geographical region. Of course this is feasible within the accuracy limitations
of the orbits.
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Sea surface heights and geographical coordinates for the same relative time
periods are determined with interpolation.
The collinear tracks are stacked (merged) in an adjustment processes, with
which the SSH differences between the different tracks are minimized by
estimating a sine and a cosine term for each of the tracks.
Mean sea surface height values and geographical coordinates are computed for
each sub-satellite point of the collinear tracks.
From the four aforementioned stages of stacking, the most important is the third one, since
the tracks are merged to remove the main differences between SSHs from individual arcs.
This is vital, since the coverage offered by each track may be different, and a computation
of MSSHs may be affected by individual track biases and trends (Knudsen, 1992a).
Stacking ERM data results in MSSH values for the time period of the data and the study.
But, the so derived MSSHs do not contain information about the variations/changes of the
MSS, thus they cannot be used to study sea level change. Nevertheless, they contain the
stationary geoid and QSST signals and can be used in gravity field modeling. The main
disadvantage of ERM data is their big cross-track spacing (approximately 100km for the
35-day ERS1 ERM mission and 320km for T/P), which makes their sole use in geoid
studies impractical due to the final geoid resolution. On the other hand, in multi-satellite
geoid estimations they play a vital role since they provide additional information/data for
the SSHs. Finally, it should be mentioned that their repeated observations make ERM data
a very good data source for oceanographic studies. For more information on stacking
Knudsen (1992a) and Rummel (1993) should be consulted.

2.5.5

Stacking of TOPEX/POSEIDON data

As previously mentioned, for each of the areas under study we will use data from the 3rd
year of TOPEX/PSEIDON mission as a ground truth dataset to validate the estimated
altimetric, gravimetric and combined geoid solutions. We will use two test areas for the
reasons indicated in section 1.2 and we will describe them in more detail in paragraph 3.8.
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Here we just mention that the first of them is located in the Mediterranean Sea near the isle
of Gavdos, Southwest of the island of Crete, Greece bounded between 33o ≤ φ ≤ 35o and
15o ≤ λ ≤ 25o. The second area where the gravity field modeling numerical investigations
will be carried out, is located offshore the island of Newfoundland, Canada, close to the
Newfoundland Grand Banks bounded between 40o ≤ φ ≤ 40o and 310o ≤ λ ≤ 320o. For these
two areas we extracted T/P data for the 3rd year of the mission from the AVISO CORSSH
CDs (AVISO, 1998). The T/P data period of observation was from October 16, 1994 to
October 8, 1995 and was especially selected since it offers a common observation period
with the ERS1 geodetic mission data (April 10, 1994 to March 21, 1995). Since the area in
the Mediterranean Sea was small, we performed the stacking of the T/P data for a larger
region, 30o ≤ φ ≤ 48o and 0o ≤ λ ≤ 40o, to derive representative outcomes.
Figure 2.10 depicts the T/P satellite tracks for the Mediterranean Sea and Figure
2.11 the satellite tracks for the area under study. Table 2.6 presents the statistics of the 3rd
year T/P data for the entire Mediterranean Sea and for the test area before stacking. To
perform the stacking the Fortran program astac.f, included in the Gravsoft (Tscherning et
al., 1992) software gallery, was used. The results of the stacked T/P SSHs for the entire
Mediterranean Sea as well as for the study area are presented in Table 2.7.

Figure 2.10: TOPEX/POSEIDON tracks in the entire Mediterranean Sea.
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Figure 2.11: TOPEX/POSEIDON tracks in Gavdos.

Table 2.6 Statistics of TOPEX/POSEIDON SSHs for the entire Mediterranean Sea and the
Gavdos area. Unit: [m]
AREA

NUMBER OF
POINTS

max

min

mean

rms

std

MED

114912

50.419

0.610

30.162

32.852

13.020

GAVDOS

9975

34.875

8.683

23.773

24.948

7.567

Table 2.7 Statistics of stacked TOPEX/POSEIDON SSHs for the entire Mediterranean Sea
and the Gavdos area. Unit: [m]
AREA

NUMBER OF
POINTS

max

min

mean

rms

std

MED

2916

50.323

1.307

30.003

32.691

12.983

GAVDOS

553

34.467

7.684

24.211

25.546

8.150

The stacked data for the area in Gavdos, presented in the second row of Table 2.7, will be
those used for the validation of the estimated geoid models. From Figures 2.10 and 2.11 the
main disadvantage of T/P data can be seen i.e. the big cross-track spacing between
neighboring satellite tracks. Following the same procedure for the area in Newfoundland
we present in Table 2.8 the statistics of the T/P data before and after the stacking, while in
Figure 2.12 the satellite ground track pattern is presented. Since this area was big enough
we did not need to do the adjustment in a bigger one as in the Gavdos case.
As mentioned before, the two datasets of stacked 3rd year T/P SSHs will be used
for the validation of the estimated geoid solutions in both areas, since due to their accurate
nature they can provide an indication of the accuracy of the determined models.
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Table 2.8 Statistics of TOPEX/POSEIDON SSHs, before and after stacking, for the
Newfoundland area. Unit: [m]
AREA

NUMBER OF
POINTS

max

min

mean

rms

std

before

50496

44.879

4.802

27.423

28.724

8.520

after

1438

44.327

5.223

27.340

28.634

8.526

Figure 2.12: TOPEX/POSEIDON tracks in Newfoundland.

2.6

Summary

In this chapter, an overview of the method of satellite altimetry was presented, starting with
the past, current and forthcoming altimetric missions. The importance of the method for
geodesy was stressed and its potential has been outlined. A brief description of the main
error sources contaminating the altimetric measurements was given, and the pre-processing
steps of collection, availability, correction and validation of the data have been discussed.
The method of regional crossover adjustment with a bias and a tilt parameter has been
discussed in greater length than the modeling of the other error sources, due to its
significance in the processing of altimetry data and since it has been used in the present
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study. The chapter concluded with the description of the collinear method of stacking and
its application to the analysis of TOPEX/POSEIDON data to be used for the validation of
the estimated geoid models in the conducted numerical studies. In conclusion, this chapter
described the main pre-processing step of the altimetry data to be used in the gravity field
modeling applications of satellite altimetry that follow.
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CHAPTER THREE

THEORETICAL BACKGROUND

3.1

Introduction

This chapter presents the theoretical background on which the numerical investigations are
based. In the first paragraph a method to estimate bathymetry from gravity data is described
and procedures for the determination of sea surface topography models are discussed. Then
the proposed geoid determination and gravity field modelling methods are analysed and
finally the quasi-stationary sea surface topography and geostrophic flow estimation
procedures are given. The chapter concludes with a description of the test areas and the data
used in this study.

3.2

Bathymetry estimation method

The ocean bottom is a surface below the ocean water layer and the proper modelling of its
topography can provide valuable information for a wide spectrum of sciences such as
geodesy, physical oceanography, marine biology and geophysics. Bathymetry influences
the direction of the ocean currents, marine life, and the atmosphere in a fashion that its
estimation is vital. This is evident since the bottom ocean topography determines the
direction of the ocean currents and produces a response in the gravity field, thus affecting
both the observations and the outputs of the aforementioned sciences. A proper
parametrization of the subsurface, requires knowledge about the statistical characteristics of
the geophysical parameters taken into account to determine a correct solution (Knudsen,
1993a). The effect of the ocean bathymetry on various quantities related to the gravity field
(e.g., gravity anomalies, geoid heights, deflections of the vertical, etc.) is of great
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importance for a large number of oceanographic and geodetic applications. In geodesy,
Digital Depth Models (DDMs), in analogy to Digital Terrain Models (DTMs) on land, are
used during a remove-restore procedure to smooth gravity field quantities. This is achieved
through various reduction methods such as the topographic reduction, the residual terrain
modeling (RTM) reduction, and the isostatic reduction, proposed and used during the last
twenty years in geodesy (Forsberg, 1984a). In gravity field modeling, bathymetry is
combined with sea data (gravity anomalies, altimetry SSHs) and a global geopotential
solution in a remove-compute-restore procedure aiming at best estimating the gravity field.
The primary use of the depths lies in smoothing the data so that a subsequent gravity
anomaly, geoid height or deflection of the vertical prediction can be carried out. According
to Forsberg (1984a), when high-quality depths are available, then the smoothing of the data
can reach the 50% level. The common practice in marine gravity field modeling is to use an
RTM reduction to take into account the attraction of the bathymetry, and this method
consists of using a model of the bathymetry equal to the actual ocean topography
referenced to a mean, smooth but varying surface constructed by averaging a number of
blocks which compose the available DDM (Forsberg, 1984a).
The described use of DDMs in gravity field modeling has often given
disappointing results, mainly due to the use of low quality bathymetry data from global
DTMs such as the 5′ ETOPO5U (Arabelos, 1997). As an example, Arabelos and Tziavos
(1994a) found that ETOPO5U contains a 5′ longitudinal shift and erroneous data when
compared with local DTMs, which are characterised by higher resolution and accuracy.
When that model was used in gravity field modelling to account for the effect of the
bathymetric masses, it gave disappointing results, since it didn’t manage to provide
smoother results (Arabelos and Tziavos, 1998). Contrary to that, the high-accuracy and
high-resolution satellite altimetry data offer a great alternative for a better estimation of the
bathymetry. It should be mentioned though, that this “improved” estimation can be viewed
only in terms of an improved gravimetric response of the bottom ocean topography and the
smoothing that the inverted-from-altimetry DDMs offer to gravity field quantities during a
remove-restore procedure (Tscherning et al., 1994). This is so because the bathymetry
estimated from altimetry-derived gravity data is band-limited to wavelengths between
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10km and 120km (Sandwell and Smith, 2001). The lower bound is induced by the crosstrack resolution of the altimetry missions, which for the mapping phases of the satellites
vary between 4km (GEOSAT) to 8km (ERS1). With that resolution we could resolve
wavelengths as low as approximately 4km (Nyquist frequency), but the problem that arises
is that the altimetry signal at these short wavelengths is mostly dominated by noise. Thus, it
cannot represent and distinguish the signature of closely spaced bathymetric structures. The
aforementioned upper bound is induced by the singularity of the gravity-to-topography
transfer function due to upward continuation (from the oceanic seafloor to the sea surface),
isostatic compensation and sedimentation burial of bathymetric structures. The problem of
upward continuation is especially evident with low seamounts, whose difference in height
from a mean depth is attenuated when depicted in the gravity field at sea level. The isostatic
compensation is especially evident with long-wavelength bathymetric features such as
basins, which are not depicted in the gravity field. The latter limitation of gravity-derived
bathymetry can be overcome if ship depth soundings are used. Using this information we
can account for the isostasy in the area under study and thus constrain the gravity solution.
On the other hand, the former limitation can be resolved if multibeam bathymetry is used,
but its expensive and time-consuming nature makes its use problematic.
There have been numerous studies using altimetry data to estimate the ocean
topography, at the beginning along altimetric profiles (Dixon et al., 1983) and then as a
two-dimensional plain (Arabelos and Tziavos, 1998; Hwang, 1999; Smith and Sandwell,
1994; Sramek, 1992). Some of them employ prediction in the frequency domain and others
in the space domain. A good review of some of these methods is given in Calmant and
Baudry (1996).
The method used in this study, later on called bathymetry estimation method and
developed in the space domain, has been proposed by Knudsen (1993a) and is based on the
well-known Parker formula (Parker, 1972) for the relationship between gravity and
bathymetry. Arabelos and Tziavos (1998), Knudsen and Andersen (1996) and Tscherning
et al. (1994) have recently used the method with promising results, but in all cases
shipborne gravimetry has been used. In our studies, the full advantage of satellite altimetry
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will be exploited by estimating depths using multi-satellite altimetry-derived gravity
anomalies (see section 3.4). With this method, the bottom ocean topography can be
improved when high-quality marine gravity anomalies and a-priori statistical characteristics
from available bathymetry models are available. The main assumption of the method is of
an Earth consisting of two or more layers (one or more interfaces) with each of the
interfaces contributing to the gravity anomaly field. In this way the Earth is viewed as a
sphere composing of concentric layers with the gravity field been generated by the
interfaces separating them. Under this assumption, we can compute cross-covariance
functions between heterogeneous quantities (SSHs/geoid, gravity/depths) and approximate
more precisely the gravity field (Barzaghi et al., 1992; Knudsen, 1993a). The more precise
approximation of the gravity field is viewed in terms of the use of least squares collocation
as the method to provide the improved depth estimates from gravity. We decided to use this
stochastic approach in determining the bathymetry, rather than a deterministic one derived
from a geophysical point of view, since LSC has been proved to give the best estimates as
far as gravity field approximation is concerned. This outlines the main goal of the
bathymetry estimation, which is to develop models that will provide smoother SSH and/or
gravity residuals in gravity field determination, but may not necessarily represent better
estimates of the bathymetry itself. Our goal is gravity field determination and the use of
bathymetry is an additional tool towards that. For the estimation of bathymetry, an iterative
least-squares collocation (LSC) procedure is used, during which corrected depths are
computed until the gravimetric response of the estimated bathymetry model gives
sufficiently small (e.g., below the noise level of the observations) differences when
compared with the observed gravity field.
To achieve a better estimation of the bottom topography, we use multi-satellite
altimetry-derived marine gravity anomalies and a-priori statistical characteristics of DDMs.
When gravity data are used and the density contrasts are considered as being constant in
each interface, then depths to these interfaces can be estimated (Barzaghi et al., 1992;
Knudsen, 1993a). To describe the structure of the Earth in our study two models have been
used. First, a two-layer model is assumed, with the first layer representing the seawater and
the second Earth’s upper lithosphere. In this case, the interface separating them is the ocean
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bathymetry. Then, a three-layer model is adopted, with the third layer representing Earth’s
upper mantle and the second interface being the crust-mantle boundary. In this case the
interface represents the isostatic compensation of the bottom ocean topography (Moho
depths). The method is very useful to fill-in bathymetry gaps, where sparse depth soundings
are available and/or improve the bathymetry information in places where shipboard depths
have several errors.
To describe the depths to an interface, continuous base functions in terms of the
inverse Fourier transform of the depth function h(x,y) are used (see Schwarz et al., 1990;
Sideris, 1984; Tziavos, 1994). A 3-dimensional parametrization of the subsurface is
described, so that the interpretations can be performed in a plane and not along profiles
only. The depths to an interface can be expressed by the following equation in planar
approximation
∞

h ( x , y) =

∞

∫ ∫ H ( u , v )e

2 πi ( ux + vy )

dudv

(3.1)

−∞ −∞

where h(x,y) is the function describing the depths to an interface and H(u,v) is its Fourier
transform i.e.

H(u , v) = F (h ( x , y)) = ∫

∞

∫

∞

−∞ −∞

h ( x , y)e − 2 πi ( ux + vy) dxdy

(3.2)

According to Knudsen (1993a), such an expression, where the depth to an interface is a
function of the coordinates (x,y), cannot be used to describe more complex 3-dimensional
structures such as mushroom shaped salt domes. But the utilization of the Fourier transform
of the depth function h(x,y) provides properties for the depth auto-covariance (CV)
function. If we want to calculate gravimetric responses from an interface within the Earth,
this usually fails to be carried out with closed expressions, thus other methods like Parker’s
series expansion and numerical integration techniques (prism or ring integrations) are used
(Knudsen, 1993a; Parker, 1972). As mentioned before, the described bathymetry estimation
method is based on Parker’s series expansion of the bathymetry to gravity transfer function.
We will now derive Parker’s formula, so following Parker (1972) and Schwarz et al.
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(1990), lets assume that we have a gravity anomaly ∆g situated on a point (x′, y′, z′=0) at
the surface of the earth (sea surface), due to a depth variation of an interface, h<0, relative
to a depth ho<0 (mean depth of the interface), associated with a density anomaly ρ (see
Figure 3.1). The relationship between the gravity anomaly, the depth variation and the
density anomaly is
∞ ∞ h

∆g = − G ∫

∫ ∫ρ

− ∞− ∞h o

z

[(x − x ′)

]

3
2 2

+ (y − y ′) + (z − z ′)

2

2

dzdx ′dy ′

(3.3)

where G is the gravitational constant, G=6.672×10-8 cm3/gs2, ρ is the density of the
interface and (x,y,z) are the cartesian coordinates of the depth variation point.

Figure 3.1: The gravimetric response of an interface (Figure from Knudsen, 1993a).
Taking the Fourier transform of Eq. 3.3, we have

F {∆g} =

∞ ∞

∫ ∫ ∆ge

− 2 πi ( ux + vy )

dxdy =
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∞ ∞ ∞ ∞ h
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(3.4)
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If we substitute s=x-x′ and t=y-y′, then Eq. 3.4 becomes
∞ ∞ h

F {∆g} = G ∫

∞ ∞

∫ ∫ρ ∫ ∫

− ∞− ∞h o
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+t +z
2

]

3
2 2

e −2 πi ( us + vt ) dsdte −2 πi ( ux′+ vy′) dzdx ′dy′

(3.5)

The right hand side of equation 3.5 has the form of a Fourier transform (FT) and following
Bracewell (1986) the FT of the reciprocal distance function is
r ( x , y) =

1

(x

2

+y +z
2

)

3
2 2

FT
→

R ( u , v) =

2π − 2 πqz
e
z

(3.6)

where q = u 2 + v 2 is the radial frequency. So, taking into account Eq. 3.6 and the
reversal property of FT, we have from 3.5
∞ ∞ h

F {∆g} = 2πG ∫
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dzdx ′dy′
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The above equation is not yet a Fourier transform, but upon expansion of the first
exponential function, e2πqz, in a Taylor series around the mean depth ho we have
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and Eq. 3.7 taking into account Eq. 3.8 yields
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h

where we have taken advantage of the formation of the FT of the function ∫ ρ( z − ho ) dz .
n

ho

From equation 3.9 and if we assume that the density contrast of the interface is constant,
then we can take the density parameter ρ out of the integration and the Fourier transform,
and arrive at Parker’s formula:
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In Eq. 3.10 the non-linear dependency of the gravity on the depths to an interface is
expanded into powers of ∆h=(h-ho). The main gain of the above expression is that the
Fourier transform is used and the computations are time-efficient (Knudsen, 1993a). To
obtain the linear part of 3.10 we ignore terms of order greater than n=1. So
∆g = L ∆g (∆h ) = 2πGρF

-1

{e

2 πqh o

}

F {∆h}

(3.11)

In Eq. 3.11 we substituted ∆h=h-ho. Thus, in the linearized case the gravity anomalies are
obtained from the depth variations by scaling by 2πG=0.0419

mGal
and the selected
gr
m
cm 3

density contrast ρ, and an upward continuation, which in the frequency domain is simply
represented by a multiplication. In the above expressions, an assumption of constant density
of the interface was made. If we want to take into account horizontal variations in the
density distribution, then the density should be retained as an argument in the Fourier
transform. In this case, the gravity response of a depth variation to an interface with varying
density is given by

∆g = L ∆g (ρ∆h ) = 2πGF

-1

{e

2 πqh o

}

F {ρ∆h}

(3.12)
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where ρ∆h is the mass anomaly condensed at a depth ho (Parker, 1972). For a more detailed
derivation of Parker’s formula, Parker (1972) should be consulted.
The depth-to-gravity response model described in Eqs. 3.10 and 3.11 can be
regarded as a simple one since it involves only one parameter (the depths). Nevertheless, in
the geophysical literature there are two- and three-layer models, which account for more
parameters, like the flexural rigidity of the lithosphere, the plate stiffness and the flexural
length (Calmant and Baudry 1996). A more complex approach (Calmant 1994) introduces
three interfaces, i.e., the ocean bottom, Moho depths and a third one representing the elastic
deflection of the lithosphere under the weight of an overlaying structure. The purpose of
our study is not to investigate and define the most appropriate admittance function, but
rather to use a simple representation of it to validate the proposed method.
Having determined the gravimetric response of a depth variation to an interface we
can proceed to the inversion of gravity data for depth estimation. One consideration is that
gravimetric inversion results are often ambiguous, because different depth variations can
generate the same signature in the gravity field. The gravimetric response is in general a
function of the density distribution or density variation ρ that we will assume for the
interface and of the size of the underwater structure that may cause that response. The same
gravimetric response will be generated by a sea mountain small in size but close to the sea
surface and by another sea mountain further from the sea surface but bigger in size.
Additionally, sediments raining down onto the seafloor preferentially fill bathymetric lows
and can eventually completely bury the pre-existing basement topography. This fact adds a
spatially dependent and non-linear aspect to the gravity to topography transfer function
(Sandwell and Smith, 2001). Finally, other problems in the gravimetric inversion, are
instabilities that occur when the correlations between the model parameters are not taken
into account in a detailed model (Knudsen, 1993a). We will take into account all these
problems by using for the inversion the least squares collocation (LSC) method. This
method makes full use of the statistical parameters and the correlations between the model
parameters. The general outline of the method is that observed gravity anomalies are
combined with a priori statistical characteristics (mean value, std, correlation length) of the
given depths via an iterative collocation procedure. Additionally, instead of using only
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gravity as the input to LSC we can use depths as well. This is one of the main advantages of
LSC over spectral methods, since the data combination in LSC is easy and only the crosscovariance functions should be utilized, while it is rather difficult to combine data with FT
techniques. The case of using depths as observations, can be visualized when we have an
existing bathymetry model and new depth data (e.g. from echo soundings) become
available. This is the classical case when we want to update our model and new information
becomes available. The use of depths on the other hand can also resolve some of the
inherent problems of predicting bathymetry from gravity only, such as isostatic
compensation, singularity of the transfer function etc.
The covariance (CV) function associated with the depths is derived from their
spectrum and an azimuthal averaging as follows (Schwarz et al., 1990; Tziavos, 1994):
∞

C ∆h∆h (s) = 2π ∫ Φ (q ) J 0 (2πqs)qdq

(3.13)

0

where Φ(q) is the isotropic power spectrum of ∆h, ∆h=h-ho, ho is the mean depth, and Jo is
the zero-order Bessel function. In order to utilize the inverse Fourier transform of the depth
function as the base function, we need isotropic CV and power spectral density (PSD)
functions (Knudsen 1993). But the PSD function

Φ(u, v ) = F {∆h(x, y)}F {∆h(x, y)}

*

(3.14)

where F is the Fourier transform symbol, is not isotropic (a function of the radial frequency
q = u 2 + v 2 only). Thus, we use the following azimuthal averaging, to get an isotropic
PSD function
2π

Φ (q ) =

1
Φ ( u , v ) dα
2π ∫0

(3.15)

where u=qcosα, v=qsinα, and α is the azimuth. The available observed gravity anomalies
are combined with a-priori statistical characteristics from a global or local DDM in an
iterative LSC procedure. These a-priori characteristics of the depths are needed since we do
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not know the power spectrum Φ(q) of the depths. In addition, the iterations are necessary to
overcome the non-linearity between gravity and depths. We obtain the auto- and crosscovariance functions of the gravity and depths from Eqs. 3.11 and 3.13 as
∞

C∆g∆g (s) = (2π) (Gρ) ∫ e 4 πqh o Φ (q) J 0 (2πqs)qdq
3

2

(3.16)

0

and
∞

C ∆h∆g (s) = (2π) Gρ ∫ e 2 πqh o Φ (q ) J 0 (2πqs)qdq
2

0

(3.17)

In this way, and employing some a-priori information (mean, standard deviation σ,
correlation length ξ) of the depths we can compute the model covariance function of the
gravimetric response of the bathymetry with these statistical characteristics. Additionally,
we can estimate the empirical CV function of the observed gravity data, which will be used
as input to the LSC. Thus, this a-priori spectrum is tuned up so that Eqs. 3.13, 3.16, and
3.17 will agree with the empirical CV function of the observed data. Other model CV
functions can be used and tested as well (see Barzaghi et al., 1992) but, as it will be
presented in the numerical investigations, the described one gave a very good agreement
with the empirical CV function estimated from the observed data, thus we decided to use
this approximation. If the model and empirical CV functions agree well, then we iteratively
estimate “corrected” depths and compare their gravimetric response with the observed
gravity anomaly field. In the kth iteration, the “corrected” depths are estimated by the
residual gravity observations ∆gk obtained from the (k-1)th iteration using the collocation
formula (Moritz 1980)
∆h k = C ∆h∆g (C ∆g∆g + D) ∆g k
−1

(3.18)

where C∆h∆g is the cross-covariance matrix between the depths and observed gravity, C∆g∆g
is the auto-covariance matrix of the observed gravity data, D is the diagonal matrix of the
noise of the observations, and ∆gk is the vector of the observed gravity anomalies. Eq. 3.18
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corresponds to the use of only gravity data as observations. If we have available depths,
these can be easily taken into account as
∆h k = C ∆h (C y + D) ∆y k
−1

(3.19)

where C∆h is the cross-covariance matrix between the depths and observed gravity and
depths, Cy is the cross-covariance matrix of the observed gravity and depth data, D is the
diagonal matrix of the noise of the observations, and ∆yk is the vector of the observed
gravity anomalies and depths. Since we want to estimate a bathymetry model whose
gravimetric response will agree well with the observed gravity data, we again fit the model
CV function of the depths to the empirical CV function of the gravity and not that of the
depths. This means that the variance of the model CV function may not agree well with the
variance of the empirical CV function of the depths, but what we are mainly seeking is a
good gravimetric rather than depth agreement. In this sense the best estimation of the
bottom ocean topography is achieved when the differences between the observed gravity
data and the gravimetric response of the estimated bathymetry are small. This statement
about the smallness of the residuals can be interpreted in many ways and be arbitrary. We
think that a safe measure is the noise level of the input gravity data, so that, when the σ of
the differences is below that level, we stop the iterations. In our numerical tests the
observed gravity will come from the KMS99 field (Andersen and Knudsen, 1998) derived
from Geodetic Mission (GM) satellite altimetry. The accuracy of that field, as implied by
comparisons with shipborne gravity data, is at the 8-10 mGal, thus an agreement between
the observed gravity data and the gravimetric response of the estimated bathymetry below
that level will be regarded as satisfactory.
We should note here that the covariances as determined from 3.13, 3.16 and 3.17
are still associated with the depths linearized around ho (which is taken to be the mean
depth of the model DDM used to derive the a-priori information). In the numerical
integration case, the derivatives are calculated at the solution point hk-1, but this cannot be
done here, because it will destroy the properties about the covariance function, such as
isotropy and homogeneity. On the other hand, the big advantage in linearizing the
covariances around the same depth ho is that the matrices of equations 3.18 and 3.19 are the
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same in each iteration, thus speeding the computational time (Knudsen, 1993). In each case,
the gravimetric response of the estimated depth model is calculated after each iteration
from the adjusted model using Parker’s formula 3.10.
If the Earth is described by more than two layers, i.e. more than one interfaces,
then each of the interfaces separating the layers contribute to the gravity anomaly field
(Tscherning, 1976)
N

∆g = ∑ ∆g l

(3.20)

l =1

where l represents each one of the N interfaces. The contribution ∆gl of the l interface is
computed from the height variations of that interface using Eq. 3.10, i.e.
F {∆g l } = 2πGρe

2 πqh o l

∞

∑

(2πq )n −1 F
n!

n =1

{(h − h ) }
n

ol

(3.21)

where hol is the mean depth of the lth interface as determined from the a-priori information.
The linearized form of Parker’s formula will now be

∆g l = L ∆g l (∆h l ) = 2πGρF

-1

{e

2 πqh o l

}

F {∆h l }

(3.22)

where ∆hl=hl- hol . The auto- and cross-covariance functions for each of the interfaces are
expressed again using 3.13, 3.16, 3.17 modified as
∞

C ∆h l ∆h l (s) = 2π ∫ Φ l (q ) J 0 (2πqs)qdq

(3.23)

0

where Φl(q) is the isotropic power spectrum of ∆hl, ∆h=hl- hol the depths of the lth interface
and
C ∆g l ∆g l (s) = (2π) (Gρ)
3

2

∞

∫e
0

4 πqh o l

Φ l (q ) J 0 (2πqs)qdq

(3.24)

74
the auto-covariance function of the gravity data and
∞

C ∆h l ∆g l (s) = (2π ) Gρ∫ e
2

2 πqh o l

Φ l (q ) J 0 (2πqs)qdq

(3.25)

0

the cross-covariance of the gravity and depths of the lth interface. Finally, the crosscovariance functions of depths to different interfaces are expressed using the same
expression as 3.23 modified as
∞

C ∆h l ∆h i (s) = 2π∫ Φ li (q ) J 0 (2πqs)qdq

(3.26)

0

where Φli(q) is the isotropic auto-spectral density function of ∆hli derived as in Eqs. 3.14
and 3.15.
Employing the iterative LSC method and the formulas described in this section,
we will estimate new bathymetry models using two- and three-layer models to approximate
the structure of the Earth using only altimetry-derived gravity information. Additionally,
combined solutions using both gravity and depths, will be developed and all solutions will
be validated in terms of the smoothing they provide to gravity field related quantities and
their differences with depth soundings. For the estimation of the bathymetry, we used the
program geocol originally developed by Knudsen (1993a), and slightly modified to
accommodate the size and format of our data.

3.3

Geoid determination

In modern geodetic theory for gravity field approximation, Stokes’s classical boundary
value problem of physical geodesy is transferred from the space to the frequency domain.
Gravity field approximation in recent years is performed with a great number of
heterogeneous data. These data may come from terrestrial, satellite and airborne methods.
The terrestrial data consist of land and shipborne gravity measurements, density
observations and heights of the Earth’s terrain (usually a digital terrain model). The satellite
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data refer to direct measurements of the satellite orbits, altimetric measurements of the sea
surface height and finally from direct measurements of the gravity field (CHAMP, GOCE
and GRACE). Finally, the airborne data refer to the airborne measurements of gravimetry
and gradiometry. With this abundance of data, gravity field approximation is nowadays
performed in the frequency domain to speed up the calculations (Andritsanos, 2000).
Spectral methods provide a time-efficient manner of handling large datasets and identical
results to numerical integration (Knudsen, 1993b; Tziavos et al., 1997; Tziavos, Sideris and
Forsberg, 1998). The decomposition of the gravity signal in its main frequencies is related
to the dominant method used in all geoid estimation studies during the last years, known as
the remove-compute-restore technique. This method refers to the separation of the high and
low frequencies of a signal, so that a smooth and more homogeneous data series remains
(Tscherning, 1997). For the complete representation of the gravity field spectrum the
remove-restore method is used, during which the small and high frequencies of the gravity
field signal are first removed from the available altimetry SSHs or gravity anomalies (∆g).
Then the estimation of residual geoid heights is carried out and the contribution of the
geopotential model and the topography/bathymetry are restored. Thus, the expression for
the determination of an altimetric or gravimetric geoid can be written as
N = NGM + NSSH res + Nh

(3.27)

N = NGM + N∆g res + Nh

(3.28)

where NGM represents the contribution of the geopotential model (low frequencies), N∆g res
represents the contribution of the reduced local gravity anomalies (medium frequencies),

NSSH

res

represents the contribution of the reduced local altimetric SSHs (medium

frequencies) and Nh represents the contribution of the topography or bathymetry (high
frequencies).
The low frequencies of the gravity field spectrum are determined from a global
gravity field model (geopotential model). The contribution of the model in various
quantities related to the gravity field are determined from computed coefficients in the form
of a spherical harmonic expansion of the Earth’s disturbing potential. For geoid heights and
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gravity anomalies and in spherical approximation it is given as (Heiskanen and Moritz,
1967)
n max n

*
N(R , θ, λ ) = R  ∑ ∑ C nm
cos mλ + Snm sin mλ Pnm (cos θ)
 n = 2 m =0


(3.29)

n
 n max

*
cos mλ + Snm sin mλ Pnm (cos θ)
∆g (R , θ, λ ) = G  ∑ (n − 1)∑ C nm
m =0
 n =2


(3.30)

(

)

(

)

where N(R,θ,λ) and ∆g(R,θ,λ) is the contribution of the geopotential model coefficients to
geoid heights and gravity anomalies, R is Earth’s mean radius (R ≈ 6378137 m), G is the
mean value of normal gravity on the surface of the ellipsoid, θ (= 90o - φ) and λ are the
polar coordinates of the point where the model’s contribution is determined, nmax is the
maximum degree of expansion of the geopotential model i.e. 360 for EGM96 (Lemoine et
al., 1998) and 1800 for GPM98b (Wenzel, 1999), Pnm (cos θ) are the fully normalized
*
associated Legendre functions and C nm
, Snm are the fully normalized harmonic

coefficients of the disturbing potential. These coefficients have been determined after
analysing data covering the entire Earth. The geopotential models can be distinguished in
satellite-only models, e.g. JGM-3 (Tapley et al., 1996), where only satellite data have been
used for their development, and combined solutions, e.g. GPM98b (Wenzel, 1999), where
satellite and terrestrial data are combined (Pavlis, 1997). In most recent gravity field studies
the Earth Gravity Model 1996 (EGM96), developed with the cooperation of NASA-GSFC
(Goddard Space Flight Centre) with the National Imagery and Mapping Agency (NIMA),
has been used (Lemoine et al., 1998). The model’s coefficients have been computed to
degree and order 360, which means that it has a spatial resolution of 30′.
Part of the high and ultra-high frequencies of the gravity field spectrum are
determined after taking into account the information for the topography in the area under
study. This information comes from available high-resolution Digital Terrain Models
(DTMs) on land or equivalently from Digital Depth Models (DDMs) in marine
applications. Some of the available DTMs are the 5′ ETOPO5U (ETOPO5U, 2001), the 30″
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GLOBE, which is a refinement of ETOPO5U, and the 5′ JGP95E (Lemoine et al., 1998)
used in the development of the EGM96 geopotential model. ETOPO5U and JGP95E offer
bathymetry information too, thus they are regarded not only as DTMs but as DDMs as well.
Some new global bathymetry models have been developed in the last few years, using
altimetry data and depth soundings, like the 2′ Digital Bathymetric Data Base-Variable
Resolution Version 9 developed by Smith and Sandwell (1994, 1997). The ultra-high
frequencies of the gravity field spectrum are provided by Digital Density Models
(DDenMs). The density models can be determined from appropriate field measurements
and most commonly from the propagation of seismic waves through Earth’s crust. A last
method of determining density models is through the digitisation of available geologic
maps. With the use of this three-dimensional density information we can get more reliable
and accurate values instead of using a constant one, as is usually done in the computations.
The topography/bathymetry can be taken into account through a number of
reduction and correction methods widely used in geodesy, depending on the boundary
value problem under consideration. Stokes’s boundary value problem requires the
topographic masses to be condensed at the geoid surface and this is achieved with the socalled topographic reduction. The reductions by themselves do not define the boundary
equipotential surface, but should be followed by terrain condensation corrections,
associated with the corrections of the gravity field due to the condensation of the
topographic masses. The two basic terrain condensation corrections follow the theories of
Molodensky and Helmert. If the contribution of the masses is computed with Helmert’s
method of condensation then geoid heights are determined, while height anomalies are
estimated following Molodensky’s method of condensation. The geoid and quasi-geoid
coincide at the surface of the oceans and the gravity measurements refer to the geoid. Some
of the reduction methods used in gravity field modelling are the free-air reduction, leading
to free-air gravity anomalies and the Bouguer gravity reduction, leading to simple Bouguer
gravity anomalies.

If we do not only remove the Bouguer plate but add the terrain

correction term as well, then we can derive complete or refined Bouguer gravity anomalies.
Finally, there are the isostatic reductions, following either the Airy-Heiskanen or PrattHayford isostatic models and leading to isostatic gravity anomalies, and the residual terrain

78
modelling (RTM) reduction leading to RTM-reduced gravity anomalies. In our
investigations we will use an RTM reduction to account for the bathymetry of the areas
under study, thus we will analyse it in more detail.
With an RTM reduction the contribution of the topography or bathymetry is
removed and restored, using a model of the bathymetry equal to the difference between the
true topography or bathymetry and a reference, smooth but varying, elevation surface. To
do this masses above the reference surface should be removed and valleys below it should
be filled. The reference surface can be constructed by averaging the fine resolution
bathymetry grid and then filter the average grid by taking moving averages of an
appropriate number of adjacent blocks. Depending on the resolution of the available DDM
the fine grid can be used for the computation in the entire area or up to a distance, e.g.
100km, from the computation point. For points outside this inner area a lower-resolution
grid can be used derived from the fine one by averaging or from a spherical harmonics
expansion model of the Earth’s topography. As we shall see in the numerical investigations,
since the resolution of the available and estimated bathymetry models in our case was 2′ at
the best case, we used the fine grid for the computation in the entire area. Following
Forsberg (1984a) the RTM reduction for gravity anomalies is computed as
∆g RTM = 2πGρ(H − H ref ) − c P

(3.31)

where 2πGρ(H-Href) is the Bouguer reduction of the topographic variations after the
removal of the smooth reference elevation surface and cP is the classical terrain correction
term (Forsberg, 1984a; Sideris, 1984)
∞ ∞ z=H(x ,y )

c P = Gρ ∫

∫ ∫( ) (x

− ∞− ∞z = H ref x , y

z − HP

− x P ) + (y Q − y P ) + (z Q − H P )
2

Q

2

2

dx Q dy Q dz Q

(3.32)

where P is the computation point, and Q the running point. The main advantage of the
RTM reduction is that the reduced gravity anomalies are smoother that those resulting from
other reduction methods. Depending on whether the topography of an area is above or
below the reference elevation surface, the topographic RTM density anomalies will create a
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set of positive and negative anomalies (Forsberg, 1984a, b, 1985). As a result, the
topographic effect contributions are computed up to a specific distance from the
computation point, thus minimizing the effects of the far topographic masses, since the
RTM density anomalies will in general cancel out at big distances from the computation
point (Forsberg and Tscherning, 1981). Additionally, another advantage of the RTM
reduction is that the quantity to be restored, in the restore step to the height anomalies, is
very small comparing to the indirect effect on the geoid from other methods (e.g. Helmert)
and no assumption about isostatic compensation is needed as in the isostatic reductions.
The main disadvantage of the RTM method is that the gravity potential will no longer be a
harmonic function at those stations below the mean elevation surface. If, for instance, a
station is located in a valley, then, after applying the RTM method, it will be located inside
the smooth topographic surface determined by the boundaries of the reference elevation
surface used (Forsberg, 1984a). In that way, the final value of the reduced observation will
be inside the topographic masses where the potential is no longer a harmonic function. To
answer that question, Forsberg (1984a) indicated that the density above a plane through that
station could be condensed in a mass plane layer immediately below the station. In that
way, geoid heights and deflections of the vertical will be almost unchanged due to the small
slope of the smooth reference surface. But, gravity anomalies will be changed and for the
modern statistical methods of gravity field approximation to be used, which request the
harmonicity of the field, a special correction known as harmonic correction should be
applied. For more details on the RTM reduction method Forsberg (1984a, b, 1985) and
Forsberg and Tscherning (1981) should be consulted.
The aforementioned contributions refer to the long and small wavelengths of the
gravity field spectrum, thus what remains to be taken into account are the medium
frequencies. This information is derived from available local gravity-field related data, such
as gravity anomalies, altimetric SSHs, etc. Since the handling of the reduced SSHs and
gravity anomalies differs, we will distinguish them and give in greater detail the steps
needed for an altimetric and a gravimetric geoid computation.
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3.3.1

Altimetric geoid determination

Lets suppose in this section that the altimetric data available have been corrected
for all geophysical and instrumental corrections as described in Chapter Two. The
information that we have now is corrected sea surface heights (CORSSHs) from one or
more satellites. As mentioned in Chapter Two, some of the missions contain data not only
for ocean but continental and shallow areas as well. If the area under investigation includes
dry-land regions, we have to remove the observations referring on land and close-to-thecoastline regions, since they contain blunders. To do that, a bathymetry model can be used
and depth values have to be interpolated on the satellite ground points. Then, data with
depths greater than a certain value should be removed, so that those remaining will refer to
ocean regions will remain. If the area is too shallow then a safe measure is to use a depth of
-50 m as a threshold. If on the other hand the area has deep bathymetric features, then a
-200 m depth can be used, since it will not remove too many points (if the same depth has
been used in a shallow area, then many points which might be correct, can be removed).
After performing this bathymetry mask, we have data for oceanic regions only. As we have
already mentioned, altimetry data refer to the sea surface and not the geoid itself thus they
should be corrected for the QSST signal. To do this, an available DOT model can be used.
Most of these models come in terms of spherical harmonics of the DOT and we can
compute the QSST value at each observation point as
 n max n

*SST
SST
cos mλ + Snm
sin mλ Pnm (sin φ )
ς QSST (φ, λ ) =  ∑ ∑ C nm
 n =1 m =0


(

)

(3.33)

where ςQSST(φ,λ) is the contribution of the global DOT model coefficients, φ and λ are the
geographical coordinates of the point, where the model’s contribution is determined, nmax is
the maximum degree of expansion of the DOT model, Pnm (sin φ) are the fully normalized
*SST
SST
associated Legendre functions and C nm
, Snm
are the fully normalized DOT spherical

harmonic coefficients. These coefficients have been determined after analysing data
covering the entire Earth (see following paragraph on sea surface topography model
development). After determining the QSST at each station with SSHs, we have to correct
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the altimetry signal be getting the difference between the SSH and QSST. One of the
problems that arise at this point is that the global DOT models do not represent very well
the QSST in closed sea areas like the Mediterranean Sea. As it will be shown in Chapter
Five, the differences between the available models in such regions are very big, while the
value of the QSST itself is not, since it ranges between a few mm to a few cm (Pavlis et al.,
1998). Because of the problems of DOT models and the smallness of the signal itself in
closed sea areas, we believe that the use of a global DOT is not advisable for such regions.
For the determination of the QSST from a DOT model a program by Dr. Nikolaos Pavlis
has been kindly provided to us. The so-derived SSHs refer to the geoid and can be now
processed with the remove-compute-restore technique.
Thus, we then remove using Eq. 3.29 the contribution of the geopotential model to
derive reduced SSHs. The so-referenced to a geopotential model SSHs may still contain
some blunders, which should be removed while the contribution of the bathymetry should
also be taken into account. For the blunder detection, a simple three root mean square (3
rms) test will be used, during which all points whose absolute SSH value is greater than
three times the rms of the entire dataset is removed as a blunder. One of the considerations
at this point is that for a 3 rms test to be applied, all biases in the dataset are supposed to be
removed, so that only random errors are remaining. This will be decided by examining the
mean value of the reduced altimetry SSHs. If the mean value is small enough e.g. below
0.10 m then we can proceed with the 3 rms test and then RTM-reduce the altimetry SSHs to
derive the final reduced SSHs. On the other hand, if the mean value is bigger, then it means
that some biases are still present in the data and should be removed prior to the 3 rms test.
This can be done by first deriving RTM-reduced SSHs, using the above equations, since
when a good bathymetry model is used the resulting field is much smoother than the one
prior to the reduction (Forsberg, 1984a), and then perform the 3 rms test. For the RTMreductions, tc a program from the GRAVSOFT software (Tscherning et al., 1992) will be
used, while program tcgrid from the same gallery will be employed to form the smooth
reference elevation surface.
At this point we have residual SSHs, which represent the medium wavelength of
the geoid height signal and can be safely regarded as residual geoid heights Nres (see Figure
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3.2). Still though, these measurements include the radial orbit error due to the insufficient
knowledge of the true satellite orbit, which should also be modelled/removed with a
crossover adjustment. It should be pointed out again that due to the improved orbit
modelling of the altimetry datasets that we used in this study, crossover adjustment might
not be necessary. In any case, the regional crossover adjustment with a bias and tilt
parameters described in section 2.5.4 should be applied and the results after the adjustment
be validated. If the statistics of the Nres, after the crossover are better than the ones before it,
then we should keep that dataset, whether else the data before it are retained. Another
important aspect about crossover adjustment mentioned in section 2.5.4, is that it reduces
the effects of temporal oceanic phenomena like the SSV, as well. Of course this will not
occur in the Gavdos test area, where the sea dynamics are negligible, but may occur in the
region of Newfoundland, since it is in an area with strong currents and SSV. Thus, in the
latter area the specific type of adjustment might be needed not for the radial orbit error
modelling, but to reduce the effect of SSV. For the crossover adjustment, crsadj, a program
from the GRAVSOFT software (Tscherning et al., 1992), will be used.
After deciding on whether crossover is needed or not, the data are ready to be
gridded so that the final geoid height estimates will be derived. Throughout this study, and
whenever gridding of the available datasets is needed, we will use a weighted means with
prediction power two type of gridding, taking into account the ten closest points for each
grid node. This means that the inverse of the square distance of each point from the grid
node is taken as its weight in the determination of the gridded Nres. For the gridding,
program geogrid from the GRAVSOFT software (Tscherning et al., 1992), will be used.
Due to the small cross-track spacing of GM altimetric data, the SSV, especially in open
ocean areas, may not be completely removed with the crossover adjustment, and will still
be present in the gridded Nres. Thus, we should remove as much as possible of that highfrequency information, considered as noise in the signal, before deriving the final altimetric
geoid height estimates. This will be done by low-pass filtering the gridded Nres, using a
collocation type of filter (Wiener filtering) and assuming Kaula’s rule to hold. If Kaula’s
rule is valid then the power spectrum of geoid heights decays like ω-4, with ω being the
radial wavenumber. Following Forsberg and Solheim (1988) the low-pass filter is

83
F(ω) =

ωc4

(3.34)

ω 4 + ωc4

where ω is the radial frequency, ω = u 2 + v 2 , and the cutoff frequency ωc is empirically
determined based on removing as much of the noise and retaining as much of the signal
(signal to noise ratio). In that filtering operation different cut-off frequencies will be tested
in order to select the one that provides the best Nres, based on the aforementioned criterion.
The same type of filter will be used in the inverse Stokes procedure to determine gravity
anomalies from altimetry SSHs as will be discussed in the next paragraph. For the
aforementioned filtering operation program geofour from the GRAVSOFT software
(Tscherning et al., 1992) will be used.
The final step for the determination of the altimetric geoid heights is to restore the
contribution of the geopotential model and the topography (see Eq. 3.27). The procedure
described in this section is given schematically in Figure 3.2.

3.3.2

Gravimetric geoid determination

In gravimetric geoid determination, the data available are in most cases shipborne or
altimetry derived gravity anomalies. As it will be presented in paragraph 3.8 the data
available for the present study were marine gravity anomalies coming from shipborne
campaigns and the digitisation of available gravity anomaly maps. Some of the shipborne
free-air gravity anomalies refer to the Geodetic Reference System 1967 (GRS67) and since
the altimetric data refer to GRS80 we will first have to transform the GRS67 gravity data
into GRS80. This is performed as
∆gGRS80 = ∆g GRS67 + γ GRS67 – γ GRS80
where ∆gGRS80 denotes free-air gravity anomalies in GRS80, ∆g

(3.35)
GRS67

denotes free-air

gravity anomalies in GRS67, γ GRS67 and γGRS80 denote the magnitude of the normal gravity
vector in GRS67 and GRS80. To derive the magnitude of the normal gravity in each of the
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two reference systems, approximation formulas are commonly used. For the normal gravity
in GRS67 we used the following formula (Heiskanen and Moritz, 1967)

Figure 3.2: Altimetric geoid modelling.

γGRS67 = 978031.8495(1 + 0.005278894sinφ2 + 0.0000234631sinφ4) mGal

(3.36)

while for GRS80 we decided to use and test an approximation formula (Katsabalos and
Tziavos, 1991)
γGRS80 = 978032.7(1 + 0.005790414sinφ2 + 0.00000232716sinφ4 +
+ 0.00000012626sinφ6)

(3.37)

and the well-known Somigliana formula (Wenzel, 1999)
γ GRS80 = 978032.677

1 + p sin φ 2
1 − e 2 sin φ 2

(3.38)

85
where φ is the geodetic latitude of the point under consideration, e denotes the first
numerical eccentricity of the ellipsoid used and p (=0.001931851353) is the constant of the
Somigliana gravity formula (Wenzel, 1999). Each ellipsoid comes with a set of four
defining parameters (semi-major axis a, flattening f, angular velocity ω, geocentric
gravitational constant GM), which for GRS80 have the values
a = 6378137 m;
f = 0.00335281068118;
GM = 3986005x108 m3s-2;
ω = 7292115x10-11 rads-1;
and e2 = 0.00669438002290 is the square of the eccentricity of the GRS80 ellipsoid that we
used to solve Eq. 3.38. The differences between Eqs. 3.37 and 3.38 are very small but the
intention of using both of them is to validate the approximation formula 3.37 and get a
better insight in the error introduced by its use.
Another preprocessing step needed for the shipborne gravity data, is their
reduction to the geoid. This was needed in the area close to Newfoundland, since the data
provided to us were not free-air gravity anomalies, no free-air reduction performed, and
they referred to the sea surface. To construct the set of free-air gravity anomalies we used
the well-known formula
∆gf = g - γο + δgf

(3.39)

where δgf is the free-air reduction. To compute the free air reduction we need the value of
the gravity gradient

δg f = −

∂g
∂γ
, which can be approximated by the normal gradient
as
∂H
∂H

∂g
∂γ
H≈−
H ≈ −0.3086H
∂H
∂H

(3.40)

where H denotes orthometric height. Eq 3.40 gives the gravity reduction in mGal with the
orthometric height in meters. The term -0.3086 Eq. 3.40 represents the normal gravity
gradient for a mean latitude of 450. To derive the free-air reduction, QSST values derived
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from the global model selected in the subsequent step, will be used. Since the QSST signal
in Newfoundland is not very strong, it ranges between -0.75 m to 0 m, we believe that the
approximation used in Eq. 3.40 is enough and we need not to use the rigorous formula for
the free-air reduction or take more terms into account. As an example we can mention that
for the biggest value of the QSST in Newfoundland, equal to -0.75 m, the free-air
correction to the gravity data is 0.23 mGal, which is in the sub-mGal level far better than
the accuracy of the data themselves.
After these pre-processing steps of the shipborne gravity data, the observations
will be used for the determination of gravimetric geoid solutions. The general methodology
of the remove-compute-restore technique will be followed once again, thus first the
contribution of a geopotential model should be removed using Eq. 3.30. Then the high
frequencies of the gravity field spectrum are removed, so that only the medium frequencies
will remain. To do that we remove the contribution of the bathymetry with an RTM
reduction of the reduced gravity data using Eqs. 3.31 and 3.32. Then Stokes’s formula for
the estimation of residual gravimetric geoid undulations will be used. Stokes’ formula in
spherical approximation is given as (Heiskanen and Moritz)
N(φP , λ P ) =

R
∆g (φQ , λ Q )S(ψ )dσ
4πγ ∫∫
σ

(3.41)

where P denotes the computation point and Q denotes the observation point, R is the mean
earth radius, γ is a mean value of the normal gravity, ∆g denotes the residual gravity
anomalies, σ denotes the sphere of integration, S(ψPQ) is Stokes’ function (an analytical
summation of an infinite series), and ψ is the spherical distance between the data and
computation points. The problem with Eq. 3.41 is that for the computation of a geoid
undulation N at one point, data all over the Earth are needed. Since in real-worldapplications data are only available at discrete points Eq. 3.41 can be re-written as
N(φ P , λ P ) =

R φM λ Ν
∑ ∑ ∆g(φ Q , λ Q )S(ψ PQ )cos φ Q ∆φ Q ∆λ Q
4πγ φQ =φ1 λ Q =λ1

(3.42)
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where ∆φ and ∆λ denote the grid spacing of the data in latitude and longitude direction
respectively, and N, M define the block size and represent the number of meridian and
parallels. Stokes’ kernel S(ψPQ) is given by a closed expression as (Strang van Hees, 1990)

(

) (

1
S(ψ PQ ) = − 4 − 6s + 10s 2 − 3 − 6s 2 ln s + s 2
s

)

(3.43)

where
 ψ PQ
s = sin 
 2





and

 ψ PQ
sin 2 
 2


 φ − φQ
 = sin 2  P
2




 λ − λQ
 + sin 2  P
2




 cos φ P cos φ Q


(3.44)

As we have already mentioned, the latest trend in geoid computations is to employ them in
the frequency domain. To evaluate Stokes’ function in the frequency domain with FFT
methods, Eq. 3.42 should be in the form of a convolution integral, i.e. a function of (φP -

φQ) and (λP - λQ) only, but that doesn’t hold since the kernel function S(ψPQ) depends on φP
and φQ separately (Sideris, 1997). Different approximations have been proposed to
overcome this problem. Strang van Hees (1990) proposed to replace φP and φQ by the mean
latitude of the area φM, Forsberg and Sideris (1992) introduced the multi-band FFT method
and finally Haagmans et al. (1993) proposed the use of 1D FFT spherical Stokes
convolution instead of the 2D FFT proposed in the previous studies. Haagmans et al. (1993)
used the properties of the two-dimensional case and managed to estimate exact geoid
undulations in all points along a certain parallel. Using this property and the addition
theorem of FFT they managed to solve with accuracy the discrete Stokes integral in each
individual parallel with a one-dimensional FFT as (Haagmans et al., 1993)
N(φ P , λ P ) =


R∆φ∆λ −1  φm
F1  ∑ F1 {∆g (φ Q , λ Q )cos φ Q }F1 {S(ψ PQ )}
4πγ
φQ =φ1


(3.45)

where F1 denotes the 1D FFT operator and F1 −1 the inverse 1D FFT operator. The great
advantage of the 1D FFT is that along each parallel it gives the exact same results for the
geoid undulations as numerical integration on the sphere does. For a detailed derivation of

88
Eq. 3.45 and discussion on the use of FFT techniques in physical geodesy (Forsberg and
Sideris, 1992; Haagmans et al., 1993; Schwarz et al., 1990; Sideris, 1984; Sideris, 1997;
Sideris and She, 1995; Strang van Hees, 1990; Tziavos, 1995) should be consulted. In this
study the 1D FFT method employing discrete spectra for the kernel function will be used
whenever geoid undulations are to be estimated from gravity anomalies. For the 1D FFT,
program fftgeoid developed by Li (1993), has been used. It is well known that FFT methods
need gridded data, thus before applying the 1D FFT we gridded the data available using the
previously described weighted means method. Having derived the residual gravimetric
geoid undulations, the restore step is followed, during which the contribution of the
bathymetry and the geopotential model are restored. The described procedure of
gravimetric geoid modeling is schematically depicted in Figure 3.3.

Figure 3.3: Gravimetric geoid modelling.
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3.3.3

Combined geoid determination

To exploit all available datasets for geoid determination combined geoid solutions will also
be estimated using the Input Output System Theory (IOST) for the optimal combination of
heterogeneous data. This method has been used in geodetic applications and is welldescribed in the literature (Andritsanos, 2000; Andritsanos, Sideris and Tziavos, 2001a, b;
Bendat and Piersol, 1986; Li 1996, Li and Sideris 1996; Sideris 1996; Tziavos et al., 1996,
1997; Tziavos, Forsberg and Sideris, 1998; Tziavos, Sideris and Forsberg, 1998). In this
section, the basic formulas used to derive the combined geoid solutions will be briefly
presented, thus the aforementioned references should be consulted for detailed derivations
and discussion.
The sets used in the combination procedure will be in all cases altimetric and
gravimetric geoid heights with geoid heights as the output. Thus, the system used will be a
double-input single-output system with noise, which combines the corrupted with noise
altimetric and gravimetric geoid signals and outputs their estimations. Such a system is
depicted in Figure 3.4.

Figure 3.4: A gravity field double-input single-output system with noise.

The system of Figure 3.4 can be written in correlation form as

(

)

(

)

n̂ o = n gr + m gr ∗ h n̂n gr + n alt + m alt ∗ h n̂n alt + e

(3.46)
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which can be represent in a simple multiplication form by deriving the spectra of all
quantities with a Fourier transform as (Andritsanos, 2000)

(

)

(

)

N̂ o = N gr + M gr H N̂N gr + N alt + M alt H N̂N alt + E

(3.47)

where N̂ o is the spectrum of the output combined geoid solution, Malt and Mgr are the
spectra of the input altimetric and gravimetric noises, Nalt and Ngr are the spectra of the pure
altimetric and gravimetric signals, N oalt and N ogr are the spectra of the input altimetric and
gravimetric observations, H Nˆ N alt and H N̂N gr are the theoretical operators connecting the
input and output signals and E is the spectrum of the output noise. In Eqs. 3.46 and 3.47 we
denote with small letters space domain quantities and with capital ones their frequency
domain equivalents. Until recently, the main problem with spectral methods was that they
provided no error estimates of the output, but this problem has been solved by Sideris
(1996) who has shown that error estimates for the outputs can be estimated when the input
signals and their errors are stochastic variables with known PSDs. Following Sideris (1996)
and assuming that the input noises are uncorrelated and the signals and noises are
uncorrelated as well, the solution of the system is given
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Ĥ N̂N alt =

(P

alt

N N

Ĥ N̂N gr =

alt

(P

N alt N alt

(P

N gr N gr

+ Pm gr m gr )PN̂N alt

(P

N alt N alt

+ Pm alt m alt )PN̂N gr

+ Pm alt m alt )(PN gr N gr + Pm gr m gr ) − PN alt N gr PN gr N alt

+ Pm alt m alt )(PN gr N gr + Pm gr m gr ) − PN alt N gr PN gr N alt
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(3.50)

(3.51)

and
PN̂N̂ = H N̂N gr
+ H N̂N alt

2

(P
(P

N gr N gr

+ Pm gr m gr ) − H *N̂N alt H N̂N gr PN̂N alt − H *N̂N gr H N̂N alt PN̂N gr +

2

N alt N alt

+ Pm alt m alt )

(3.52)

where N̂ o is the spectrum of the combined geoid solution, H Nˆ N gr and H Nˆ N alt are the
theoretical operators that connect the pure inputs Ngr and Nalt and the output signal N̂ o ,

Hˆ Nˆ N gr and Hˆ Nˆ N alt are the optimum frequency impulse response functions, eˆ is the output
noise and Pxy denote PSD functions between the respective quantities (Andritsanos, 2000).
The main difficulty with the frequency domain solution is that the input noise
PSDs, Pmm, should be known. Unfortunately, in practical application we only know the
variances of the signals and not the errors themselves (Sideris, 1996). To tackle this
problem we assume that Pmm refers to stationary noise. Thus, due to the lack of specific
information about the errors in both the altimetric and the gravimetric solutions, simulated
noises will be used as input error for the numerical investigations. Randomly distributed
fields (white noise) can be generated using a random number generator. We decided to
employ the generator provided in MATLAB to create noise fields with dimension equal to
that of the input signals, which are characterized by zero mean and a variance σ. The σ used
in the generation of the noise fields will be defined from the comparisons of our geoid
models with the T/P SSHs which will be used as control points.
For a more complete discussion on the IOST method and a more explicit
derivation of the formulas Andritsanos (2000), Bendat and Piersol (1986) and Sideris
(1996) should be consulted.
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3.4

Gravity field modeling using satellite altimetry data

In a subsequent step of this thesis, altimetry data will be used to estimate gravity anomalies.
We will estimate gravity anomalies using one satellite and multisatellite data, thus
investigating the improvement that a combined solution may offer. Once again, a removecompute-restore procedure will be followed, taking into account the QSST and the
bathymetry and estimating gravity anomalies using the planar approximation of Stokes’s
function, the efficient FFT method and employing discrete spectra for the kernel function.
At this point, lets assume that we have done all the pre-processing steps needed to derive
residual geoid heights from altimetry SSHs. Thus, all the geophysical and instrumental
corrections have been applied, the bathymetry mask has been used and the data have been
reduced to the geoid surface. Additionally, the contribution of a geopotential model and
that of the bathymetry have been taken into account and the data have been cleaned from
any blunders and crossover adjusted for the minimization of the radial orbit error and the
filtering of the SSV (See Figure 3.2). Finally, a gridded dataset has been obtained with the
method described in 3.3.1.
At this point one of the problems that we face comes from the high spatial spacing
of the geodetic mission data. The ERS1-GM data have a cross-track spacing of ~8-10km at
the equator, which decreases to ~3-4km for GEOSAT-GM. Since the phases of the
satellites are not Exact Repeat Missions (ERMs) they do not overlap each other, thus
offering greater resolution when combined. The problem of densely spaced altimetry data is
in terms of the sea surface variability, which is high-frequency information contained in the
data. It is well known that the operation of determining gravity-anomalies from geoid
heights (in our case altimetry SSHs) is a differentiation that enhances the high frequencies,
thus in our case this can lead to an altimetry derived gravity field contaminated by noise.
To overcome this problem we will low-pass filter the data by introducing a Wiener filtering
function in the inverse Stokes operation, equivalent to a collocation filter that assumes
Kaulas rule to be valid and uncorrelated noise. The same low-pass filter as in the case of
altimetric geoid modeling will be used as described by Eq. 3.34. Different filtering
frequencies will be investigated in order to determine the one that filters out most of the
noise but retains most of the gravity information as well. This is unfortunately a trial and
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error process, since we do not actually know the exact spectral content of the SSV but only
that it presents itself as high-frequency information in the altimetry-derived residual geoid
heights.
To reduce the effects of sea surface variability in the results of the inverse Stokes,
some researchers propose the use of altimetric slopes or second-order derivatives instead of
SSHs (Hwang and Parsons 1995; Sandwell and Smith 1997). By using altimetric slopes or
second order derivatives we eliminate the sea surface variability between two subsequent
altimeter points, but in this way instead of performing one inversion (SSHs to gravity
anomalies using the inverse Stokes kernel) we perform two (SSHs to deflections of the
vertical and then to gravity anomalies using the inverse Vening-Meinesz kernel). It is well
known though, that inversions of that kind are unstable and a small error in the estimation
of the deflections of the vertical will introduce a large error in the gravity anomaly
prediction. As an example, an error at the level of ±0.3′′ in the estimation of the deflections
of the vertical would introduce an error of about ±3 mGal in the gravity anomalies
estimation and an error of about ±10 m in the geoid heights (Moritz, 1980). On the other
hand, the altimetry SSHs have a noise at the level of ±10 cm for the GM missions which
roughly translates to ±0.03 mGal, thus the errors that may be introduced (the un-filtered sea
surface variability included) in the final estimated gravity anomalies from SSHs are much
smaller. For this reason, we decided to employ the classical planar approximation for
Stokes’ kernel in an efficient FFT method and low-pass filter the SSHs to remove the sea
surface variability. The inverse Stokes function will now be derived in planar
approximation for the determination of gravity anomalies from geoid heights. In planar
approximation, Laplace’s equation reads (Heiskanen and Moritz, 1967)
∂ 2T ∂ 2T ∂ 2T
∆T = 0 ⇒ 2 + 2 + 2 = 0
∂x
∂y
∂z

(3.53)

where ∆ denotes Laplace’s operator and T the disturbing potential. If we apply the Fourier
transform (FT) to each of the quantities of Eq. 3.53 and taking into account the
differentiation theorem of FT, we obtain (Bracewell, 1986)
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(2πiu )2 F {T} + (2πiv )2 F {T} + (2πiw )2 F {T} = 0

(3.54)

for T≠0 it is

(2πiu )2 + (2πiv )2 + (2πiw )2 = 0 ⇒ u 2 + v 2 + w 2 = 0 ⇒

(3.55)

− w 2 = u 2 + v 2 ⇒ iw = q

where u, v and w are the spatial frequencies corresponding to x, y and z respectively and q is
the radial frequency ( q = u 2 + v 2 ). Additionally, the fundamental equation of physical
geodesy in planar approximation is given as (Heiskanen and Moritz, 1967)
∆g =

∂T
∂z

(3.56)

and after deriving the spectra of both sides, taking into account the differentiation theorem
of FT, it is
F2 {∆g} = 2πiwF2 {T}

(3.57)

which, using Bruns’s formula T=Nγ, becomes

F2 {∆g} = 2πiwγF2 {Ν} ⇒ F2 {∆g} = 2πγF2 {Ν}q ⇒ ∆g(x, y ) = 2πγF2

−1

{F2 {Ν (x, y )}q} (3.58)

where by F2 and F2 −1 we denote the direct and inverse 2-D FFT. In all of our
investigations to determine gravity anomalies from altimetry SSHs we will employ the
aforementioned efficient FFT method in the plane, using discrete spectra for the kernel
function and appending 100% zero-padding around the SSHs to avoid circular convolution
effects. As we mentioned, to reduce the effects of the SSV we low-pass filter the altimetry
SSHs using a Wiener type of filter. This is achieved by multiplying the right-hand side of
Eq. 3.58 with the filtering function F(q) in the frequency domain (see Eqs. 3.34 and 3.57),
that is
∆G (u , v ) = 2πγqN(u , v )F(q )

(3.59)
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After determining the altimetry-derived residual gravity anomalies, we have to
restore the contribution of the geopotential model and the effect of the bathymetry using
Eqs. 3.30, 3.31 and 3.32 have to be restored, to derive the full spectrum of the gravity
anomaly field. When multi-satellite altimetry data are available, the combined solution is
determined in the same way. The only difference lies at the merging of the un-gridded
residual SSHs from each satellite before the gridding step. Then the data are gridded, but
this time on a denser grid spacing, since more data are available. Consequently, the same
procedure is followed to estimate the combined multi-satellite altimetry-derived gravity
anomaly field. The estimation of gravity anomalies from satellite altimetry data is depicted
schematically in Figure 3.5.

3.5

Sea surface topography model development

The relation between geodesy and physical oceanography is at the sea surface. For
geodesists the mean sea surface generates the reference point to which the heights used in
the various geodetic and surveying applications refer. For oceanographers on the other hand
the sea surface is the observation field for their studies. The relation and interaction
between the two sciences becomes evident from the fact that geodesists need oceanographic
observations to accurately model the marine geoid, while oceanographers need the marine
geoid to determine the absolute values of the ocean current velocities at a certain depth. The
specific point where the two sciences interact is the deviation of the geoid from the mean
sea surface. This deviation is called Dynamic Ocean Topography (DOT) or Quasistationary Sea Surface Topography (QSST).
It is common practice in all geoid determinations to assume that the geoid surface
is this geopotential surface of the earth’s gravity field that best coincides with the mean sea
surface. It is well known though, that for an accurate geoid determination, especially in
open ocean areas, this assumption does not hold, since the deviation between the geoid
surface and the mean sea surface varies between -2.2 m, in the Antarctic region, and 70 cm
with a standard deviation of ±62 cm, in a global scale (Koblinsky et al., 1999). These large
deviations are mainly caused by the ocean currents, which are generated under the
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influence of winds, changes in the salinity and the temperature of seawater, and finally
changes in the pressure, which are directly correlated with the Earth’s atmosphere. The
aforementioned deviation is usually studied under assumptions of geostrophic flow and
hydrostatic equilibrium.

Figure 3.5: Inversion of altimetry data for gravity anomalies determination.

The Dynamic Ocean Topography is usually composed of two parts: a quasistationary (time-invariant) part, defined as the elevation of the sea level, which is constant
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over an extended period of time, and a time varying one, which is mostly generated by
small time-scale variations and seasonal phenomena. With the development of the
contemporary satellite observation methods of the sea surface the SST can be
determined/modelled with purely geodetic techniques.
In Fig. 2.5 the defining parameters of satellite altimetry were presented and the
relation between geoid heights N and SST was clearly depicted. We have indicated ςt to be
the time-varying part of SST and ςc the quasi-stationary one. From this figure the
relationship between geoid heights, SST and the altimetry measured SSHs can be derived,
that is:
SSH = N + SST

(3.60)

Where the SST term can be analyzed in its two components
SST = ςc + ςt

(3.61)

Eq. 3.60 reminds us of the simple equation that connects the ellipsoidal heights (h)
with the orthometric (H) and geoid (N) heights. But in the case of altimetric measurements,
Eq. 3.61 is valid only if the appropriate geophysical and instrumental corrections, as
described in Chapter Two, are applied to the altimetric measurements (AVISO, 1998). The
term SST in Eq. 3.60 represents the orthometric heights term in the continental case and
this is the reason why it is called Sea Surface Topography. On the other hand, land and sea
topography have very little in common and that’s why their handling differs a lot. The SST
has a dynamic character, since, apart from the quasi-stationary part, which is taken to be
constant over an extended period of time, there is the dynamic part also, which varies with
time. However, when we refer to the land topography this is taken as constant.
Additionally, the sea topography reaches some maximum and/or minimum values of almost
2.2m when the land topography reaches a maximum of 8.5 km in the Himalayas. The
geodetic techniques of SST determination manage to solve with great success the problem
of determining the surface of no motion. On the other hand, the purely oceanographic
methods of SST and ocean circulation modeling, are based on complicated differential
equations and assumptions about the motion of the ocean currents. Oceanographic methods
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rely on observations about the temperature, salinity, pressure, and dissolved oxygen content
of the ocean water, whereas the geodetic ones use measurements of gravity field related
quantities (geoid heights, gravity anomalies, deflections of the vertical and gravity
disturbances). As far as the geodetic methods are concerned we should mention that DOT is
related to the geoid and SSHs, so that when some other kind of gravity observations are
available, they should be transformed to geoid heights.
Geodetic need for Sea Surface Topography and modelling methods

In almost all practical geoid modelling applications using satellite altimetry data in oceanic
regions, the assumption that the altimetry derived SSHs can be considered as geoid heights
has been made. Thus, the use of such geoid undulations, since they implicitly contain the
SST signal, has a level of uncertainty at least of the order of magnitude of the SST itself
(Denker, 1990). Hence, estimates of the SST are not only valuable for oceanographic
applications but for geodetic ones as well, when an unambiguous geoid determination is
needed. Especially nowadays that geodesy is after a cm-level geoid determination, the
separation of the geoid from the mean sea surface, through the SST, becomes more and
more vital.
In all applications of physical geodesy, when geoid determination is concerned, we
make the assumption that the geoid does not vary with time over a certain period of time,
thus only the quasi-stationary part of the SST is required for our modelling. The timevarying part of the SST can be computed in a rather straightforward way by analysing the
overlapping tracks during the repeat era of a satellite altimetric mission (ERM missions)
(Cazenave et al., 1996; Engelis, 1987). In a subsequent step these variations can be
removed from the SSHs. Alternatively, they can be considered as noise during the
processing of altimetry data with the traditional crossover adjustment techniques and
therefore be filtered out from the SSHs together with the bias and tilt parameters, since, as
described in the analysis of the crossover method, temporal variations can be removed as
well. The stationary SST can be determined, as already mentioned, by purely
oceanographic methods using observations of sea water temperature, salinity, pressure and
dissolved oxygen content and imposing geostrophic conditions in solving the equations of
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motion of the ocean currents. Another approach for determining the stationary SST is to use
traditional geodetic techniques. Such an approach consists of determining geoid
undulations from a low degree satellite derived gravity field and subtracting them from
altimetry derived SSHs. Because of the errors of a satellite-derived gravity field, only the
long wavelength part of the stationary SST can be represented with some degree of
confidence (Wagner, 1977). In order to determine this long wavelength SST, a harmonic
analysis of the reduced heights is required (Colombo, 1981). Then low-pass filtering is
preformed to retain only the low degree coefficients that have a favourable signal to noise
ratio (Engelis, 1987). In another technique proposed by Engelis (1984), altimetric
observations are used in a combined solution to reduce the radial orbit error, improve the
geoid and determine the stationary SST.
The effectiveness of all geodetic techniques to determine the SST is subject to the
accurate representation of the spectral content of the SST itself. This means that a correct
implementation of the spherical harmonic models used should be guaranteed. Particularly
in the last method, a-priori statistical characteristics of the SST by wavelength (meaning
degree variances) is needed, thus it is important that some estimates of the spectral
behaviour of the SST are available. Such estimates have been initially computed by Engelis
(1984) who used the Levitus SST data (Levitus, 1982) to estimate harmonic coefficients
and their degree variances. The methods for SST model development until today can be
distinguished in three classes.
The first one is based on the spherical harmonics expansion of the Levitus SST
maps as proposed and implemented by Engelis (1987). A modified version of it is more
closely related to satellite altimetry and consists on the use of altimetry derived SSHs and a
low degree geopotential model. Both methods use the expansion of SST in terms of
spherical harmonic coefficients. Their main disadvantage is that for the development in
spherical harmonics, the SST should be a continuous function over the entire sphere with
observations covering the entire Earth. Unfortunately, this is not the case with DOT since
land areas and regions not covered by altimetry offer no data. The solution to that problem
has been viewed by Engelis (1983, 1984, 1985, 1987) by appending zeros for land areas or
with a least-squares fit of the spherical harmonics equations to the data. The problem with
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that approach is that the harmonics are forced to zero when approaching land areas, which
affects their values in the ocean regions as well.
Another solution, proposed by Hwang (1991, 1995) and Rapp et al. (1996),
consists of substituting the spherical harmonics with orthonormal functions which are
defined over specific areas of the unit sphere, which in our case are the oceans excluding
the northernmost and southernmost latitudes. The orthonormal functions are defined over a
specific domain of the sphere and the ocean. High latitudes and closed sea regions, such as
the Mediterranean Sea, the Black Sea, etc., are excluded from the estimation of the
orthonormal coefficients. The method consists of using the previously determined, with
least squares fit, spherical harmonic coefficients to construct the orthonormal (ON)
functions.
The final approach has been recently developed in the frequency domain by
Andritsanos (2000) and uses the IOST method to determine the DOT. This estimation of
the SST has been applied in the Mediterranean and Labrador regions with promising results
(Andritsanos and Tziavos, 2000; Andritsanos et al., 2001a, b).
3.5.1

Geodetic sea surface topography modeling and quasi-stationary sea surface
topography estimation

One of the goals of this thesis is to estimate the QSST from altimetry SSHs and shipborne
gravity data. All global SST models presently available, as it will be shown in Chapter
Five, imply that the QSST signal contains almost 95%-99% of its power up to harmonic
degrees n=6-10. We would thus investigate if there is part of the signal remaining above
that limit. To do that, we will combine altimetry and gravimetry data in a QSST estimation
procedure.
As we have already mentioned, we can derive geoid and gravity field estimates
from satellite altimetry data using the described remove-compute-restore method. When
having available ship gravimetry as well, we can combine that information with the
altimetry data and estimate the QSST. The general principle is to subtract the gravimetric
geoid heights from the altimetric ones or the shipborne gravity data from the altimetry-
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derived gravity estimates. These differences represent the residual QSST signal referenced
to a global SST solution used to correct and reduce the altimetry and gravity data
respectively during the remove step. Usually, these global models are complete to degree
and order n=20, thus the residual QSST estimates represent the signal remaining above that
degree or QSST of wavelength smaller than about 2000km.
One of the problems that arise here is on whether the subtraction should be
performed with geoid heights or gravity anomalies. If the resolution of altimetry SSHs is
better than that of marine gravity, then the SSHs should be inverted to derive gravity
anomalies. We will not discuss the inversion of SSHs more, since this has already been
done in the gravity field modeling section. Then, the altimetry derived gravity anomalies
are interpolated at the irregular points were shipborne gravity is available and the marine
gravimetry is subtracted from these estimates to derive what we will call gravity equivalent

QSST and denote as ∆gQSST. After determining these residual QSST gravity anomalies,
residual QSST (ςc

res)

can be determined by using the 1D fast Fourier transform (FFT)

spherical Stokes convolution, as when predicting geoid undulations from gravity data (see
section on geoid modeling). Since gridded data are needed for that operation, we grid the

gravity equivalent QSST with a weighted means method with prediction power two. What
these residual QSST estimates represent is the remaining part of the signal above the
maximum degree of the SST model expansion. Then restoring back the contribution of the
global model we derive the full DOT signal representing the QSST in the area under study.
This procedure is presented schematically in Figure 3.6.
If the marine gravity data are denser than the altimetry ones, the same procedure is
followed by predicting gravimetric geoid heights and subtracting them from the irregular
altimetry SSHs. Then restoring back the SST model contribution we derive the full QSST
signal. We mention once again that one of the processing steps for both altimetric SSHs and
gravimetric data in gravity filed modeling is to reduce them from the sea surface to the
geoid using the SST from a global solution (e.g. Levitus SST, EGM96, POCM-4 model,
etc.). That is why we should restore the DOT model contribution to derive the full QSST
signal.
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Figure 3.6: QSST estimation from dense altimetry and sparse shipborne gravity data.

3.6

Geostrophic flow estimation

Having estimated the QSST with the procedure described in the previous section, we can
use that information to derive geostrophic current velocities employing the geostrophic
flow equations. This method is more related to oceanographic studies and products, but its
main advantage is that it quickly gives velocity estimates and takes into account the
properties of the ocean as a fluid. It also presents the strong interaction between geodesy
and oceanography, since from a purely geodetic QSST determination we can derive
oceanographic quantities can be derived.
From the equation of motion, which results after applying the Newton’s second
law to the marine environment it is (Pond and Pickard, 2000)
dV
1
= − ∇p − 2Ω × V + g + F
dt
ρ

(3.62)

where V is the velocity vector, ρ is the density, p is the pressure, Ω is the angular velocity
of the Earth’s rotation, g is the gravitational force and F all the other forces applied on the
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water unit mass. We can rewrite Eq. 3.62 in a cartesian system (x,y,z) in terms of the three
velocity constituents , as
du
1 ∂p
=−
− 2Ω sin φυ − 2Ω cos φω + Fx
dt
ρ ∂x
dυ
1 ∂p
=−
− 2Ω sin φu + Fy
dt
ρ ∂y
dω
1 ∂p
=−
− 2Ω cos φu − g + Fz
dt
ρ ∂z

(3.63)

In equation 3.63, the three velocity constituents (u, υ, ω) together with the pressure are the
unknown quantities. One of the main ideas to solve the equations of motion is the one of
steady ocean circulation. According to that, the motion of the ocean waters in great scales
can be studied with the assumption of a constant flow, thus observations coming from
different time periods can be simultaneously studied. This assumption was thought as
necessary due to the small number of observations related to currents, the sparseness of
these measurements and the high-cost of relevant expeditions. To solve the differential
equations 3.63, boundary conditions and the condition of the conservation of mass, as
described in physical oceanography, are necessary (Pond and Pickard, 2000)
divV = ∇V

∂u ∂υ ∂ω
+
+
=0
∂x ∂y ∂z

(3.64)

Additionally, an equation for the ocean water state is needed, which relates the water
density with the temperature, the salinity and the pressure. Such equations are determined
empirically and are of the form
ρ(ρ, φ, λ, t ) = ρ(θ(ρ, φ, λ, t ), S(ρ, φ, λ, t ), p )

(3.65)

where ρ is the water density, θ is the water temperature, p is the water pressure and S is the
water salinity (Ross, 1995). Such empirical equations can be found in Fenoglio (1996). The
difficulty in solving the differential equations of motion is due to the presence of non-linear
terms, which relate the partial derivatives to each other. Additionally, the complexity in the
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determination of the F forces, which are mainly friction forces, make the simplification of
these equations necessary. The determination of the friction terms is possible when non ∂u   ∂υ 
linear terms of the kind of  ,   are ignored. The resulting formulas are the well
 ∂x   ∂y 

known Navier-Stokes equations (Pond and Pickard, 2000). In order to further simplify the
generalized equations of motion, we make the assumption of constant flow and set the
friction forces to zero. The assumption of constant flow means that the accelerations for the
three velocity constituents are zero, i.e.,
∂u ∂υ ∂ω
=
=
=0
∂t
∂t
∂t

(3.66)

With this assumption, the resulting equations of motion according to Pond and Pickard
(2000) become
1 ∂p
ρ ∂x
1 ∂p
2Ω cos φu = −
ρ ∂y
1 ∂p
g=−
ρ ∂z
2Ω sin φυ =

(3.67)

The first two of Eqs. (3.67) represent the horizontal constituents of geostrophic flow, while
the third one represents the equation of hydrostatic equilibrium (Ross, 1995). The
generation of geostrophic currents occurs when the Coriolis force, due to the earth rotation,
is compensated by the horizontal inclination of ocean pressure. The occurrence of
geostrophic currents can be explained with the introduction of isobaric surfaces, which
represent surfaces of equal pressure. We should think of these surfaces as something
equivalent to the equipotential surfaces used in physical geodesy to represent surfaces of
equal potential. This is more evident if we take into account that the isobaric surfaces are
parallel to the equipotential ones of the earth’s gravity field when the ocean water is steady.
By the time the ocean water is not steady anymore, the isobarics deviate from the
equipotential surfaces and, in order for the hydrostatic equilibrium to hold, geostrophic
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flow is generated (Pond and Pickard, 2000; Ross, 1995). Following Ross (1995) the general
form of the geostrophic equation is
1
− ∇p sin i = 2ΩV sin φ = g tan i
ρ

(3.68)

where i is the horizontal inclination of the pressure. From Eq. 3.68 we can conclude that the
generalized geostrophic equation should permit the determination of the velocity of the
geostrophic current when observations for the inclination of the isobaric surfaces are
available. Unfortunately, this is not true, since in practical applications the pressure
observations are not measured with the desired accuracy. An alternative is offered from
satellite altimetry measurements, with which the inclination of the isobaric surfaces can be
determined, since altimeter observations refer to the ocean surface. Since, the estimation of

i is ambiguous and difficult we can remove the pressure p term by using the x-equation of
3.67, introduce the Coriolis force f, multiply both sides by the density ρ and differentiate it
with respect to z. Then, according to Pond and Pickard (2000), the thermal wind equations
are determined, where instead of the pressure we have the water density, as follows:
∂ρ
∂ (ρfυ)
= −g
∂x
∂z
∂ρ
∂ (ρfu )
=g
∂y
∂z

(3.69)

where f=2Ωsinφ is the Coriolis force. Integrating the thermal wind equations, we can derive
the velocity constituents of the geostrophic flow based on Boussinesq’s approximation, i.e.,
that the water density is constant (Pond and Pickard, 2000)

g
υ(x, y, z, t ) =
ρf
g
u (x, y, z, t ) =
ρf

z

∂ρ

∫z ∂x dz + c(x, y, zo , t )
o

z

∫

zo

∂ρ
dz + b(x, y, z o , t )
∂y

(3.70)
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where b,c are integration constants. The depth zo appearing in Eq. 3.70 is called reference
depth and from its selection the values of the integration constants b,c are determined. As

we can see from Eq. 3.70 the selection of the reference depth plays a significant role in the
final velocity flow values.
The geodetic interest in the geostrophic flow equations of the ocean water is
concentrated in the connection of the so-derived geostrophic velocities with the distance of
the sea surface from the surface of zero depth (z=0). This distance refers to an equipotential
surface, which is close to the sea surface and as we know on the sea surface the depth
equals to zero. As in land applications, where the surface of zero depth is the geoid, the
same holds in oceanographic applications. The equation that connects the geostrophic flow
velocities with the distance between the sea surface and the geoid, which is the dynamic
ocean topography, is determined by integrating the hydrostatic equilibrium equation (Eq.
3.70) from the sea surface down to a certain depth z. Lets denote the surface density as ρs
and set the atmospheric pressure equal to zero, then according to (Pond and Pickard, 2000)
we have

P(x, y, z, t ) =

H ( x , y ,z , t )

0

∫ gρ(x, y, z, t )dz = ρ gH(x, y, z, t ) + ∫ gρ(x, y, z, t )dz
s

z

(3.71)

z

where H is the DOT. In this equation we separate the initial integral in two. The first one
integrates from the surface of zero depth (the geoid), which is close to the sea surface, to
the sea surface itself. The second one performs the integration from the depth where the
ocean currents occur, the depth that we determine the geostrophic flow velocities, to the
surface of zero depth. The pressure at the equipotential surface of zero depth is
Ps (x , y,0, t ) = ρ s gH(x, y,0, t ) . From the geostrophic flow equations 3.67 we determine the
geostrophic flow velocities at the surface of zero depth, as (Ross, 1995)
g ∂H
f ∂y
g ∂H
υs =
f ∂x
us = −

(3.72)
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Equation 3.72, gives the geostrophic flow velocities at the surface of zero depth in planar
approximation. The same equations in spherical approximation, are given by Pond and
Pickard (2000) as
g ∂H
fR ∂φ
g
∂H
υs =
fR cos φ ∂λ
us = −

(3.73)

where R is the mean earth radius. In this way we can determine the geostrophic flow
velocities when knowing the QSST.
If, on the other hand, we want to determine the DOT from geostrophic velocity
information we use Eq. 3.69 and 3.72 for the calculation of us and υs, to derive:
∂H
1
=−
∂y
ρs
∂H 1
=
∂x ρs

0

∂ρ

∫ ∂y dz + b

zo

0

∂ρ

(3.74)

∫ ∂x dz + c

zo

The velocity of the geostrophic current at the reference surface, meaning the integration
constants b and c, is not known. In order to simplify the calculations oceanographers set
both constants equal to zero (b=c=0) and that is why the reference surface is called surface
of no motion.

We will briefly comment now on the results of the aforementioned method and
indicate the relation between geodesy and oceanography. First of all we considered that the
depths are measured with respect to a reference equipotential surface, which is known in
geosciences as the geoid. The surface of the geoid is close to the sea surface and it deviates
from it by a DOT term, which reflects the oceanic currents and the changes in water
density. Additionally, the sea surface is taken to be an isobaric surface and at the level of no
motion the isobaric and the equipotential surfaces coincide. If the current velocity is known
at a reference surface z=zo, then it is possible to determine the DOT, as the deviation of the
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sea surface from the reference surface. On the other hand when we know the DOT then we
can determine the velocities of the geostrophic currents at any depth. And here is where the
relation and interaction between geodesy and oceanography becomes evident. If we know
the geoid then we can accurately determine the reference surface, extract absolute DOT
values and finally determine the velocities of the geostrophic currents at any depth. On the
other hand when the velocities of the geostrophic currents are known from oceanographic
observations then the DOT can be determined and subsequently the altimetry derived SSHs
can be corrected for the SST signal.
This analytical method for the determination of the velocities of the geostrophic
currents is known as the geostrophic flow method and has many undisputed advantages,
since it provides quick estimates of the velocities and has contributed a lot to the better
understanding of the motions of the oceans. On the other hand some disadvantages are
evident and will be discussed:
If we want to determine DOT from the geostrophic velocities then the method
gives only relative velocities of the geostrophic currents and for absolute DOT
values to be determined we should specify the level of no motion. The
determination of the level of no motion is one more problem.
Close to the coastlines the geostrophic flow method deviates, since the level of
no motion coincides with the ocean bottom.
The accuracy of the method is in direct relation to the accuracy of the
measurements of some water related quantities. More analytically speaking, the
accuracy in the salinity, pressure and temperature measurements affects the
accuracy of the final results. During the last years there has been a significant
accuracy improvement in such measurements, due to the use of satellite
methods, but it is still much lower than the one implied from the altimetry
derived SSHs.
During the derivation of the final equations we have neglected the friction
forces whose influence in near to the seafloor water bodies is significant.
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Close to the equator, the Coriolis force is negligible (small latitudinal values)
while the friction forces are considerable.
The geostrophic flow that we determine is based on a steady ocean circulation
thus does not include time varying current constituents. To study this time
varying part a long-term monitoring of the measurement surface (depth equal
to z), meaning the surface were the currents occur and are measured, is needed.
Under the assumptions of steady ocean circulation and geostrophic flow, we
assumed that the isobaric surfaces are parallel to the equipotential surfaces.
This assumption may simplify the equations and explain the generation of
geostrophic flow, but it does not hold in reality if we account for the friction
and the acceleration terms we neglected. Also, we assumed that at the level of
no motion and under hydrostatic equilibrium, the isobaric surface is an
equipotential surface as well, but this was possible only after neglecting the
friction forces and the non-linear acceleration terms.
Finally, we assumed that the geostrophic velocities at the level of no motion, b
and c, are equal to zero, which doesn’t hold in reality as well.
Following this method and using Eqs. 3.73 we will derive in the section of numerical
investigations, geostrophic velocities from the altimetry derived estimates of the quasistationary sea surface topography.
3.7

Areas under study and data availability

In the previous sections, the theoretical foundation of the methods used in the numerical
investigation to estimate the bottom ocean topography, geoid and gravity field models and
finally QSST and geostrophic velocities have been described. In this paragraph, the
available data will be briefly described and the areas of investigation will be outlined.
Areas under study

The numerical investigations will be carried out in three regions. The first is located in the
Mediterranean Sea, Southwest of the island of Gavdos, Greece bounded by 33o ≤ φ ≤ 35o
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and 15o ≤ λ ≤ 25o. This area is very interesting from the geophysical and geodynamic
pointσ of view, since it includes the Hellenic trench, which is the place where the Eurasian
plate overthrusts the subducting African one (Pichon et al., 1995). Additionally, it presents
a significantly varying gravity field and bathymetry, with rapidly changing values. Finally,
recent geodetic measurements have revealed that Gavdos and the neighboring island of
Crete present one of the largest horizontal movements with respect to a stable Europe
(Smith et al., 1994). The second area is located across the Mid-Atlantic Ridge (MAR)
bounded by 40o ≤ φ ≤ 50o and 340o ≤ λ ≤ 350o. This area will be used for the bathymetric
prediction tests only, and was selected due to the great geophysical significance of the
MAR and the varying bathymetric features present. The bathymetry of the area includes
ocean basins, which are long-wavelength in nature, and high-frequency bathymetric
features along the ridge itself. Thus, it will provide a very good test for the bathymetry
estimation method proposed. The final area is located west of the island of Newfoundland,
Canada bounded by 40o ≤ φ ≤ 50o and 310o ≤ λ ≤ 320o and will be used for the full
spectrum of numerical investigations described in this Chapter. The question that might
arise is on the purpose of performing the exact same tests for two areas i.e. Gavdos and
Newfoundland. To answer that question one should think of the differences between the
two regions. The area in Gavdos is located close to land areas and in a closed sea, where the
dynamics of the ocean are much smaller in magnitude and altimetry itself presents many
problems (interrupted satellite tracks by island chains, which make difficult the adjustment
of the measurements). On the other hand, the area in Newfoundland is located in a purely
oceanic region where the dynamics of the ocean are much greater than Gavdos and affect
more the densely spaced geodetic mission SSHs. Thus, it will be interesting to validate the
same tests in two so diverse regions and come up with some conclusions on the special care
needed in using altimetry data for bathymetry, geoid and gravity estimation. In the sequel,
the data available will be presented.
Satellite altimetry data

The satellite altimetry data available for the numerical investigations in both areas come
from the mapping phases of the GEOSAT and ERS1 satellites and were provided to us by
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NOAA and AVISO respectively (AVISO, 1998; NOAA, 1997). Their format and preprocessing has been discussed in detail in Chapter two. For the area in Gavdos we had
available 8712 SSH measurements from ERS1 and 14669 from GEOSAT. The distribution
of the sub-satellite points is depicted in Figure 3.7, where with red we represent the
GEOSAT points and with blue the ones from ERS1. In Newfoundland, the respective
number of points was 42640 for ERS1 and 76485 for GEOSAT. The distribution of the
available observations is depicted in Figure 3.8. For both areas data from the 3rd year of the
T/P mission, provided by AVISO, were available and have been already described in
Chapter Two.

Figure 3.7: Distribution of GEOSAT (red) and ERS1 (blue) data in Gavdos.

Figure 3.8: Distribution of GEOSAT (blue) and ERS1 (red) data in Newfoundland.
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Marine gravity data

The marine gravimetry data available for this study come from different agencies. For the
area in Gavdos shipborne gravity data were provided to us by Dr. Denker of the Institut für
Erdmessung (IfE) (Behrend, Denker and Schmidt, 1996). The data were derived from a
digitization of existing gravity anomaly maps for the Mediterranean Sea compiled by Dr.
Morelli, refer to GRS80 and form a database of 13186 shipborne gravity measurements for
the area under study. A complementary dataset was provided by Bureau Gravimétrique
International (BGI) with a total number of 8513 shipborne gravity data referring to GRS67
(BGI, 2001). These data are visualized in Figure 3.9 where we depict the IfE data with red
and the ones from BGI with blue.

Figure 3.9: Distribution of shipborne gravity data in Gavdos; IfE (red) and BGI
(blue).

For the area in Newfoundland Mr. Marc Véronneau provided shipborne data from
the database of the Geological Survey of Natural Resources Canada (Véronneau, 2001).
These were 37967 observations referring to GRS67. A complementary number of 59507
gravity observations were provided by BGI (BGI, 2001). These data are depicted in Figure
3.10 where with red the data from Mr. Marc Véronneau are depicted and with blue the ones
from BGI. From Figure 3.10 it can be seen that only a few observations are available for
the eastern part of the area, thus we augmented this dataset by data from the global gravity
field KMS99 computed by Andersen and Knudsen (1998) at the Geodetic Division of Kort
og Matrikelstyrelsen. This set of 31142 data points filled the areas between 40o ≤ φ ≤ 50o
and 317o ≤ λ ≤ 320o and 40o ≤ φ ≤ 41o and 313o ≤ λ ≤ 317o. This new data set (see Figure
3.11) forms the second one used for the area in Newfoundland and its advantage over the
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previous one will be presented during the gravimetric geoid modeling and the comparisons
to follow.

Figure 3.10: Distribution of shipborne gravity data in Newfoundland; NRCan (red)
and BGI (blue).

Figure 3.11:

Distribution of second shipborne gravity dataset in Newfoundland;
NRCan (red), BGI (blue) and KMS99 (green).

114
Shipborne depth soundings

Another kind of data used in the numerical investigations, were shipboard depth soundings
collected during the last years in a CD-ROM called GEODAS by the National Geophysical
Data Center of the United States of America (NGDC, 2001). The bathymetry data included
in this set have been collected from shipborne campaigns during the last 120 years and been
processed for the removal of any spurious records by Smith (1993). From this CD a total
number of 31781 points were available for Gavdos, 173733 points for MAR and 140350
points for Newfoundland. The distribution of the depth observations are depicted in Figures
3.12, 3.13 and 3.14 for Gavdos, Newfoundland and MAR, respectively.

Figure 3.12: Distribution of shipborne depth soundings in Gavdos.

Figure 3.13: Distribution of shipborne depth soundings in Newfoundland.
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Figure 3.14: Distribution of shipborne depth soundings in MAR.
Global models

Finally, a number of global models for various gravity field and geophysical quantities have
been used. As it was mentioned before, the EGM96 global geopotential model (Lemoine et
al., 1998) will be used as a reference field to provide the long wavelength information of
the gravity field spectrum. Additionally, five global DOT models were available the first
two representing expansions of the Levitus DOT to maximum degrees nmax=15 and 20
(these models will be called LEV15 and LEV20 respectively) and computed by Engelis
(1984, 1985). Another solution using the Levitus maps and SEASAT data has been
presented by Engelis (1983) representing a spherical harmonics expansion of the DOT to
degree 60. This solution will be called OSU83. The next model represents a spherical
harmonics expansion of the DOT to degree 20 computed during the simultaneous
adjustment of the EGM96 geopotential model, thus the model will be called EGM96
(Lemoine et al., 1998). The final DOT model was derived by Pavlis et al. (1998) using the
POCM-4 ocean circulation data and Proudman Functions, instead of surface spherical
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harmonics, in an expansion of the SST to degree 30. Comparisons between these models in
global and regional scales will be presented in Chapter Five.
Then the KMS99 and KMS2001 global altimetry-derived gravity-anomaly fields
have been used the first for the bathymetry estimation and the second for the validation of
the estimated altimetry-derived gravity fields (Andersen and Knudsen, 1998). We decided
to use the KMS solutions since they have been proven more accurate comparing to other
altimetry-derived gravity fields such as the Sandwell and Smith model (Andersen and
Knudsen, 1998).
Finally, two global bathymetry and topography models have been used to derive
the depth a-priori statistical characteristics needed by the bathymetry estimation method
and to validate the new estimated bottom ocean topography models. These models were
JGP95E (Lemoine et al., 1998) representing the regular bathymetric solution of this study
and the Sandwell and Smith V9 (S&S) altimetry-derived bottom ocean topography model
(Smith and Sandwell, 1997).

3.8

Summary

In this Chapter, the theoretical background in support of the numerical investigations of this
thesis has been presented. The methods for bathymetry estimation, altimetric, gravimetric
and combined geoid modeling have been described. Then, the estimation of gravity
anomalies from single- and multi-satellite altimetry data has been discussed followed by the
algorithms for QSST and geostrophic velocity determination. The Chapter has concluded
with the discussion of the test areas, where the numerical examples will be carried out, as
well as the presentation of the datasets available for this study.

117
CHAPTER FOUR

BATHYMETRY ESTIMATION

4.1

Introduction

This chapter presents the numerical investigations carried out for the estimation of new,
improved, local bathymetric solutions. We first present the results from the area in Gavdos,
then the Mid Atlantic Ridge (MAR) and we conclude with the region near Newfoundland.
For each one, bottom ocean topography is estimated based on altimetry-derived gravity
information only and two- and three-layer models to describe the Earth. Then, a combined
solution using both gravity and depth soundings is developed and all the solutions, for each
individual area, are validated in terms of the smoothing they provide to gravity field related
quantities used in geoid determination and against other bathymetry models and depth
soundings.

4.2

Bathymetry estimation in Gavdos

For the estimation of the new local bathymetry models in Gavdos we used the multisatellite altimetry-derived global gravity field KMS99 (Andersen and Knudsen, 1998) and
available depth soundings from GEODAS (NGDC, 2001) (see Figure 3.12). The KMS99
gravity field has a grid spacing of 2¢´2¢ and was derived from ERS1 and GEOSAT GM
altimetry. As mentioned in Chapter 3, the iterative LSC computation of the new bathymetry
models is carried out until the differences of the gravimetric response of the new depth
model with the input gravity field are below the noise level of the latter. From comparisons
with shipborne gravimetry it has been found that the accuracy of KMS99 is at the level of
8-12 mGal. Thus, when the agreement between the gravimetric response of the estimated
bathymetry with the observed gravity is better than that level we stop the iterations. The
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depth a-priori statistical characteristics needed by the bathymetry estimation method come
from two global models, namely the 5¢´5¢ JGP95E (Lemoine et al. 1998) and the 1.5¢´2¢
Sandwell and Smith Ver.9 (S&SV9) model (Smith and Sandwell 1997). The former is
regarded as the regular bathymetric grid of this study and was the DTM used to account for
the attraction of the topographic masses in the development of the EGM96 geopotential
model. The latter represents another estimation of the bottom ocean topography from the
combination of a multi-satellite (Seasat, GEOSAT, and ERS1) altimetry-derived gravity
field with available depth soundings. Our intention in using two global DDMs is twofold.
We first want to derive the best possible a-priori information to use in the estimation of the
new bathymetry and secondly to test the new bathymetry estimates against a regular field
and a DDM derived from altimetry using a different method than the one proposed in this
study. From the global models, the one that agrees better with the available depth soundings
and gives the greatest smoothing when used in an RTM reduction of shipborne gravity data,
is selected to provide the a-priori statistical characteristics needed by the estimation
method. For the area of Gavdos, we have available 8513 shipborne free-air gravity
anomalies referred to GRS67, coming from the Bureau Gravimétrique International (BGI)
database (personal communication, 2001), and 13186 from a digitization of Morelli’s maps
(Behrend et al. 1996) performed at the Institut für Erdmessung (IfE). These gravity data are
used to validate the new estimated bathymetry models, as well. As a pre-processing step of
the BGI shipborne gravity we had to transform them to GRS80 using the formulas
described in Chapter Three. These results are described in Chapter Six related to geoid
modelling and will not be repeated here.
Proceeding to the bathymetry estimation we first had to validate the available global
DDMs. For the area near Gavdos, the statistics of the global DDMs and their differences
are shown in Table 4.1. These models where then used to RTM-reduce the shipborne
gravity data with the procedure and formulas mentioned in Chapter Three. The statistics of
the gravity data before and after their reduction to EGM96 are presented in Table 4.2
together with the ones after the RTM-reduction.

119
Table 4.1 Statistics of available DDMs and their differences in Gavdos. Unit: [m].
Model
max
min
mean
σ
JGP95E

245.00

-3841.00

-2210.18

±823.26

S&SV9

437.00

-4061.00

-2297.67

±863.66

S&SV9-JGP95E

1619.99

-1999.25

-94.34

±198.34

Table 4.2 Observed, EGM96 and RTM-reduced shipborne gravity data in Gavdos. Unit:
[mGal].
max
min
mean
σ
∆g

146.90

-200.30

-26.60

±58.77

∆gred (EGM96)

121.01

-115.68

1.66

±26.88

JGP95E

96.21

-124.42

3.17

±28.16

S&SV9

123.41

-91.84

1.99

±24.60

From Table 4.1 we can see that even though the statistics of the models are in
relatively good agreement their differences range between -2 km to 1.6 km with a standard
deviation (σ) of almost ±200 m. From Table 4.2 we can see that the S&SV9 model offers
better smoothing of the gravity data in terms of reducing the σ by almost 8.5%, while
JGP95E not only does not smooth the data but increases the σ by almost 4.8%. Even though
both models do not manage to reduce the mean value, JGP95E increases it by almost 2
mGal when S&SV9 by only 0.3 mGal. Thus, for the area in Gavdos, the depth a-priori
statistical characteristics will be those of the S&SV9 model.
The new bathymetry models are estimated to provide smoother results when used
in a remove-restore procedure in gravity field modeling. We performed three tests. The first
of them was based on a two-layer (one interface) model with the two layers representing
the seawater and the Earth’s upper lithosphere. In this case, the interface corresponds to the
ocean bottom topography and a constant density contrast of 1.67 g/cm3 was assumed. In the
second test, we used a three-layer model (two interfaces), with the third layer representing
the upper mantle. In this case, the second interface corresponds to the crust-mantle
boundary, with a constant density contrast of 0.6 g/cm3, and the depths to the isostatic
response of the bottom ocean topography. In the third and final test we incorporated in the
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solution the KMS99 gravity field and the available shipborne depth soundings. The a-priori
statistical characteristics of the first interface were those of the S&SV9 model and the ones
for the Moho depths were arbitrary values due to unavailable external information.
In Figure 4.1 we depict the bathymetric characteristics of the Gavdos area
according to the S&SV9 model. The main bathymetric features of the area are the Prolemy
Trench and the Hellenic Trench close to the isle of Gavdos; the Mediterranean Ridge, the
Cyrene Seamount, and the Cyrene basin in the central part of the area; and finally the
Medina (Malta) Ridge on the far west end.

Figure 4.1: The main bathymetric features in Gavdos (S&SV9 model).
As input to the estimation method, we used the KMS99 gravity anomaly field,
which is depicted in Figure 4.2. Inspection of this plot shows strong negative gravity
anomalies in the eastern part of the area, associated with the Hellenic and Prolemy
Trenches; positive anomalies are found over the Mediterranean Ridge, the Cyrene
seamount and the Malta Ridge. One would expect large negative anomalies over the Cyrene
Basin, but these are not depicted in the gravity field. This can be mainly attributed to the
isostatic compensation of the Cyrene Basin bathymetry, so that its signature is not depicted
in the gravity field.
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Figure 4.2: The observed KMS99 gravity-anomaly field.

4.2.1

Two-layer model

As mentioned before, the KMS99 gravity field has a grid spacing of 2¢´2¢, thus the total
number of observations that would enter the LSC procedure in this test is 18361 requiring
approximately 2.7 GB of core computer memory, which was not available. For that reason,
and in order to reduce the number of observations we sampled the KMS99 data at a 4¢´4¢
resolution, instead of the original 2¢´2¢, resulting in 4681 data points. With these
observations we performed all the bathymetry estimations. For the two-layer model, the a
priori statistical characteristics of the interface needed by the estimation method are those
in Table 4.1 for the S&SV9 model (mean and σ value) with a constant density contrast
between the upper lithosphere and the seawater of ∆ρ=1.67 g/cm3 and a correlation length
of the depth CV function of ξ=25 km. The gravity response of the interface having these
statistical characteristics produced a CV function with larger variance and considerably
smaller correlation length than that of the observed gravity data. This can be attributed to
unknown geophysical features in the area, errors in the S&SV9 DDM, the value of the
density contrast used, and to the absence of long and small wavelength characteristics of
the bathymetry in the gravity field. Since we had no information about the real value of ∆ρ,
we decided to modify the other characteristics of the interface (see Figure 4.3). After
several trials, a decreased σ of 750 m and an increased correlation length of 45 km gave a
very good fit between the empirical and the model CV functions (see Figure 4.3). The twolayer statistical model was finally based on a varying topography of -2.297 km mean depth,
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depth σ of 0.75 km, correlation length equal to 45 km and a density contrast of 1.67 g/cm3

Covariance (mGal2)

(see Table 4.3).

Figure 4.3: Empirical (solid line) and model (dashed line) CV functions, using the apriori statistical characteristics (top) and the modified parameters
(bottom) for the two-layer model in Gavdos.
Table 4.3 A-priori and modified statistical characteristics for the two-layer model in
Gavdos. Unit: [km]
∆ρ (g/cm3)
Interface
mean
σ
ξ
correlation
1

-2.29

0.86 0.89

65 70

1.67

1

Table 4.4 Statistics of differences between observed gravity and the gravimetric response of
the estimated two-layer model in Gavdos. Unit: [mGal]
Iteration
max
min
mean
σ
32.37
-30.05
0.27
±4.07
1
12.63
-12.69
0.02
±1.03
2
12.43
-12.51
0.00
±0.75
3
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Based on these statistical characteristics, the estimation of the new bathymetry model was
carried out according to the iterative LSC procedure described in Chapter Three. A very
good agreement between the observed gravity anomaly field and the gravimetric response
of the new bathymetry model was achieved after three iterations. The results of the
iterations are presented in Table 4.4. This agreement is at the ±0.75 mGal level and is
considered as satisfactory compared to the noise level of the input gravity data (8-10
mGal). The statistical characteristics of the new bathymetry model are presented in Table
4.5 and the new model is depicted in Figure 4.4.
Table 4.5 Statistics of the new two-layer bathymetry model in Gavdos. Unit: [m]
No
max
min
mean
σ
2575

-380.00

-5160.00

-2730.97

±756.45

Figure 4.4: The new two-layer bathymetry model in Gavdos.
Comparing the patterns in Figures 4.1 and 4.4 we can see that the main
bathymetric features of the area (Ptolemy Trench, Hellenic Trench, Cyrene Seamount,
Cyrene Basin and Malta Ridge) depicted by the S&SV9 model are preserved. Only the
Cyrene Basin is not depicted very well and this can be attributed to the fact that its response
is not present in the input gravity field. This can be due to the isostatic compensation and/or
sedimentation burial of the depth features of the basin.
4.2.2

Three-layer model

In the second test for the same area, we assumed a three-layer model with the a-priori
statistical characteristics shown in Table 4.6, where the statistics for the first interface are
those of S&S, while for the second one are arbitrary. The gravity response of the interface
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having these statistical characteristics produced a CV function with considerably smaller
variance and correlation length than that of the observed gravity data (see Figure 4.5). This
can be attributed to an overestimation of the variance of the Moho depths in the area. After
several trials, a σ of 890 m for the first interface and 550m for the second, and an increased
correlation length of 70 km and 55 km respectively, gave a very good fit between the
empirical and the model CV functions (see Figure 4.5). The three-layer statistical model
was finally based on a varying topography of -2.297 km mean depth, depth σ of 0.89 km,
correlation length equal to 70 km and a density contrast of 1.67 g/cm3 (see Table 4.6). The
Moho interface was based on a varying topography of -25 km mean depth, depth σ of 0.55
km, correlation length equal to 55 km and a density contrast of 0.6 g/cm3 (see Table 4.6).
The last column in Table 4.6 represents the correlation of the layer below the interface to
the one above it.
Table 4.6 A-priori and modified statistical characteristics for the three-layer model in
Gavdos. Unit: [km]
∆ρ (g/cm3)
Interface
mean
σ
ξ
correlation
1
2

-2.29
-25

0.86 0.89

65 70

1.67

1

2

50 55

0.6

-1 -0.97

0.55

The estimation of the new bathymetry model was then carried out using these
modified parameters and the input gravity. After three iterations, a very good agreement
between the observed gravity and the gravimetric response of the estimated three-layer
bottom ocean topography model was achieved as it is shown in Table 4.7. The level of
agreement is again at a sub-mGal level (±0.99 mGal), which is considered satisfactory
comparing to the noise level of the input gravity data. The statistical characteristics of the
bathymetry having this gravimetric response are shown in Table 4.8 and the estimated
depth model is depicted in Figure 4.6 with its isostatic response presented in Figure 4.7.
Table 4.7 Statistics of differences between observed gravity and the gravimetric response of
the estimated three-layer model in Gavdos. Unit: [mGal]
Iteration
max
min
mean
σ
38.84
-34.37
0.22
±4.90
1
19.59
-16.93
0.07
±1.38
2
19.12
-16.61
0.00
±0.99
3

Covariance (mGal2)
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Figure 4.5: Empirical (solid line) and model (dashed line) CV functions, using the apriori statistical characteristics (top) and the modified parameters
(bottom) for the three-layer model in Gavdos.
Table 4.8 Statistics of the new three-layer bathymetry model in Gavdos.
Interface
max
min
mean
1 (in m)
-180.00
-5740.00
-2777.24
2 (in km)
-14.70
-20.82
-17.86

Figure 4.6: The new three-layer bathymetry model in Gavdos.

σ
±916.49
±0.62
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Comparing the patterns in Figures 4.1 and 4.6 we can see that again the main bathymetric
features of the area (Ptolemy Trench, Hellenic Trench, Cyrene Seamount, Cyrene Basin
and Malta Ridge) depicted by the S&SV9 model are preserved. But, again the Cyrene Basin
is not depicted very well since its response is not shown in the gravity field and the
Hellenic and Ptolemy Trenches seem to be overestimated since their signature in the
gravity field is very strong. This can be considered as one of the disadvantages of the
method and of the altimetric bathymetry modeling in general. As mentioned in Chapter
Three, the gravity to topography transfer function becomes singular at wavelengths longer
than about 120 km due to isostatic compensation, thus features with wavelengths longer
than that are not depicted in an altimetry-derived gravity field and consequently to the
estimated bathymetry. This is the case with the Cyrene Basin. On the other hand, the
problems of altimetric depth estimation at small wavelengths are depicted in Figures 4.4
and 4.6 at the Cyrene Seamount. Obviously this feature has a high-frequency nature and its
peak cannot be depicted (peaked-up) very well due to the cross-track spacing of the
altimetry data. Nevertheless, as we will present in the validation section, the depth
estimates derived with the proposed method provide smoother results in gravity field
modeling compared to the global ones.

Figure 4.7: The isostatic response of the three-layer bathymetry model in Gavdos.

4.2.3

Combined solution

The final bathymetry estimation in the Gavdos area comprises of taking into account both
the KMS99 data and the available depth soundings in the region. The number of the
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KMS99 gravity observations is 18361 while the depth soundings offer 31781
measurements. The total number of observations that would enter the LSC procedure is
50142 requiring approximately 20 GB of core computer memory, which was not available.
For that reason, and in order to reduce the number of observations we sampled again the
KMS99 data at a 4¢´4¢ grid, instead of the original 2¢´2¢, resulting in 4681 data points and
then selected every 10th point of the depth soundings, resulting in 3178 measurements. In
that way the total number of observations reduced to 7859 needing approximately 0.5 GB
of core memory. The remaining 28603 soundings comprise a comparison dataset that will
be used to validate all the estimated bathymetry models.
The estimation procedure is carried out in the same way as for the two- and threelayer models and has been described in Chapter Three. Again, the model CV function of
the gravimetric response of the bottom ocean topography model is fitted to the empirical
CV function of the observed gravity to estimate the necessary a-priori information needed
by the bathymetry estimation method. We do not fit the model CV function of the
bathymetry to the empirical one of the depth soundings, since we are after a bathymetry
model that will have a gravimetric response close to the observed gravity field. As outlined
in the objectives, the main goal of this work is to model the gravity field. The bathymetry
estimation is used as an intermediate tool to provide more accurate bathymetry models, in
the sense they are used in gravity field determination, resulting in more accurate and
rigorous geoid and gravity anomaly estimation. The shipborne soundings are used as
observations in order to constrain the altimetry derived depth estimates and provide their
inherent information about the isostasy in the area. For that reason, only a two-layer model
will be used.
For the combined model, the a priori statistical characteristics of the interface
needed by the estimation method are those in Table 4.1 for the S&SV9 model (mean and σ
value) with a constant density contrast between the upper lithosphere and the seawater of
∆ρ=1.67 g/cm3 and a correlation length of the depth CV function of ξ=25 km. The model
and empirical CV functions characteristics are the same as the ones described for the twolayer model, thus again after modifying the statistical parameters to the bold-faced values
of Table 4.3, we got a very good agreement between the model and empirical CV functions
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(see Figure 4.3). Thus, the two-layered combined statistical model was finally based on a
varying topography of -2.297 km mean depth, depth σ of 0.75 km, correlation length equal
to 45 km and a density contrast of 1.67 g/cm3 (see Table 4.3). Based on these statistical
characteristics, the estimation of the new bathymetry model was carried out and a very
good agreement between the observed gravity anomaly field and the gravimetric response
of the new bathymetry model was achieved after three iterations. The results of the
iterations are presented in Table 4.9.
Table 4.9 Statistics of differences between observed gravity and the gravimetric response of
the estimated two-layer combined model in Gavdos. Unit: [mGal]
Iteration
max
min
mean
σ
36.52
-32.19
0.31
±4.22
1
22.01
-18.54
0.10
±2.09
2
15.13
-14.27
0.02
±1.15
3
The agreement between the observed gravity and the gravimetric response of the
new bathymetric model is at the ±1.15 mGal level, slightly worse than that of the two-layer
model with gravity data only. This is expected because the depth data have been used and
the series is converging slower. A fourth iteration was performed and a sub-mGal
agreement was reached, but we believe that there is no need to use these data, since the
present level of agreement is considered as more than satisfactory if we take into account
the noise level of the input gravity field. The statistical characteristics of the bathymetry
having this gravimetric response are shown in Table 4.10 and the estimated depth model is
depicted in Figure 4.8.
Table 4.10 Statistics of the new combined bathymetry model in Gavdos. Unit: [m]
No
max
min
mean
σ
2575
-226.00
-5160.00
-2876.66
±736.49
Comparing the bathymetric features of Figures 4.1, 4.4, 4.6 and 4.8 we can see that
the combined use of gravity and depth soundings manages to give a considerably better
representation of the true bathymetry, since the Cyrene Basin is now depicted and the
Hellenic and Ptolemy Trenches are not overestimated. Of course the problem that still
remains is the uneven spatial distribution of the shipborne soundings, which are mainly
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concentrated in the Northeast and Central part of the area but are almost absent in the West
half of the region (see also Figure 3.12). For that reason the estimated bathymetry is
influenced by the depth soundings only in central and eastern parts of the area. An
additional characteristic of the estimated depths worth mentioning is that the final model is
again very close to the observed KMS99 gravity field. This is attributed to the fact that we
fitted the model CV function of the bathymetry gravimetric response to the empirical CV
function of the KMS99 field and thus tuned the estimated bathymetry model to agree with
the observed gravity field.

Figure 4.8: The new combined bathymetry model in Gavdos.

4.2.4

Validation of estimated models

In order to assess the improvement in the estimation of the bottom ocean topography and its
gravimetric response that the new models offer, a number of tests were carried out. The
first validation test consists of comparisons of the estimated bathymetry models with the
global DDMs and the shipborne depth soundings. These tests will provide a valuable
insight on the improvement of the bathymetry itself. The second set of tests refers to the
validation of the new models in terms of the smoothing they provide when used through an
RTM reduction of gravity data in a remove-restore procedure for gravity field modeling.
For these tests available shipborne gravity anomalies and ERS1 altimetry SSHs will be
used in a remove-restore procedure, while the effect of the attraction of the masses will be
taken into account with an RTM reduction applied to the gravity and SSH values using the
fine grid of each model for the computation in the entire area. In each case, the reference
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grids are formed by taking moving averages over the adjacent blocks. This second set of
tests will show if the proposed bathymetry estimation method can provide depth models
which will be useful in geoid determination and gravity field modelling, since in such
investigations the residual gravity field quantities before the prediction and/or interpolation
should be as smooth as possible.
In Table 4.11 the statistics of the GEODAS soundings used for the validation
procedures as well as their differences with the global DDMs and the three estimated
bathymetry models are presented. In that Table we represent the two-layer bathymetry
model as TEST1, the three-layer model as TEST2 and finally the combined solution as
TEST3.
Table 4.11 Statistics of shipborne depth soundings and their differences with the global
DDMs and the estimated bathymetry solutions in Gavdos. Unit: [m]
Model

max

min

mean

σ

GEODAS

-212.00

-4445.00

-2888.47

±733.53

GEODAS-S&SV9

2359.05

-2013.03

-461.23

±554.92

GEODAS-JGP95E

1399.67

-2378.61

-74.22

±161.07

GEODAS-TEST1

2917.78

-2107.03

16.49

±629.83

GEODAS-TEST2

3340.30

-2160.85

101.55

±653.12

GEODAS-TEST3

1492.91

-2262.03

10.29

±131.60

From Table 4.11 we can see that the S&SV9 doesn’t agree very well with the
depth soundings probably because the specific data haven’t been used in its development.
The mean value is approximately -461 m while the σ is close to ±555 m. On the other hand,
JGP95E agrees much better with the GEODAS data, mean of -74 m and σ of ±161 m, and
this is something expected since the data have been used in the development of the model.
The estimated two-layer model presents a very good mean difference with GEODAS at the
16.49 m level but the σ of the differences is at the ±630 m. This is expected, since the data
haven’t been taken into account in the solution and the variance of the model CV function
was fitted to agree with that of the observed KMS99 gravity (see Figure 4.9). The main
differences are located across the Hellenic Trench, which is overestimated by our model
and the Cyrene Basin, which is underestimated. Both features are expected since their
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gravitational signature is very strong and weak respectively. The same results hold for the
three-layer model, and it can been concluded that the altimetry only solutions (S&SV9,
TEST1 and TEST2) without taking into account the depth information present a much
smaller variance comparing to the shipborne bathymetry information. Finally, the combined
bathymetry model has the overall best agreement, mean of -10 m and σ of ±131 m, with the
shipborne depth soundings, since part of the GEODAS data have been included in the LSC.
But, some big minimum and maximum differences are present and related with regions
where the shipborne data are very sparse (western and eastern ends of the region) and the
bathymetric features vary significantly (Malta Ridge, Cyrene Seamount, Hellenic Trench)
(see Figure 4.9). Nevertheless, it provides good proof that when altimetry-derived gravity
and depth soundings are combined a more accurate, in the terms of the agreement with the
shipborne data, solution is achieved.

Figure 4.9: Bathymetric differences between GEODAS and the two-layer (top) and
combined (bottom) models in Gavdos.
In Table 4.12 we present the statistics of the differences between the global DDMs
and the estimated bathymetry models. It can be clearly seen that the differences between
the global DDMs and the altimetry-only solutions are very big ranging between -3.3 km
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and 2.6 km, with a σ at the ±812 m to ±1080 m level. These very high differences are
concentrated in the Cyrene Basin and Seamount, the Malta Ridge and the Hellenic Trench
due to their under- or over-estimation, by the estimation method, depending on their
signature in the gravity field. When the depth soundings are employed in the solution, the σ
of the differences improves dramatically (400 m and 700 m for the comparisons with
S&SV9 and JGP95E models respectively) something attributed to the use of the shipborne
depth soundings in the combined solution.
Table 4.12 Statistics of differences between the global DDMs and the estimated bathymetry
models in Gavdos. Unit: [m]
Model
max
min
mean
σ
S&SV9-TEST1
S&SV9-TEST2
S&SV9-TEST3
JGP95E-TEST1
JGP95E -TEST2
JGP95E -TEST3

2338.99
2559.46
2356.60
1580.93
1892.81
1580.93

-2798.94
-3315.77
-2798.94
-3308.08
-3424.55
-3308.08

-286.40
-332.57
-447.50
-555.42
-602.97
-109.73

±811.97
±956.10
±577.08
±972.04
±1076.06
±332.95

The second set of validation tests, which is the most important for the present
study aiming at gravity field modeling, is conducted using shipborne gravity and altimetry
data. For the area in Gavdos, the statistics of the raw shipborne gravity data as well as the
referenced to EGM96 (∆gf red) and the RTM-reduced ones (∆g-∆gEGM96- ∆gRTM) are shown
in Table 4.13 for all bathymetry models. We present the mean and σ values of the RMTreduced gravity anomalies as well as the improvement, in terms of the reduction of the σ,
that each of the models offers. From this table we can see that, for all three tests, the new
models, smoothed the gravity data by about 50% more than the best of the global ones
(S&SV9) did. For our models the σ decreased from 26.9 mGal to 22.8 mGal for the first
test and second tests and 22.3 mGal for the third one (reduction at the 16.9% level). The
improvement is also seen in terms of the mean value, which dropped almost to 0 mGal
when the estimated models were used. On the other hand, when the global DDMs were
employed, the mean value was increased for both of them. An interesting outcome can be
drawn for the inappropriateness of JGP95E, which increased significantly both the mean
and σ of the RTM-reduced gravity anomalies. It is a further proof of the great improvement

133
that altimetry-derived bathymetry models offer and a verification of the effectiveness of the
proposed method itself.
Table 4.13 Statistics of the EGM96-reduced and RTM-reduced sea-gravity data (21699
values). Unit: [mGal]
Model
∆gf red
TEST1
TEST2
TEST3
JGP95E
S&SV9
mean
σ
σ improv.

1.66
26.88
-

0.07
22.78
15.3%

-0.04
22.76
15.4%

0.12
22.33
16.9%

3.17
28.16
-4.8%

1.99
24.60
8.5%

Figure 4.10: RTM-reduced shipborne gravity anomalies using the estimated two-layer
model (top) and S&SV9 (bottom).
To visualize better the improvement that the new estimated models offer, we depict in
Figure 4.10 the RTM-reduced shipborne gravity anomalies using the estimated two-layer
model and S&SV9. The better performance of the newly estimated model is evident around
the Cyrene Seamount, where it manages to smooth more the strong positive residual
anomalies associated with that structure
Performing the same test but this time on ERS1-GM SSHs, we arrived at the same
conclusions. Table 4.14 shows the statistics of the referenced to EGM96 SSHs as well as
the RTM-reduced values using the new models and the two global ones. Again, the new
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models perform better than the global ones and reduce the σ by 3cm compared to 2cm for
S&SV9 and an increase of 2cm for JGP95E. Additionally, for our models the mean value is
brought to zero meters for all three models, while JGP95E increases it. In Figure 4.11 we
depict the RTM-reduced ERS1 SSHs using the estimated two-layer model and JGP95E,
where the superiority of the new model is evident, while the effect of an inaccurate global
DDM is pronounced. The two-layer model smoothes better the strong residual SSHs
associated with the Cyrene Seamount, while JGP95E introduces non-existent artifacts to the
residual field in all places where strong bathymetry features exist (Malta Ridge, Cyrene
Basin and Seamount, Hellenic and Ptolemy Trenches, Mediterranean Ridge), thus
providing a problematic (in the terms of smoothness) field for gridding and/or prediction.
Table 4.14 Statistics of the EGM96-reduced and RTM-reduced ERS1-GM SSHs (8712
values). Unit: [m]
Model
SSHred
TEST1
TEST2
TEST3
JGP95E
S&SV9
0.02
0.00
0.00
0.00
0.04
0.00
mean
0.24
0.21
0.21
0.21
0.26
0.22
σ
12.5%
12.5%
12.5%
-8.3%
8.3%
σ improv.

Figure 4.11: RTM-reduced ERS1-GM SSHs using the estimated two-layer model (top)
and JGP95E (bottom).
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4.3

Bathymetry estimation in the Mid Atlantic Ridge

For the estimation of the new local bathymetry models in MAR we used the same sets of
data and procedures i.e. the KMS99 altimetry-derived gravity field, the global S&SV9 and
JGP95E DDMs and available shipborne depth soundings. The statistics of the global DDMs
as well as their differences are shown in Table 4.15. In Table 4.16 we present the statistics
of the 39248 shipborne gravity data in MAR before and after the reduction to EGM96 as
well as after the RTM reduction using the two global models. From Table 4.16 it is again
evident that the S&SV9 model smoothes more the gravity data in terms of the σ, reducing it
by almost 26.2% versus 12.9% for JGP95E. Thus, for the MAR the depth a-priori statistical
characteristics will be those of the S&SV9 model.
Table 4.15 Statistics of available DDMs and their differences in MAR. Unit: [m].
Model

max

min

mean

σ

JGP95E

-999.00

-5440.00

-3262.12

±719.21

S&SV9

-451.00

-6124.00

-3313.29

±722.19

S&SV9-JGP95E

2110.33

-1525.19

-35.411

±235.79

Table 4.16 Observed, EGM96 and RTM-reduced shipborne gravity anomalies in MAR.
Unit: [mGal].
max
min
mean
σ
∆g

156.00

-77.18

29.60

±26.82

∆gred (EGM96)

119.19

-86.90

-2.82

±23.97

JGP95E

102.77

-78.34

-4.16

±20.88

S&SV9

84.79

-65.79

-2.40

±17.69

The main bathymetric features of the area in MAR are the Mid Atlantic Ridge, the
Kurchatov and Maxwell fracture zones, the Kings Trough, the Azores Biscay Rise, the
Porcupine Abyssal Plain and the Peek and Freen Deeps as shown in Figure 4.12. The input
gravity data to the bathymetry estimation method come from the KMS99 field and are
depicted in Figure 4.13. From that figure we can see strong positive anomalies associated
with the peaks of the MAR and those of Kings Through, while strong negative anomalies
are found in the central, deep features of the MAR, the Peek and Freen Deeps and part of
the Porcupine Abyssal Plain. The latter is not depicted very well in the gravity field,
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probably due to the isostatic compensation of its long-wavelength deep bathymetric
features. The two Fracture zones are distinguished in the KMS99 field as well, while the
Azores Biscay Rise is associated with positive gravity anomalies.

Figure 4.12: The main bathymetric features in MAR (S&SV9 model).

Figure 4.13: The observed KMS99 gravity-anomaly field.
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4.3.1

Two-layer model

As mentioned, the KMS99 gravity field has a grid spacing of 2¢´2¢, thus the total number of
observations that would enter the LSC procedure in the MAR test area is 90601 requiring
approximately 66 GB of core computer memory, which was not available. For that reason,
and in order to reduce the number of observations we sampled the KMS99 data using an
8¢´8¢ spacing, instead of the original 2¢´2¢, resulting in 5776 data points. For the two-layer
test, the a-priori statistical characteristics of the interface are those from Table 4.15 (mean
and σ value for the S&SV9 model) with a constant density contrast between the upper
lithosphere and the seawater of ∆ρ=1.67 gr/cm3 and a correlation length of the depth CV
function of ξ=40 km. The gravimetric response of the interface having these statistical
characteristics produced a CV function with considerably larger variance and correlation
length than that of the observed gravity data (see Figure 4.14). This can be attributed to the
isostatic compensation of the bottom topography in the area, i.e., long-wavelength
bathymetry features are not depicted in the gravity field. After several trials, a σ of 310 m
and a correlation length of 20 km gave a very good fit between the empirical and the model
CV functions (see Figure 4.14). The two-layer statistical model was finally based on a
varying topography with -3.313 km mean depth, depth σ of 0.31 km, correlation length
equal to 20 km and a density contrast of 1.67 gr/cm3. Using the proposed bathymetry
estimation method, we achieved after three iterations a very good agreement between
observed gravity and the gravimetric response of the new estimated bathymetry model. In
Table 4.17 the statistics of the iterations are presented, where a sub-mGal (±0.82 mGal)
agreement was achieved after the third iteration. The statistical characteristics of the new
bathymetry model are presented in Table 4.18 and the new model is depicted in Figure
4.15. Comparing Figures 4.12 and 4.15 we can see that the main bathymetric features of the
area depicted by the S&SV9 model are preserved in our estimate. Only the Porcupine
Abyssal Plane is not depicted very well, probably due to isostatic compensation. Also,
some short wavelength features in the middle of the area are attenuated, obviously due to
the upward continuation of the gravimetric response from the ocean bottom to the sea
surface.
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Table 4.17 Statistics of differences between observed gravity and the gravimetric response
of the estimated two-layer model in MAR. Unit: [mGal]
Iteration
max
min
mean
σ
36.45
-38.20
-0.38
±4.63
1
37.52
-38.36
-0.16
±2.59
2
36.31
-38.38
0.00
±0.82
3
Table 4.18 Statistics of the new two-layer bathymetry model in MAR. Unit: [m]
No
max
min
mean
σ
7344
-750.00
-5560.00
-2839.73
±390.67

Figure 4.14: Empirical (solid line) and model (dashed line) CV functions, using the apriori statistical characteristics (top) and the modified parameters
(bottom) for the two-layer model in MAR.
4.3.2

Three-layer model

In the second test, we assumed a three-layer model with the a-priori statistical
characteristics shown in Table 4.19. The gravity response of the interface having these
statistical characteristics produced a CV function with greater variance and correlation
length than that of the observed gravity data. After several trials, the modified parameters,
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presented with boldfaced numbers in Table 4.19, provided a very good agreement between
the empirical and the model CV functions. Using these modified parameters and the input
gravity data, the estimation of the new bathymetry model was carried out. After three
iterations, a very good agreement between the observed and the calculated gravity field was
achieved. The statistical characteristics of the bathymetry model having this gravimetric
response are shown in Table 4.20.

Figure 4.15: The new two-layer bathymetry model in MAR.
Table 4.19 A-priori and modified statistical characteristics for the three-layer model in
MAR. Unit: [km]
∆ρ (g/cm3)
Interface
mean
σ
ξ
corr.
-3.31
0.72 0.65
40 35
1.67
1
1
-25 -18
2
2
50 35
0.6
-1 -0.97
2
Table 4.20 Statistics of the new three-layer bathymetry model in MAR.
Interface
max
min
mean
1 (in m)
-330.00
-8540.00
-3400.59
2 (in km)
-6.28
-25.67
-16.46

σ
±723.76
±2.08

The new three-layer model, as well as its isostatic response, is depicted in Figure
4.16, where we can see that the main depth features of the area under study are preserved.
By introducing the second Moho interface the MAR is more clearly depicted, with the
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shallow areas pronounced. King’s Through is more visible while the Azores Biscay Rise
can now be distinguished as an evident rise in the Southeast part of the area. The two
Fracture Zones can be clearly seen in the Northern and Southern part of the MAR. The
Porcupine Abyssal Plain is depicted better, compared to the two-layer model, but again
cannot be clearly distinguished.

Figure 4.16: The new three-layer bathymetry model in MAR (left) and its isostatic
response (right).
One question that might arise at this point refers to the estimated characteristics of the
Moho depths for the area (see Table 4.20 and Figure 4.16). The region is evidently under
oceanic crust where the Moho depths generally vary between -5 km to -15 km, while our
final Moho estimates range between -6 km to -25 km with a mean value of -16 km. Even
though most of the values are within the expected range, it was necessary to assign some
big values for the a-priori statistical characteristics of the Moho interface (see Table 4.19)
so that the empirical and model CV functions will agree well. Additionally, the large values
of the Moho interface were also needed in an attempt to depict more clearly deep longwavelength bathymetric characteristics, like the Porcupine Abyssal Plain, which are
probably isostaticaly compensated and not depicted in the gravity field.
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4.3.3

Combined solution

The final bathymetry estimation in the MAR area comprises of taking into account both the
KMS99 data and the available depth soundings in the region. The number of the KMS99
gravity observations is 90601 while the depth soundings offer 173733 measurements. Thus,
the total number of observations that would enter the LSC procedure, is 264334 requiring
approximately 600 GB of core computer memory, which was not available. For that reason,
and in order to reduce the number of observations we sampled again the KMS99 data at a
8¢´8¢ grid, resulting in 5776 data points and then selected every 30th point of the depth
soundings, resulting in 5791 measurements. In that way the total number of observations
reduced to 11567 needing approximately 1 GB of core memory. The remaining 167942
soundings comprise a comparison dataset that will be used to validate all the estimated
bathymetry models.
The estimation procedure is carried out in the same way as described for the
combined solution in Gavdos, meaning that we assume a two-layer model and the model
CV function of the gravimetric response of the bottom ocean topography model is fitted to
the empirical CV function of the observed gravity to estimate the necessary a-priori
information needed by the bathymetry estimation method. For the combined model, the apriori statistical characteristics of the interface are those in Table 4.15 for the S&SV9
model (mean and σ value) with a constant density contrast between the upper lithosphere
and the seawater of ∆ρ=1.67 g/cm3 and a correlation length of the depth CV function of
ξ=40 km. The model and empirical CV functions characteristics are the same as the ones
described for the two-layer model, thus the two-layer combined statistical model was
finally based on a varying topography with -3.313 km mean depth, depth σ of 0.31 km,
correlation length equal to 20 km and a density contrast of 1.67 g/cm3. Using as input in the
iterative LSC procedure the KMS99 gravity data and the depth soundings and after three
iterations we achieved a ±0.95 mGal agreement between the gravimetric response of the
estimated bathymetry model and the observed gravity data. The statistical characteristics of
the bathymetry having this gravimetric response are shown in Table 4.21 and the estimated
depth model is depicted in Figure 4.17.
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Table 4.21 Statistics of the new combined bathymetry model in MAR. Unit: [m]
No
max
min
mean
σ
7344
-557.75
-5942.59
-3175.39
±766.45

Figure 4.17: The new combined bathymetry model in MAR.
Comparing the bathymetric features of Figures 4.12, 4.15, 4.16 and 4.17 we can
see that the combined use of gravity and depth soundings manages to give a considerably
better representation of the true bathymetry, since the Porcupine Abyssal Plain is better
depicted. Additionally, the Peek and Freen Deeps are more clearly depicted, while King’s
Through and the Maxwell and Kurchatov Fracture zones are well presented. The Ridge
itself, as well as the Azores Biscay Rise, is outlined very well. We see though that some
trackiness exists due to the use of the depth soundings, which can be mainly attributed to
blunders in the depth soundings not removed during their pre-processing step at NGDC.
An additional characteristic of the estimated depths worth mentioning is that in contrast to
the Gavdos area, where the combined model was very close to the observed KMS99 gravity
field due to the sparseness of the soundings, in the MAR solution the final estimated
bathymetry is an actual combination of the gravity and depth observations. This is
attributed to the fact that the soundings in the MAR are, more or less, evenly spaced in the
entire region and not concentrated only in one part of it (see Figure 3.14).
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4.3.4

Validation of estimated models

In order to assess the improvement in the estimation of the bottom ocean topography and its
gravimetric response that the new models offer in the MAR region, the same tests as in
Gavdos were carried out. The first validation test consists of comparisons of the estimated
bathymetry models with the global DDMs and the shipborne depth soundings while the
second test refers to the validation of the new models in terms of the smoothing they
provide when used through an RTM reduction of shipborne gravity data in a removerestore procedure for gravity field modeling. In Table 4.22 we present the statistics of the
GEODAS soundings used for the validation procedures (the remaining 167942 soundings
not used in the estimation) as well as their differences with the global DDMs and the three
estimated bathymetry models. In that Table we represent the two-layer bathymetry model
as TEST1, the three-layer model as TEST2 and finally the combined solution as TEST3.
Table 4.22 Statistics of shipborne depth soundings and their differences with the global
DDMs and the estimated bathymetry solutions in MAR. Unit: [m]
Model

min

mean

σ

-9.00

-6412.00

-3200.36

±916.99

GEODAS-S&SV9

3477.45

-1476.60

90.13

±362.15

GEODAS-JGP95E

3263.41

-1908.13

62.42

±437.82

GEODAS-TEST1

2875.59

-2495.56

-351.64

±770.90

GEODAS-TEST2

2498.02

-2493.63

-141.54

±791.09

GEODAS-TEST3

3253.07

-1952.67

-15.64

±275.29

GEODAS

max

From Table 4.22 we can see that the global models agree well with the depth
soundings, since the specific data have been used in their development. The mean value
ranges between 60 to 90 m while the σ is approximately at the ±360 m for S&SV9 and
±440 m for JGP95E. The estimated two-layer model presents high differences with
GEODAS with a mean value at the -350 m level and a σ of ±770 m. This is expected, since
the soundings haven’t been taken into account in the solution and the variance of the model
CV function was fitted to agree with that of the observed KMS99 gravity (see Figure 4.14).
The highest and smallest differences (see Figure 4.18) are located across the shallower
areas of the MAR and the Porcupine Abyssal Plain respectively, which are both
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underestimated by our model. Both features are expected since their gravitational signature
is not very strong, so that they will be properly depicted in the final bathymetry model. The
same results hold for the three-layer model, and it can been concluded that the altimetry
only solutions (TEST1 and TEST2), without taking into account the depth information,
present a much smaller variance and mean comparing to the shipborne bathymetry
information. Finally, the combined bathymetry model has the overall best agreement, mean
of -15 m and σ of ±275 m, with the shipborne depth soundings, since part of the GEODAS
data have been included in the LSC. But, for both the two-layer and combined models, the
effect of the trackines of the soundings is evident and we can thus conclude that the
shipborne data contain some blunders (see central and southeastern parts of the area in
Figure 4.18). Additionally, if we see the mean value of the differences and relate it to the σ
of the combined model we can conclude that a major part of the mean differences has been
removed by using the depth soundings in the estimation. Overall, the combined model
provides again good proof that when altimetry-derived gravity and depth soundings are
combined a more accurate, in the terms of the agreement with the shipborne data, solution
is achieved.

Figure 4.18: Bathymetric differences between GEODAS and the two-layer (left) and
combined (right) models in MAR.
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Table 4.23 presents the statistics of the differences between the global DDMs and
the estimated bathymetry models. It can be clearly seen that the differences between the
global DDMs and the altimetry-only solutions are very big ranging between -4.4 km and
3.3 km, with a σ at the ±580 m to ±805 m level. These very high differences are
concentrated along the MAR and Porcupine Abyssal Plain as well as King’s Through due
to their under- and over-estimation by the estimation method respectively. The shallow
characteristics of the MAR and the deep features of the Abyssal Plain are not depicted very
well in the gravity field, while on the other hand King’s Trough cause a very strong
negative gravity anomaly signal. When the depth soundings are employed in the solution
the standard deviation of the differences improves significantly (±317 m and ±376 m for
the comparisons with S&SV9 and JGP95E models respectively) something attributed to the
use of the shipborne depth soundings in the combined solution.
Table 4.23 Statistics of differences between the global DDMs and the estimated bathymetry
models in MAR. Unit: [m]
Model

max

min

mean

σ

S&SV9-TEST1

1902.00

-1361.26

461.59

±582.19

S&SV9-TEST2

3282.99

-4203.89

-85.88

±753.83

S&SV9-TEST3

2396.49

-1168.12

129.17

±317.26

JGP95E-TEST1

2072.25

-1556.54

427.38

±628.45

JGP95E -TEST2

2992.11

-4444.77

-119.63

±805.91

JGP95E -TEST3

2357.03

-1580.12

94.28

±376.13

For the second set of validation tests in the MAR area, we used 39248 shipborne
gravity anomalies to assess the improvement in bathymetry estimation. In Table 4.24, we
present the statistics of the gravity anomalies referenced to EGM96 as well as the RTMreduced ones. The estimated two-layer bathymetry model provides the overall best
smoothing by decreasing the std to 17.07 mGal from 23.97 mGal (28.8% improvement) and
the mean to -1.71mGal from -2.82mGal (39.6% improvement). The three-layer model does
not perform so well (std improvement 12.7% and mean improvement 8.5%) and this can be
mainly attributed to the arbitrary characteristics used for the second interface. The
combined bathymetry model improves the σ by 17.9% and the mean value by 25.2%
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providing results in between the previous solutions. This is an indication that the model still
retains the advantage of an improved gravimetric response and at the same time provides a
more realistic estimate of the bathymetry itself. The best of the global models (S&SV9)
performs slightly worse than ours from test (1), in terms of the std improvement, but about
3 times worse in terms of the mean. JGP95E provides once again the worst results
indicating the inefficiency of the model, especially for use in gravity field modelling. In
Figure 4.19 we depict the RTM-reduced gravity anomalies using the estimated two-layer
and S&SV9 models. The superiority of the new model is evident especially in the King’s
Trough and Peak and Freen Deep areas, where it manages to smooth further the strong
positive and negative anomalies associated with these features respectively.
Table 4.24 Statistics of the EGM96-reduced and RTM-reduced sea-gravity data (39248
values). Unit: [mGal]
TEST3
JGP95E
Model
∆gf red
TEST1
TEST2
S&SV9
-2.11
-4.16
-2.82
-1.71
-2.58
-2.40
mean
23.97
17.07
20.93
19.67
20.88
17.69
σ
28.8%
12.7%
17.9%
12.9%
26.2%
std improv.

Figure 4.19: RTM-reduced shipborne gravity anomalies using S&SV9 (left) and the
estimated two-layer model (right).
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4.4

Bathymetry estimation in Newfoundland

For the estimation of the new local bathymetry models in Newfoundland we used the same
sets of data and procedures as in the previous experiments. The statistics of the global
DDMs as well as their differences are shown in Table 4.25. In Table 4.26 we present the
statistics of the 97474 shipborne gravity data in Newfoundland before and after the
reduction to EGM96 and the RTM reduction using the two global models. From Table 4.26
it is again evident that the S&SV9 model smoothes more the gravity data in terms of the σ,
reducing it slightly by almost 1 mGal versus a 10 mGal increase for JGP95E. One of the
very interesting characteristics of the specific shipborne gravity data is that the mean value
of the referenced to EGM96 residuals is almost 0 mGal. This means that almost all of the
long-wavelength characteristics of the gravity field are included in the geopotential model,
while the residual signal contains only some high-frequency information. Under these
circumstances, it would be really difficult for the RTM-reduced field to provide a smaller
mean value since neither their accuracy nor their resolution is sufficient to depict in great
detail all the bathymetric features that contribute to the gravity field. Thus, for
Newfoundland the depth a-priori statistical characteristics will be those of S&SV9.
Table 4.25 Statistics of available DDMs and their differences in Newfoundland. Unit: [m].
Model

max

min

mean

σ

JGP95E

-2.00

-5265.00

-3318.91

±1654.34

S&SV9

-2.00

-5609.00

-3323.35

±1670.67

S&SV9-JGP95E

1686.63

-1513.50

-21.67

±133.32

Table 4.26 Observed, EGM96 and RTM-reduced shipborne gravity anomalies in
Newfoundland. Unit: [mGal].
max
min
mean
σ
∆g

138.19

-92.67

17.75

±33.64

∆gred (EGM96)

127.83

-71.18

-0.02

±21.89

JGP95E

148.90

-86.19

-3.17

±31.71

S&SV9

128.79

-69.10

0.05

±21.17

The main bathymetric features of the area in Newfoundland are the Grand Banks
of Newfoundland, the Nose and Tail of the Banks, the Flemish Cap, the Newfoundland
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Seamounts, the Southeast Newfoundland Ridge and the Milne Seamounts as shown in
Figure 4.20. The input gravity data to the bathymetry estimation method come from the
KMS99 field and are depicted in Figure 4.20. From that figure we can see positive
anomalies associated with the Milne Seamounts and part of the Nose and Tail of the Banks.
Flemish Cap is well oulined in the gravity field but its signature is not so pronounced. The
Grand Banks themselves have a very weak signal and are not depicted in the gravity
anomaly field at least with a strong positive gravity signal as expected, while the
Newfoundland Ridge is not clearly distinguished. Finally, the Newfoundland Seamounts in
the middle of the area cause a strong increase in gravity, compared to their surrounding
features, and are thus visible. It is evident that a big part of the Grand Banks is not depicted
in the gravity field probably due to the isostatic compensation of its long-wavelength
shallow bathymetric features, while the medium depth feature in the Northwest end of the
area has a much stronger negative signature to the gravity field comparing to the deeper
neighboring areas, which are probably isostatically compensated.

Figure 4.20: The main bathymetric features (left) (S&SV9 model) and the observed
KMS99 gravity-anomaly field (right) in Newfoundland.
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4.4.1

Two-layer model

As in the MAR test area the number of the KMS99 gravity anomalies that would enter the
LSC procedure is 90601 requiring a size of core computer memory, which was not
available. For that reason, and in order to reduce the number of observations we sampled
again the KMS99 data at an 8¢´8¢ grid, instead of the original 2¢´2¢, resulting in 5776 data
points. For the two-layer test, the a-priori statistical characteristics of the interface are those
from Table 4.25 (mean and σ value for the S&SV9 model) with a constant density contrast
between the upper lithosphere and the seawater of ∆ρ=1.67 g/cm3 and a correlation length
of the depth CV function of ξ=50 km. The gravity response of the interface having these
statistical characteristics produced a CV function with considerably larger variance and
correlation length than that of the observed gravity data (see Figure 4.21). This is an
indication of the isostatic compensation of the bottom ocean topography in the area, i.e.,
long-wavelength bathymetry features are not depicted in the gravity field, resulting in
considerably smaller variance and correlation length for the gravity anomalies. After
several trials, a σ of 370 m and a correlation length of 40 km gave a very good fit between
the empirical and the model CV functions (see Figure 4.21). The two-layer statistical model
was finally based on a varying topography with -3.3233 km mean depth, depth σ of 0.37
km, correlation length equal to 40 km and a density contrast of 1.67 g/cm3. Using the
proposed bathymetry estimation method, we achieved a very good agreement between
observed gravity and the gravimetric response of the new estimated bathymetry model.
After three iterations a ±0.86 mGal agreement was achieved which is considered
satisfactory taking into account the noise level of the KMS99 data (10 mGal). The
statistical characteristics of the new bathymetry model are presented in Table 4.27 and the
new model is depicted in Figure 4.22. Comparing Figures 4.20 and 4.22 we can see that the
main bathymetric features of the area depicted by the S&SV9 model are preserved in our
estimate. As it was expected, the Grand Banks, and the deep long-wavelength bathymetric
features dominating the central and Western part of the area are not well depicted, due to
their isostatic compensation. All other features are present but their depths are
underestimated, since their gravimetric signature is not strong. But we can see that all the
structures that have a signature in the gravity field are shown.
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Table 4.27 Statistics of the new two-layer bathymetry model in Newfoundland. Unit: [m]
No
max
min
mean
σ
7344
-720.00
-4620.00
-3125.16
±392.97

Figure 4.21: Empirical (solid line) and model (dashed line) CV functions, using the apriori statistical characteristics (top) and the modified parameters
(bottom) for the two-layer model in Newfoundland.

Figure 4.22: The new two-layer bathymetry model in Newfoundland.
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4.4.2

Three-layer model

In the second test, we assumed a three-layer model with the a-priori statistical
characteristics shown in Table 4.28. The gravity response of the interface having these
statistical characteristics produced a CV function with bigger variance and correlation
length than that of the observed gravity data. After several trials, the modified parameters,
presented with boldfaced numbers in Table 4.28, provided a very good agreement between
the empirical and the model CV functions. Using these modified parameters and the input
gravity data, the estimation of the new bathymetry model was carried out. After three
iterations, a sub-mGal agreement between the observed and the calculated gravity field was
achieved. The statistical characteristics of the bathymetry model having this gravimetric
response are shown in Table 4.29.
Table 4.28 A-priori and modified statistical characteristics for the three-layer model in
Newfoundland. Unit: [km]
∆ρ (g/cm3)
Interface
mean
σ
ξ
corr.
-3.32
1.67 0.60
50 50
1.67
1
1
-25 -18
2
1
50 40
0.6
-1 -1
2
Table 4.29 Statistics of the new three-layer bathymetry model in Newfoundland.
Interface
max
min
mean
σ
1 (in m)
-230.00
-5460.00
-2940.70
±604.02
2 (in km)
-11.40
-23.30
-16.52
±1.11
The new three-layer model, as well as its isostatic response, is depicted in Figure
4.23, where we can see that the main depth features of the area under study are shown. By
introducing the Moho interface the shallow bathymetric features associated with the Milne
and Newfoundland Seamounts, the Nose and Tail of the Bank and the Flemish Cap are
more clearly depicted. Additionally, an unnamed seamount East of the Flemish Cap is more
pronounced. The main problem with that model is that still the Grand Banks of
Newfoundland are not clearly visible. The Northwestern edge of the area has now deeper
features in contrast to the, physically deeper, features in its East, which remain not well
depicted. Thus, we can see again the main disadvantage of an altimetry-derived bathymetry
model, which is to show depth features not properly presented in the gravity field.
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Figure 4.23: The new three-layer bathymetry model in Newfoundland (left) and its
isostatic response (right).
4.4.3

Combined solution

In Newfoundland the number of the KMS99 gravity observations is 90601 while the depth
soundings offer 140350 measurements. Thus, the total number of observations that would
enter the LSC procedure is 230951 requiring approximately 430 GB of core computer
memory, which was not available. For that reason, and in order to reduce the number of
observations we sampled again the KMS99 data on an 8¢´8¢ grid, instead of the original
2¢´2¢, resulting in 5776 data points and then selected every 28th point of the depth
soundings, resulting in 5012 measurements. In that way the total number of observations
reduced to 10637 needing approximately 1 GB of core memory. The remaining 129713
soundings comprise a comparison dataset that will be used to validate all the estimated
bathymetry models.
The estimation procedure is carried out in the same way as previously described
for the combined solutions in Gavdos and MAR, meaning that we assume a two-layer
model and the model CV function of the gravimetric response of the bottom ocean
topography is fitted to the empirical CV function of the observed gravity to estimate the
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necessary depth a-priori statistical characteristics needed by the bathymetry estimation
method. For the combined model, the a-priori statistical characteristics of the interface
needed by the estimation method are those in Table 4.25 for the S&SV9 model (mean and
σ value) with a constant density contrast between the upper lithosphere and the seawater of
∆ρ=1.67 g/cm3 and a correlation length of the depth CV function of ξ=50 km. The model
and empirical CV functions characteristics are the same as the ones described for the twolayer model, thus the two-layer combined statistical model was finally based on a varying
topography with

-3.3233 km mean depth, depth σ of 0.37 km, correlation length equal to

40 km and a density contrast of 1.67 g/cm3. Using as input in the iterative LSC procedure
the KMS99 gravity data and the depth soundings and after three iterations we achieved a
±1.15 mGal agreement between the gravimetric response of the estimated bathymetry
model and the observed gravity data. The statistical characteristics of the bathymetry
having this gravimetric response are shown in Table 4.30 and the estimated depth model is
depicted in Figure 4.24.
Table 4.30 Statistics of the new combined bathymetry model in Newfoundland. Unit: [m]
No
max
min
mean
σ
7344
-48.08
-5326.42
-3107.09
±1465.29

Figure 4.24: The new combined bathymetry model in Newfoundland.

154
Comparing the bathymetric features of Figures 4.20, 4.22, 4.23 and 4.24 we can
see that the combined use of gravity and depth soundings manages to give a considerably
better representation of the true bathymetry, since the Grad Banks of Newfoundland and the
Flemish Cap are now better presented. Additionally, the Milne and Newfoundland
Seamounts are preserved from the altimetry solutions and the dominant deep bathymetric
features in the west part of the area are mode clearly seen. The important outcome that this
combined solution offers, is that the characteristics of the altimetric solutions are retained
and constrained to the true bathymetry by the depth soundings. In this way, the isostasy of
the area is inherently taken into account. Some shipborne track-like features in the center of
the area are visible indicating regions where the depth soundings contained blunders. An
additional reason for these tracks should be attributed to the combination of the sparse
soundings in that area with the dense altimetric gravity anomalies. Since the model CV
function is fitted to the empirical CV function of the gravity and the soundings are not
evenly distributed to constrain the estimated depths for the entire area, we see track features
in areas where shipborne depths were available. On the other hand, over the eastern shallow
areas, where the soundings are evenly distributed, they manage to constrain the altimetric
bathymetry model better.
4.4.4

Validation of estimated models

In order to assess the improvement in the estimation of the bottom ocean topography and its
gravimetric response that the new models offer in the Newfoundland region, the same tests
as in the other two areas were carried out. The first validation test consists of comparisons
of the estimated bathymetry models with the global DDMs and the shipborne depth
soundings while the second test refers to the validation of the new models in terms of the
smoothing they provide when used through an RTM reduction of shipborne gravity data in
a remove-restore procedure for gravity field modeling. In Table 4.31 we present the
statistics of the GEODAS soundings used for the validation procedures (the remaining
129713 soundings not used in the estimation) as well as their differences with the global
DDMs and the three estimated bathymetry models. In that Table we represent the two-layer
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bathymetry model as TEST1, the three-layer model as TEST2 and finally the combined
solution as TEST3.
Table 4.31 Statistics of shipborne depth soundings and their differences with the global
DDMs and the estimated bathymetry solutions in Newfoundland. Unit: [m]
Model

min

mean

σ

-12.00

-5666.00

-2699.92

±1764.85

GEODAS-S&SV9

4876.63

-2587.85

9.80

±124.25

GEODAS-JGP95E

4839.91

-2577.08

-6.96

±169.12

GEODAS-TEST1

-8.95

-5662.71

-2697.00

±1765.17

GEODAS-TEST2

4115.06

-2600.93

157.24

±1547.71

GEODAS-TEST3

4604.33

-3054.04

-2.44

±127.08

GEODAS

max

From Table 4.31 we can see that the global models agree very well with the depth
soundings since the specific data have been used in their development. The mean value
ranges between -7 to 10 m while the σ is approximately at the ±125 m for S&SV9 and ±170
m for JGP95E. The estimated two-layer model presents high differences with GEODAS
with a mean value at the -2.7 km level and a σ of ±1.7 km. This is expected, since the
soundings haven’t been taken into account in the solution and the variance of the model CV
function was fitted to agree with that of the observed KMS99 gravity field. From Figure
4.25 it can be seen that the two-layer model cannot represent the shallow features in the
West end of the area and the deep characteristics in the eastern part. It is a clear indication
of the unwanted effects that an isostaticaly compensated bathymetry can have in its
prediction from altimetry data. The estimated bathymetry has a gravimetric response that
agrees very well with the observed gravity data, but it doesn’t manage to provide realistic
estimates of the true bathymetry of the area. For the three-layer test we see that the
differences are big again but the mean value decreases to almost 157 m indicating that the
introduction of the third layer accounted for some of the long-wavelength features of the
bathymetry and removed part of the systematic differences between the depth soundings
and the altimetry-derived bathymetry. Finally, the combined bathymetry model has the
overall best agreement, mean of -2 m and σ of ±127 m, with the shipborne depth soundings,
since part of the GEODAS data have been included in the LSC. Additionally, if we see the
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mean value of the differences and relate it to the σ value of the combined model we can
conclude that a major part of the mean differences has been removed by using the depth
soundings in the estimation and the estimated bathymetry has been constrained by the
shipborne data. Overall, the combined model provides again good proof that when
altimetry-derived gravity and depth soundings are combined a more accurate, in terms of
the agreement with the shipborne data, solution is achieved. It is also clear that the main
problems of an altimetry-derived bathymetry model, even if a more or less realistic model
about the bathymetry is used, relates to the long-wavelength isostatically compensated
depth features. But the estimated models provide in all cases smoother results when used in
an RTM reduction, proving their appropriateness for gravity field modeling, which is the
reason they were developed for.

Figure 4.25: Bathymetric differences between GEODAS and the two-layer (left) and
combined (right) models in Newfoundland.
In Table 4.32 we present the statistics of the differences between the global DDMs
and the estimated bathymetry models. It can be clearly seen that the differences between
the global DDMs and the altimetry-only solutions are very big ranging between -4.4 km
and 3.4 km, with a σ at the ±1.5 km level. These very high differences are concentrated
once again in the very shallow and deep areas of the region not depicted in the gravity field.
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When the depth soundings are employed in the solution the standard deviation of the
differences improves significantly (±465 m and ±472 m for the comparisons with S&SV9
and JGP95E models respectively) something attributed to the use of the shipborne depth
soundings in the combined solution, which constrain the altimetry-derived bathymetry
model.
Table 4.32 Statistics of differences between the global DDMs and the estimated bathymetry
models in Newfoundland. Unit: [m]
Model

max

min

mean

σ

S&SV9-TEST1

2151.42

-4102.42

228.46

±1597.06

S&SV9-TEST2

2348.07

-4442.42

419.92

±1491.29

S&SV9-TEST3

3440.58

-3094.86

253.96

±465.33

JGP95E-TEST1

2138.92

-4096.29

-206.28

±1541.14

JGP95E -TEST2

2808.92

-4436.29

-390.73

±1488.15

JGP95E -TEST3

3428.38

-3092.25

231.57

±472.03

For the second set of validation tests in Newfoundland, 97474 shipborne gravity
anomalies were used to assess the improvement in bathymetry estimation. In Table 4.33,
we present the statistics of the gravity anomalies referenced to EGM96 as well as the RTMreduced ones. The estimated as well as the S&SV9 models perform equally well, but they
manage to smooth the data by only 3% in terms of the σ improvement. For all models the
mean value increased, while the use of JGP95E increased significantly both the mean and σ
of the residual gravity field, signaling the errors included in its estimation. The reason that
the mean value didn’t decrease further can be found in the fact that it is almost 0 mGal
before the RTM reduction. This means that EGM96 contains almost all of the long and
medium wavelength features of the gravity field in that area. Additionally, the accuracy and
resolution of all models is not so high that would allow smoother RTM reduced gravity
anomalies. In terms of the standard deviation, the bathymetry estimates managed to
decrease it marginally, and this can be attributed to errors included in the models due to the
altimetry and/or shipborne depth data, as well as to unknown geophysical signal in the area
that wasn’t taken into account and properly modelled. In Figure 4.26 we depict the RTMreduced gravity anomalies using the estimated two-layer and S&SV9 models. The
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superiority of the new model can be seen in the area of the Milne Seamounts, where it
manages to smooth further the strong positive anomalies associated with that feature.
Table 4.33 Statistics of the EGM96-reduced and RTM-reduced sea-gravity data (97474
values). Unit: [mGal]
TEST3
JGP95E
Model
∆gf red
TEST1
TEST2
S&SV9
0.23
-3.17
-0.02
-0.37
-0.63
0.05
mean
21.89
21.24
21.56
21.37
31.71
21.17
σ
3.1%
1.5%
2.5%
-44.8%
3.3%
std improv.

Figure 4.26: RTM-reduced shipborne gravity anomalies using S&SV9 (left) and the
estimated two-layer model (right).

4.5

Summary

Numerical investigations for the improvement in the estimation of the ocean bottom
topography and its gravimetric response using multi-satellite altimetry-derived gravity data
and shipborne depth soundings have been presented in three test areas. The new local
altimetry-only and combined models provide smoother residual gravity and SSH fields
when used through an RTM-reduction for gravity field modeling. When shipborne depths
are implemented in the solution, the models do not only provide an improved gravimetric
response but a more realistic model of the true bathymetry as well.
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The main objective of the bathymetry estimation, i.e., the development of depth
models that will provide smoother residual fields when used in geoid determination and
gravity field modeling to account for the bathymetric masses, has been met since the new
local models evidently perform, in all cases, almost 50% better than the best of the global
ones does. Additionally, the advantage of using altimetry data to estimate the ocean
bathymetry in areas where depth soundings are sparse or non-existent has been presented.
The regular bathymetric grid of this study, JGP95E, used in the development of EGM96,
has been outperformed by the altimetry-derived solutions, which illustrates the fact that
such global models should be used in gravity field modeling with caution, since in most
cases they do not manage to smooth the data or they perform marginally. As an example we
mention the last test area in Newfoundland, where JGP95E increased the mean and σ
values of the residual gravity anomalies by almost 10 mGal and 3 mGal, respectively.
The estimated local bathymetry models using altimetry-derived gravity data and
the proposed bathymetry estimation method provide bottom ocean topography information
with an improved gravimetric response. The only disadvantage of the method is faced when
some of the bathymetric features in the area under study are not depicted in the gravity
field, either because they are isostatically compensated or buried by sediments or have
wavelengths smaller than about 4km. In these cases, the estimated bathymetry might not
represent the aforementioned features, and either over or underestimates them. When a
three-layer model is used to represent the structure of the Earth, with the second interface
being the isostatic response of the bottom ocean topography, some of these features are
slightly recovered. The solution to that problem, and if a realistic and more accurate
bathymetry is needed e.g. in areas where soundings are available, is to use in the LSC
procedure not only gravity but depth soundings, as well. The soundings constrain the
altimetry-derived bathymetric estimates and since they inherently contain information
about the isostasy in the area they account for that, as well.
The two-, three-layer and combined bathymetry models developed in this section
can be used in gravity field modeling to account for the attraction of the bathymetric
masses, to fill areas where depth soundings are sparse or non-existent, and in geophysics
when Bouguer anomalies are needed for oil and resource exploration.
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CHAPTER FIVE

DYNAMIC OCEAN TOPOGRAPHY MODEL COMPARISON

5.1

Introduction

This chapter presents the comparisons between available global Dynamic Ocean
Topography (DOT) models both in global and regional scale and in terms of the power of
their coefficients. We aim at determining the most appropriate model to derive the QSST
information for the correction of altimetric SSHs and the free-air reduction of shipborne
gravity data. The comparisons will be carried out in a global scale and in two regions of
interest i.e. the entire Mediterranean Sea and the North Atlantic Ocean, since the selected
test areas for the subsequent geoid and gravity field modelling are located in these two
regions. Finally, since all models come in terms of a spherical harmonics expansion of the
DOT, we present a brief comparison of their power. This latter test will provide the
foundations and a very good insight of the final part of this thesis, which refers to the
determination of QSST from altimetry and shipborne gravity data and the detection of
residual SST signal above harmonic degree n=10-20.

5.2

Sea surface topography model comparison

The available DOT models have been presented in paragraph 3.8 and consist of five global
solutions with the first two representing expansions of the Levitus DOT to maximum
degrees nmax=15 and 20 (these models will be called LEV15 and LEV20 respectively) and
computed by Engelis (1984, 1985). The Levitus DOT estimates (Levitus, 1982) have been
derived from available worldwide oceanographic data and have been computed with
respect to a reference surface. Levitus (1982) tested different surfaces of no motion and he
found that the most appropriate one was that of 2250 db (1 dynamic bar ≈ 1 m). Engelis
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(1984, 1985) used the Levitus DOT to derive expansions of the SST in terms of spherical
harmonics to degrees n=15 and 20, with the problems of such representations being already
discussed in Chapter Three. Another solution using the Levitus maps and SEASAT data has
been presented by Engelis (1983) representing a spherical harmonics expansion of the DOT
to degree 60. In this solution, from now on called OSU83, Engelis (1983) did not fill the
land areas with zeros, as for the previous two models, but computed the coefficients with a
least-squares fit to the Levitus DOT estimates. The next model represents a spherical
harmonics expansion of the DOT to degree 20, computed during the simultaneous
adjustment of the EGM96 geopotential model, thus the model will be called EGM96
(Lemoine et al., 1998). For the development of that model, orthonormal base functions
specified over the oceanic domain only and derived from surface spherical harmonics have
been used as base functions, while altimetry data from the SEASAT, ERS1 and GEOSAT
missions together with oceanographic data from the POCM-4 ocean circulation model have
been implemented. The final DOT model was derived by Pavlis et al. (1998) using POCM4 ocean circulation data and Proudman Functions, instead of surface spherical harmonics,
in an expansion of the SST to degree 30. From now on this DOT solution will be called
POCM-4 model. The first four models represent a QSST derived with purely geodetic
techniques and thus represent a long-term, constant over short time periods, DOT. The
latter model, uses primarily oceanographic data and is derived from an oceanographic
perspective. For that reason, as we will see in the model comparisons, the POCM-4 model
gives a more or less different representation of the DOT.
5.2.1

Global comparison

For the numerical comparisons on a global scale, and since the EGM96 geopotential model
used in this study represents an expansion to degree 360, we decided to carry out all the
computations on a 30′×30′ global grid. Thus, from each model we estimated SST values on
a global grid of 30′ resolution, resulting in 260281 observations of the SST signal over the
entire Earth. In Table 5.1, the statistics of the SST models in a global scale are presented.
The models from the expansion of the Levitus maps to degrees n=15 and 20 are, as
expected, very close to each other providing the smaller range for the SST at the 2.4 m. The
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expansion to degree n=60 gives a range of 2.8 m, indicating that more part of the signal is
included in that representation. The same results hold for EGM96, range at the 2.9m level,
but the expansion of the model is up to degree n=20, which means that the model contains
more information than OSU83. Finally, the POCM-4 model gives a range of 4.4 m with
statistics different in magnitude from the other models, indicating its different origin. From
the EGM96 model we can see that in global scale the DOT ranges between -1.9 m and
1.1m with the minimum value located across the Antarctic Circumpolar Current (ACC).
Table 5.1 Statistics of DOT estimates from the available models in a global scale. Unit: [m]
Model

max

min

mean

σ

LEV15

0.938

-1.498

-0.368

±0.666

LEV20

0.915

-1.486

-0.368

±0.667

OSU83

1.058

-1.838

-0.138

±0.511

EGM96

1.071

-1.862

-0.261

±0.750

POCM-4

2.295

-2.129

0.014

±0.825

Table 5.2 presents the differences between the models, using EGM96 as a
reference. The differences were formed as ζEGM96-ζi where i represents the other models.
We believe that EGM96 provides the best representation of the QSST to be used in gravity
field modeling, since altimetry data, known for their accuracy, have been used in its
development and its geopotential counterpart is known as the most representative and
accurate model available nowadays. Moreover, since the EGM96 geopotential model will
be used to represent the low frequency part of the gravity field signal, we believe that for
compatibility reasons, its DOT model should be implemented in the correction and
reduction of the available SSH and shipborne gravity data. The POCM-4 model may
provide an equally good representation of the DOT, but its origin from oceanographic data
raises some questions on its use for gravity field modeling i.e. whether we can use a model
developed from dynamic data, under the assumptions of hydrostatic equilibrium and
geostrophic flow of a fluid, for the determination/modeling of an equipotential surface,
which is considered as constant over time. As we have already mentioned, that point of
interaction between geodesy and oceanography needs further research and it is beyond the
scope of this thesis to provide an answer and/or solution. For these reasons, the EGM96
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DOT will be used as reference in all comparisons and in the gravity field approximation
studies to follow. From Table 5.2 we can see that the differences between EGM96 and the
POCM-4 model are relatively big reaching a minimum value of -4.1 m in the South Pole
where the ACC flows. This is something expected, since the ocean circulation data used in
the development of POCM-4 represent better that current. From the comparisons between
EGM96 and the three expansions of the Levitus DOT it is evident that by increasing degree
of expansion the σ of the differences increases. That is ± 37 cm for LEV15 and LEV20 and
±66 cm for OSU83. This might be an indication of errors in the coefficients above degree
n=20. Additionally, it can be attributed to the smaller power of the OSU83 model, since the
coefficients were forced to fit the Levitus SST estimates with a least-squares adjustment,
which resulted in loss of power. That loss of power resulted from the fact that many areas
around the world, such as the Northernmost and Southernmost regions, the Mediterranean
and Black Sea, etc., were excluded from the solution since no data were available.
Table 5.2 Global DOT differences between the available models. Unit: [m]
Model

max

min

mean

σ

EGM96-LEV15

1.348

-0.656

0.101

±0.367

EGM96-LEV20

1.348

-0.628

0.102

±0.369

EGM96-OSU83

1.676

-2.097

-0.127

±0.655

EGM96-POCM-4

0.648

-4.067

-0.279

±0.875

5.2.2

Comparison in the Mediterranean Sea

Focusing now our attention to the regional comparisons, Table 5.3 presents the statistics of
the DOT models for the Mediterranean Sea in an area bounded by 0o ≤ φ ≤ 40o and 30o ≤ λ
≤ 45o. The importance of performing these comparisons for the Mediterranean Sea lies in
the inherent problems that all altimetric and oceanographic methods have to collect reliable
data in such regions. The existence of many island formations coupled by the sparseness of
oceanography related data make DOT modelling difficult. As an example we mention that
for the development of LEV15 and LEV20 Engelis (1984) used only 282 observations in
the entire Mediterranean Sea. From Table 5.3 we can see that the LEV15 and LEV20
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models are very close to each other, while the QSST in the area, according to EGM96,
ranges between -0.15 and –0.74m with a σ of ±16 cm. OSU83 gives some unreasonably big
σ value at the ±32 cm (double than that of EGM96) and a minimum of -1.2 m which
deviates from EGM96 by 40cm. POCM-4 provides the smaller estimates of the DOT
between -6 cm and 6 cm with a σ of only ±2 cm. This is something expected, since only a
few shipborne tracks of oceanographic data are available for the entire area, thus they
cannot represent the overall circulation of the Mediterranean Sea. In Table 5.4 we present
the differences between the DOT models in the Mediterranean Sea. Figure 5.1 depicts the
DOT in the Mediterranean according to EGM96 and POCM-4 as well as their differences.
Table 5.3 Statistics of DOT estimates from the available models in the Mediterranean Sea.
Unit: [m]
Model

max

min

mean

σ

LEV15

0.027

-0.384

-0.175

±0.102

LEV20

0.020

-0.374

-0.186

±0.095

OSU83

0.154

-1.170

-0.483

±0.319

EGM96

-0.149

-0.743

-0.523

±0.156

POCM-4

0.061

-0.052

0.004

±0.026

Table 5.4 DOT differences between the available models in the Mediterranean Sea. Unit:
[m]
Model

max

min

mean

σ

EGM96-LEV15

0.051

-0.656

-0.348

±0.207

EGM96-LEV20

0.045

-0.628

-0.348

±0.206

EGM96-OSU83

0.650

-0.860

-0.040

±0.390

EGM96-POCM-4

-0.160

-0.746

-0.527

±0.149

From Table 5.4 the outcomes for the models from the Levitus expansions drawn
for the global case hold again, i.e. the σ of the differences increases with increasing degree,
reaching the ±39 cm for OSU83, while for that model the mean value of the differences is
only -4 cm which is due to the equivalently high maximum and minimum values. The best
agreement is found with POCM-4 with a σ being at the ±15 cm. The mean value though is
quite large, -53 cm, indicating that a major part of the signal is underestimated by POCM-4.
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Figure 5.1: DOT in the Mediterranean Sea according to EGM96 (top), POCM-4
(middle) and their differences (bottom).
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The latter can be confirmed from Figure 5.1 where it is clearly seen that even though the
POCM-4 model follows very well the general circulation patter of the Mediterranean, it
represents only a small part of the total QSST signal. In recent studies conducted in the
Eastern part of the Mediterranean Sea using ERM altimetry data, (Andritsanos et al., 2000),
it was shown that the QSST in that area has a σ of approximately ±34 cm and a range of
almost 2.2 m. Thus, we can conclude that the POCM-4 model cannot provide the full
correction and reduction needed for gravity field modeling using altimetry and gravity data.

5.2.3

Comparison in the North Atlantic Ocean

For the comparisons in the North Atlantic Ocean, an area bounded by 0o ≤ φ ≤ 70o and 270o
≤ λ ≤ 360o has been selected. Since this area is in the open ocean, it can give good insight
on the performance of the models in regions where altimetric methods perform their best
and

oceanographic

data

present

their

densest

coverage/distribution

worldwide.

Additionally, North Atlantic has high ocean dynamics, which can probably attribute to
differences in the models. In Table 5.5 we present the statistics of the available DOT
models and in Table 5.6 their differences.
From both Tables it is evident that the models agree much better compared to their
statistics in the Mediterranean Sea, since for all models the DOT ranges between -1.2 m
and 36 cm with a mean value of about 16 cm and a σ of ± 30 cm. The only exceptions are
the Levitus expansions to degrees 15 and 20, probably due to the use of zeros to fill in land
areas, which forced the harmonics to rapidly change close to the coastlines. POCM-4 gives
Table 5.5 Statistics of DOT estimates from the available models in the North Atlantic
Ocean. Unit: [m]
Model

max

min

mean

σ

LEV15

0.231

-1.088

-0.364

±0.398

LEV20

0.234

-1.103

-0.365

±0.399

OSU83

0.241

-1.162

-0.129

±0.245

EGM96

0.358

-0.974

-0.162

±0.299

POCM-4

0.318

-1.357

-0.156

±0.319
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Table 5.6 DOT differences between the available models in the North Atlantic Ocean. Unit:
[m]
Model

max

min

mean

σ

EGM96-LEV15

0.887

-0.167

0.202

±0.187

EGM96-LEV20

0.853

-0.136

0.201

±0.192

EGM96-OSU83

0.545

-0.668

-0.033

±0.233

EGM96-POCM-4

0.479

-0.502

-0.003

±0.189

the overall best agreement with EGM96 with the σ of the differences at the ±19 cm and the
mean value at -3 mm. The good agreement between the models can be seen from Figure
5.2, where the DOT for each model as well as their differences is presented.

Figure 5.2: DOT in the North Atlantic Ocean according to EGM96 (top left), POCM-4
(top right) and their differences (bottom).
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From Figure 5.2 we can see that the main differences between EGM96 and
POCM-4 are located in areas close to dry-land regions, where altimetry, ocean circulation
and oceanographic data suffer, and in the northernmost regions. The latter is expected since
altimetry data are available only up to about 70o North and some of these regions are
seasonally or permanently ice covered. The differences in the central, purely oceanic, part
of the region are close to 0 m with the exception of the pronounced ocean depression in the
area between Newfoundland, Greenland and Iceland. This is associated with the North
Atlantic gyre created due to the convergence of the southeast-going Labrador Current, the
southwest-going East Greenland Current and the cyclonic Inrminger Current in the area
between England and Icealnd. For EGM96 the depression is closer to Newfoundland while
for POCM-4 it is shifted eastwards, creating the depicted difference.
5.2.4

Comparison of models’ power

A last comparison between the available DOT models is performed in terms of the power
of their coefficients. Thus, for each model we computed the by-degree ζn and cumulative Z
power spectrum of the DOT models as
n

[(

*SST
ζ n = ∑ C nm
m =0

) + (S ) ]
2

SST 2
nm

(5.1)

and
n

Zn = ∑ ζ l

(5.2)

l =1

*SST
SST
, Snm
are the fully normalized DOT spherical harmonic coefficients. In
where C nm

Figure 5.3 we present the cumulative and by degree power spectrum of the EGM96,
POCM-4, LEV15, LEV20 and OSU83 DOT models. For EGM96, almost 96% of its power
is found up to degree n=6, since above that limit the coefficients have very small values.
For POCM-4, this limit is a bit higher and is met to degree n=11, where almost 98% of the
signal’s cumulative power is collected. Of course, this is expected since the expansion of
the POCM-4 model goes to higher degree than that of EGM96 and more data have been
used, so the coefficients are expected to have more power.
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Comulative and by degree power spectrum of LEVITUS DOT (in cm2)
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(e)
Figure 5.3: Cumulative and by degree DOT power spectrum according to the EGM96
(a), POCM-4 (b), LEV15 (c), LEV20 (d) and OSU83 (e) models.
The cumulative power of both EGM96 and POCM-4 is at the 3600 cm2 (3622 cm2 for
EGM96 and 3614 cm2 for POCM-4), even though they represent expansions of the DOT to
difference maximum degrees. A first conclusion for the two models, would be that
representations of the SST up to harmonic degree n=10, which roughly corresponds to 4000
km, are enough to depict the full QSST signal.
The two expansions of the Levitus data show almost identical characteristics with
cumulative power of approximately 3100 cm2 (3123 cm2 for LEV15 and 3135 cm2 for
LEV20) and the signal being almost totally represented up to harmonic degree n=10. These
two models have smaller power than the previous ones, something that can possibly be due
to the smaller amount of data used for their development and the lack of observations in
polar and closed sea areas. Additionally, the fact that the harmonics were forced to zero
when approaching the coastline probably affected the cumulative power of the signal.
Finally, OSU83, which represents the higher order expansion of the DOT (n=60), has the
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smallest cumulative power equal to 1867 cm and presents most of its power up to degree
20, which corresponds to approximately 2000 km. As mentioned before, the model has
smaller power probably due to the least-squares fit of the coefficients to the Levitus DOT
over the oceanic regions. The Levitus DOT does not contain data close to the coastline
where geostrophic currents are strong due to tidal effects and as a result the SST signal
represented by OSU83 has less power.
A general conclusion from the analysis in this paragraph indicates that all models
imply the existence of the QSST signal up to a harmonic degree 10 or 20 at the best case,
which correspond to wavelengths of about 4000 and 2000 km respectively. The QSST is
known to represent the long-wavelength, constant over small time period, part of the total
SST signal, but one question that arises at this point is whether it is possible to identify part
of the signal of smaller wavelength. To answer that question, we will estimate residual
QSST, using the EGM96 model as a reference field. As it will be shown in the relevant
analysis for the geodetic determination of the QSST, it is possible, using GM altimetry and
shipborne gravity data, to estimate such residual QSST of frequencies higher than n=20 and
thus derive a more complete representation of the total quasi-stationary sea surface
topography.

5.3

Summary

A comparison between five global DOT models representing expansions of the SST in
spherical harmonics has been presented, aiming at providing insight of their differences in
both global and regional scales. The Mediterranean Sea and the North Atlantic Ocean have
been examined in detail due to their different nature and since the following gravity field
approximation experiments will be carried out in these regions. The models have problems
and contain high differences, compared to the magnitude of the QSST itself, not only in
closed sea areas but in the open ocean, as well. Their highest differences are found in the
Mediterranean Sea, where both altimetric and oceanographic data collection and processing
is problematic. Smaller differences, compared to these in the Mediterranean Sea, were
found in North Atlantic, since this is an open ocean area. Finally, a main part of the
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differences between the DOT models was located close to the coastline, something
expected due to the inefficiency of both altimetric and oceanographic data in such regions.
It was concluded that the EGM96 DOT model provides the most reliable information and it
was decided to use it for the correction of altimetry SSHs and the reduction of shipborne
gravity data.
Additionally, all models imply that a harmonic expansion of the QSST up to
degrees n=10-20 can sufficiently model the full spectrum of the signal, since almost 9698% of the signal’s power is found up to these wavelengths. Based on this, and aiming at
providing a more complete representation of the QSST, altimetry SSHs and shipborne
gravity data will be used in the test areas of Gavdos and Newfoundland in an attempt to
investigate if some residual QSST field remains and whether it can be detected and
properly modelled.
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CHAPTER SIX

GEOID MODELING

6.1

Introduction

This chapter presents the numerical investigations for geoid determination using multisatellite altimetry and shipborne gravity data. The numerical computations were carried out
in two areas, the one close to the island of Gavdos, Greece and another close to the island
of Newfoundland, Canada. For both areas, a number of experiments consisting of a)
altimetric solutions using ERS1 and GEOSAT data, b) a gravimetric geoid using available
shipborne gravity and c) a combination solution using all three datasets and the IOST
method will be presented. For each one of them the need for crossover adjustment to
eliminate the radial orbit error and part of the sea surface variability, the low-pass filtering
to reduce part of the SSV, as well as the effect of using different bathymetry models to
RTM-reduce the data will be investigated. It should be mentioned that the ERS1-GM data
from AVISO have already been crossover adjusted using T/P SSHs and the improved JGM3 orbits. For that reason it would not be correct to crossover adjust them again, thus the
crossover adjustment experiments refer to the GEOSAT data only. All geoid models will be
validated through comparisons with regional gravimetric geoid models (GEOMED for
Gavdos and CGG2000 for Newfoundland) and stacked 3rd year T/P SSHs.

6.2

Geoid modeling in Gavdos

For the geoid modelling investigations in Gavdos we will first present the altimetric
solutions, then the gravimetric one and finally the combined results using system theory.
The procedure followed for each case has been already presented in Chapter Three and is
schematically depicted in Figures 3.2, 3.3 and 3.4.
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6.2.1

Altimetric geoid modeling

The altimetric geoid modelling was carried out using a number of ERS1 and GEOSAT
geodetic mission data (AVISO, 1998; NOAA, 1997). Since the area under study is small
we carried out most of the processing needed in a larger area for the results to be
representative. This area includes the entire Mediterranean Basin bounded by 30o £ φ £ 46o
and 0o £ λ £ 36ο. The selection of a larger area has mostly to do with crossover adjustment,
since in the small area in Gavdos the satellite arcs are very small and the crossover points
not to many.
Altimetric geoid modelling with ERS1 data
The ERS1 data available have been described in Chapter Three and consist of 105105 SSH
measurements. As a pre-processing step all the instrumental and geophysical corrections,
based on the models recommended by AVISO (1998), have been applied. The ERS1 data
do not refer to dry-land regions, since such observations have been already removed by
AVISO using a 100 m bathymetry mask. Out of this number of measurements 8712 refer to
our area under study in Gavdos. Table 6.1 presents the statistics of the corrected ERS1
SSHs for the entire Mediterranean Sea and the Gavdos area, while in Figure 6.1 the
distribution of the sub-satellite tracks is depicted. From Table 6.1 it can be seen that the
range of SSHs values from ERS1 do not present any extreme minimum and maximum
values, which is another indication that the land and close-to-the-coastline data have been
properly removed. As a next step the contribution of the EGM96 geopotential model was
removed from the ERS1 SSHs. The statistics of the referenced to EGM96 residual SSHs
are presented in Table 6.2 for the entire Mediterranean and the Gavdos area.
Table 6.1 Statistics of ERS1-GM SSHs in the Mediterranean Sea and Gavdos. Unit: [m]
max
min
mean
σ
MED
53.60
0.64
31.90
±13.19
Gavdos
34.99
8.41
23.16
±7.52
Table 6.2 EGM96-reduced ERS1 SSHs in the Mediterranean Sea and Gavdos. Unit: [m]
max
min
mean
σ
MED
1.57
-2.06
-0.22
±0.35
Gavdos
1.44
-1.53
0.02
±0.24
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Figure 6.1: Distribution of ERS1-GM SSHs in the Mediterranean Sea.
From Table 6.2 we can see that the EGM96-reduced SSHs present very good
statistics, with a mean of only 2 cm and a σ of ±24 cm. The ERS1-GM SSH statistics have
been presented until now for the entire Mediterranean Sea, so that a comparison with the
relevant GEOSAT-GM SSHs will be possible. Since a crossover adjustment will not be
performed for the ERS1 data, the results for the smaller area in Gavdos will be presented
from now on. As a next step in the processing of the ERS1 data, the SSHs have to be
corrected for the QSST signal and for that reason we used the EGM96 DOT. To the
author’s opinion, there should be no question on whether the altimetry SSHs have to be
corrected for the QSST, since they refer to the sea surface and should be reduced to the
geoid. Of course the question that might arise refers on the DOT model selection (see
Chapter Five and the analysis therein). In Table 6.3 the statistics of the EGM96 QSST,
computed on the ERS1 points, are presented together with the residual SSHs after their
correction for the DOT signal.
Table 6.3 EGM96 DOT and corrected ERS1-GM residual SSHs in Gavdos. Unit: [m]
max
min
mean
σ
SST
-0.02
-0.34
-0.18
±0.09
SSHres
1.61
-1.23
0.19
±0.23
From Table 6.3 we can see that the effect of QSST is represented as a mean plane
with a mean value of -0.18 cm and a σ of only ±9 cm. As a result, the SSHres, after the
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correction for the QSST, have a mean value of 19 cm and a σ of ±23 cm. Since the mean
value of the SSHres is not very small we will not perform now the 3rms test for blunder
detection, but rather RTM-reduced the data first to minimize the mean value. Alternatively,
when no or an inaccurate bathymetry model is available, we can proceed to the 3rms test
assuming that all biases have been removed. Thus, we will form two sets of data i.e. with
and without RTM-reduction. For the RTM reduction the estimated two- and three-layer
models as well as JGP95E have been used. In Table 6.4 we present the statistics of the
RTM-reduced ERS1 SSHs, which are regarded as residual geoid heights Nres. From Table
6.4 we can see that the two new bathymetry models manage to reduce the mean value by
about 4 cm and the σ by 2 cm, while JGP95E increased the σ by approximately 50 cm.
Additionally, JGP95E increased the range of the Nres by about 1.4 m while our models
decreased it by 20 cm. From these results it is evident that the new models perform better
than the global one, since they provide smoother Nres. This is more clearly presented in
Figure 4.11 where we depict the residual RTM-reduced Nres field using the two-layer model
and JGP95E. From that Figure it is evident that the two-layer model manages to smooth the
strong, positive, residual geoid heights associated with Cyrene Seamount, while JGP95E
not only does not smooth the data but also introduces artifacts to the field making it
rougher.
Table 6.4 RTM-reduced ERS1-GM Nres in Gavdos. Unit: [m]
Model
max
min
mean
two-layer
1.09
-1.56
0.16
three-layer
1.18
-1.60
0.15
JGP95E
1.95
-2.25
0.05

σ
±0.21
±0.23
±0.76

In a next step, the 3rms test for blunder detection has been performed for the
unreduced and RTM-reduced residual geoid heights. According to this test, points whose
absolute Nres is greater than three times the rms value of the entire dataset are removed. For
all sets of Nres, no data points have been removed during this test, so that the geoid
prediction, will be carried out using the fields shown in Table 6.3 and 6.4. The ocean
dynamics of the area do not take considerable values, thus as Figure 4.11 depicts, there is
no indication of SSV, which would be depicted as noisy high-frequency information, in the
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residual field. For that reason the data were not low-pass filtered and the formation of grids
was then carried out. As we have already mentioned in Chapter Two, the ERS1-GM data
have a cross-track spacing of about 6-8km, thus the residual geoid height grids were formed
to have a 3¢´3¢ grid increment. These 3¢ grids were formed by gridding the irregularly
distributed ERS1-GM Nres using the described weighted means method with prediction
power two. In Table 6.5 we present the gridded residual geoid heights with and without
RTM reduction and in Table 6.6 the Nres after restoring the contribution of the bathymetry.
It should be noted here that we do not grid the previously computed on the irregular points
RTM-reduction but rather recompute it on the grid nodes. Even though the RTM field is
smooth and gridding is not expected to introduce many errors, it was considered more
rigorous to follow the described path and recompute the RTM-reduction for the gridded
fields.
Table 6.5 Gridded ERS1-GM Nres in Gavdos with and without RTM-reduction. Unit: [m]
Model
max
min
mean
σ
1.53
-1.18
0.19
±0.21
two-layer
1.01
-1.46
0.14
±0.21
three-layer
1.01
-1.50
0.14
±0.21
JGP95E
1.81
-2.18
0.02
±0.76
Table 6.6 Gridded ERS1-GM Nres in Gavdos after restoring the RTM-reduction. Unit: [m]
Model
max
min
mean
σ
two-layer
1.54
-1.18
0.19
±0.22
three-layer
1.55
-1.18
0.19
±0.22
JGP95E
1.58
-1.19
0.19
±0.22
As expected the resulting residual fields are very close to the one where no RTMreduction was used. The σ of these differences is at the 1 cm level when the new models
were used and at the 3 cm level for JGP95E. The meaning of these comparisons, is in terms
of the effect that a bathymetry model has when used in an RTM-reduction, since if the
model is accurate then the solution should be close to the one where no reduction is
performed. This is so because we do not introduce any new frequencies/information to the
solution, thus the removal and restoration of the RTM should virtually have no significant
effect on the Nres field. Of course if some points have been removed, as we shall see in the
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Newfoundland experiments, then the results would vary slightly. The differences
introduced by the various bathymetry models will be more evident when the gravity
anomaly prediction will be carried out, since in that procedure, the smoothness of the field
plays an important role due to the differentiation nature of the inverse Stokes operation.
From the so-derived datasets (see Table 6.5, first row, and 6.6), the final geoid estimation
was carried out by restoring the contribution of the EGM96 geopotential model. The
statistics of the final ERS1 altimetric geoid solution, for the case where the RTM-reduction
was based on the new two-layer bathymetry, is presented in Table 6.7 and the model is
depicted in Figure 6.2.
Table 6.7 Final ERS1-GM altimetric geoid solution in Gavdos. Unit: [m]
max
min
mean
ERS1
N
34.92
8.78
23.51

σ
±7.34

Figure 6.2: Final ERS1-GM altimetric geoid solution in Gavdos.
Altimetric geoid modelling with GEOSAT data
The GEOSAT data available have been described in Chapter Three and consist of 174546
SSH measurements, 14669 out of which refer to Gavdos. As a pre-processing step, all the
instrumental and geophysical corrections have been applied using the models provided by
NOAA (1997). Figure 6.3 depicts the ground-tracks of GEOSAT for the entire
Mediterranean Sea, where we can see that the satellite data points refer not only to oceanic
but to continental regions as well. In Table 6.8 the statistics of these corrected SSHs are
presented for the Mediterranean Sea and the smaller area in Gavdos. Comparing the
statistics of that table with Table 6.1, where the same results for ERS1 are presented, it is
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evident that the GEOSAT dataset contains some unreasonably big and small values which
are considered as blunders and should be removed. To remove the data on land and close to
the coastline, the S&SV9 bathymetry model was used to interpolate depths at the irregular
GEOSAT points and then remove all those points with depths greater than -200 m. The
resulting points were 148691, which represent almost 87% of the raw observations
available (see Figure 6.3). For the Gavdos test area the bathymetry mask resulted in 14519
points being retained, meaning that only 150 points were removed.
Table 6.8 Statistics of GEOSAT-GM SSHs in the Mediterranean and Gavdos. Unit: [m]
max
min
mean
σ
MED
240.15
-286.34
29.55
±13.32
Gavdos
34.86
1.09
23.38
±7.42

Figure 6.3: Distribution of GEOSAT-GM SSHs before (top) and after (bottom) the
bathymetry mask.

182
The statistics of the so-derived SSHs are presented in Table 6.9 for both regions
while the sub-satellite tracks are depicted in Figure 6.3. From that figure it is clear that all
land points, as well as those close to the coastline, have been removed. The -200 m mask is
very strict, since many points in coastal regions are removed. We decided to use such a
limit because our area is located in very deep waters and there wouldn’t be many points
removed from that region. On the other hand, if the test area is located close to the coast,
then a less strict depth limit can be used and the remaining blunders can be removed with
some other kind of test. From Table 6.9 it is evident that some small and big values still
remain in the GEOSAT dataset and that the bathymetry mask cannot totally eliminate all
these blunders. These big values are evidently on deeper than -200m waters and will be
subsequently removed with a 3 rms test. More rigorous tests for gross error removal are
available (see Tscherning, 1990) but we decided to use the 3 rms one due to its simplicity
and good performance.
Table 6.9 Statistics of GEOSAT-GM SSHs in the Mediterranean Sea and Gavdos after the
bathymetry mask. Unit: [m]
max
min
mean
σ
MED
240.15
-286.34
28.86
±13.43
Gavdos
34.78
2.36
23.32
±7.37
After the bathymetry mask, the usual remove-restore procedure for geoid
modelling was followed. Thus, the contribution of the EGM96 geopotential model was
removed and the SSHs were reduced from the sea surface to the geoid using the EGM96
QSST. In Table 6.10 the referenced to EGM96 and corrected SSHres are presented for both
regions. The first row for each region represents the SSH-NGM residuals, while the second
one the SSH-NGM-ςQSST residual geoid heights. It should be mentioned that from the total
148691 points, 2632 were skipped as being to close to the borders of the region or close to
the coastline. As a consequence the interpolation algorithm did not have enough points (the
limit was 10 points) to predict the QSST value and the points under consideration were
rejected. The resulting points were 146059 and 14310 for the Mediterranean and Gavdos
regions respectively. From Table 6.10 we can see that after the EGM96 reduction the main
part of the bias in the data is removed but the σ still remains high. The correction of the
SSHres for the QSST signal reduces further the mean value to about 5 cm and as expected
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did not influence much the σ value. For the smaller area of interest, the results are the same
even though the big minimum value of -15 m is attributed to blunders, which will be
removed later on. Since the mean value of Nres for the entire Mediterranean Sea is very
small we proceeded to a 3 rms test to remove any blunders present in the data. After five
tests no more data were removed resulting in a total number of 144713 and 14220 points
for the Mediterranean and the Gavdos areas respectively. In total 1343 points or 0.92% of
the entire dataset were rejected as being blunders out of which 90 were located in the
Gavdos region (0.63% of the total Gavdos dataset). The statistics of the Nres after the 3 rms
test, for both areas, are presented in Table 6.11, where we can see that the extreme
minimum and maximum values have been rejected, resulting in a 2.5 m range for the
residual field, while the σ has decreased by about ±2.4 m.
Table 6.10 Statistics of referenced to EGM96 and QSST corrected GEOSAT-GM SSHres in
the Mediterranean Sea and Gavdos. Unit: [m]
max
min
mean
σ
GM
SSH-N
212.34
-324.88
-0.47
±2.77
MED
GM QSST
SSH-N -ς
212.79
-324.46
0.05
±2.76
GM
SSH-N
1.49
-18.93
-0.10
±0.33
Gavdos
GM QSST
SSH-N -ς
2.02
-14.82
0.42
±0.31
Table 6.11 Statistics of GEOSAT-GM Nres in the Mediterranean Sea and Gavdos after the 3
rms test for blunder detection. Unit: [m]
max
min
mean
σ
MED
1.26
-1.27
0.16
±0.38
Gavdos
1.26
-1.08
0.42
±0.25
In order to assess the need for crossover adjustment, we used the dataset after the 3
rms test, consisting of 144713 points for the entire Mediterranean Sea, in a bias and tilt
crossover, as described in Chapter Two. This dataset had a total number of 78241 crossover
points from 1682 tracks out of which 908 were North-going ones and the remaining 771
were South-going. The mean and σ values of the crossover dataset before the adjustment
were 0.16 m and ±0.39 m respectively, while after the crossover the mean value decreased
to -0.03 m and the σ increased slightly to ±0.40 m. These results provide evidence that the
radial orbit error of the new improved GEOSAT SSHs is very small and cannot be
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separated by the signal it self. An increase of the σ could signal instabilities in the program
used for the adjustment, but we believe that the 1 cm increase, which actually is 6 mm, are
due to the statistics program and are considered as insignificant. The fact that the standard
deviation did not decrease is a further indication of the improved orbits and of the small
dynamics of the sea in that area. If the SSV was high then part of it would be removed by
the crossover adjustment and the σ would decrease. Even though the mean value decreased,
as expected, to only -3 cm, we decided not to use the adjusted data since the number of
available points for the subsequent geoid modeling is considerably smaller (78241 in
contrast to 144713) and the σ was not improved. For the reduction of the mean value the
RTM method is still available and will be used while a reduction of the σ can also be
achieved. For these reasons we proceeded to the further steps of geoid modeling using the
Nres after the 3 rms test and before the adjustment (See Table 6.11). Since the extended area
was mainly needed for the crossover adjustment, we will present from now on only the
results for the smaller area under study in Gavdos.
The next step of altimetry data processing refers to the RTM-reduction of the Nres
using the estimated models and JGP95E. Again we have two major datasets, one without
RTM-reduction and another with the reduction performed. Table 6.12 presents the statistics
of the RTM-reduced GEOSAT Nres. Comparing Tables 6.11 (last row) and 6.12 we can see
that the two new bathymetry models manage to reduce both the mean value and the σ by
about 4 cm, while JGP95E increased the σ by approximately 50 cm. Additionally, JGP95E
increased the range of the Nres by about 2.5 m while our models decreased it by 6 cm. From
these results, it is evident that the new models perform better than the global one, since they
provide smoother Nres. For better visualization Figure 6.4 depicts the residual RTM-reduced
Nres field using the two-layer model and JGP95E. From that figure, it can be seen that the
two-layer model manages to smooth, almost totally, the strong, positive, residual geoid
heights associated with Cyrene Seamount, while JGP95E not only does not smooth the data
but also introduces many artifacts to the field making it rougher. Additionally, the new
models smooth further the strong negative anomalies associated with the Hellenic and
Ptolemy Trenches close to Gavdos and Crete as well as the positive Nres associated with the
Malta Ridge in the West of the area. Comparing Figures 6.4 and 4.11 it is evident that due
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to the denser spacing of GEOSAT data compared to ERS1 ones, some high frequency
information can be found in the residual field. To our opinion, and since these noisy
features do not have a track-like pattern, it is safe to proceed with those residual fields
without low-pass filtering the data. Of course, some noisy features will appear in the final
geoid, but since the filtering is not evidently needed, we might loose some information
about the signal without gaining much on the noise removal. As we shall see in the case of
Newfoundland, the track-like patterns are more evident and the data have to be low-pass
filtered for the geoid model to be more accurate.
Table 6.12 RTM-reduced GEOSAT-GM Nres in Gavdos. Unit: [m]
Model
max
min
mean
two-layer
1.27
-1.01
0.38
three-layer
1.28
-1.03
0.38
JGP95E
2.00
-2.87
0.28

σ
±0.22
±0.21
±0.73

Figure 6.4: RTM-reduced GEOSAT-GM SSHs using the estimated two-layer model
(top) and JGP95E (bottom).
Having the final residual geoid height fields, we then proceeded to the formation
of the 3¢´3¢ grids as described in the case of ERS1. These 3¢ grids were formed by gridding
the irregularly distributed GEOSAT-GM Nres using the described weighted means method
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with prediction power two. Table 6.13 presents the gridded residual geoid heights with and
without RTM reduction and in Table 6.14 the Nres after restoring the contribution of the
bathymetry. Once again, we do not grid the previously computed on the irregular points
RTM-reduction but rather recomputed it on the grid nodes.
Table 6.13 Gridded GEOSAT-GM Nres in Gavdos with and without RTM reduction. Unit:
[m]
Model
max
min
mean
σ
1.19
-0.76
0.41
±0.22
two-layer
1.05
-0.83
0.36
±0.21
three-layer
1.12
-0.89
0.35
±0.21
JGP95E
1.87
-1.95
0.24
±0.71
Table 6.14 Gridded GEOSAT-GM Nres in Gavdos after restoring the RTM reduction. Unit:
[m]
Model
max
min
mean
σ
two-layer
1.22
-0.76
0.41
±0.22
three-layer
1.25
-0.77
0.41
±0.22
JGP95E
1.29
-0.78
0.41
±0.22
As expected, the resulting residual fields are again very close to the one where no
RTM-reduction was used, with the σ of the differences at the ±2 cm, for the solution where
the new bathymetry models were implemented, and the ±4 cm for JGP95E. From the soderived residual geoid height fields (see Table 6.13, first row, and 6.14), the final geoid
estimation was carried out by restoring the contribution of the EGM96 geopotential model.
The statistics of the final GEOSAT altimetric geoid solution, for the case where the RTMreduction was based on the new two-layer bathymetry, is presented in Table 6.15 and the
model is depicted in Figure 6.5. In the validation section of the new models, comparisons
between the estimated altimetric, gravimetric and combined geoid solutions will be
presented in an effort to examine the internal accuracy and sufficiency of the models. The
other comparisons will relate to an estimate of the external accuracy and agreement with
the regional gravimetric solutions and T/P SSHs.
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Table 6.15 Final GEOSAT-GM altimetric geoid solution in Gavdos. Unit: [m]
max
min
mean
σ
GEOSAT
N
35.21
8.85
23.73
±7.40

Figure 6.5: Final GEOSAT-GM altimetric geoid solution in Gavdos.

6.2.2

Gravimetric geoid modeling

The estimation of the gravimetric geoid was carried out using a number of shipborne
gravity data available for the area under study. This dataset consists of 13186 free-air
gravity anomalies from a digitisation of Morelli’s gravity maps, conducted by IfE (Behrend
et al., 1996) and provided to us by Dr. H. Denker, and 8513 shipborne free-air gravity
anomalies provided by the BGI database (2001). Both datasets represent free-air gravity
anomalies, meaning that the free-air reduction has been performed. Additionally, the data
have been corrected for the solid and oceanic tide errors and the Eötvos effect, by the
respective agencies. The IfE data refer to the GRS80 system while the data from BGI to
GRS67. Thus, and as a pre-processing step, the BGI data were transformed to GRS80 using
the Somigliana and approximation formulas given in Chapter Three. Table 6.16 presents
the referenced to GRS67 BGI data as well as the ones referenced to GRS80 using the
rigorous Somigliana gravity formula and the approximation one in terms of a Taylor
expansion of the normal gravity. From Table 6.16 it can be seen that the differences
between the two GRS80 formulas are very small with a σ of about ±0.04 mGal, which is
negligible comparing to the accuracy of about 1-5 mGal of the data. For that reason, and in
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order to be more rigorous, we employed the Somigliana gravity formula to compute the
normal gravity at each computation point and subsequently transform the data to GRS80.
Table 6.16 BGI shipborne gravity data to GRS67 and GRS80. Unit: [mGal]
System
max
min
mean
GRS67
146.90
-200.30
-41.56
GRS80 (Somgliana)
146.90
-200.30
-41.82
GRS80 (approximation)
146.90
-200.30
-41.86

σ
±57.98
±57.79
±57.78

After that step, the two data files were merged in one to form the gravity database
used in the geoid prediction. The total number (IfE and BGI) of shipborne free-air gravity
anomalies is 21699 and their statistics are presented in Table 6.17, while their distribution
is depicted in Figure 3.9. Following that, the described in Chapter Three remove-computerestore procedure has been followed. Thus, first the contribution of the EGM96
geopotential model has been removed to derive residual free-air gravity anomalies (∆gres).
In Table 6.18 we present the geopotential model contribution to gravity anomalies as well
as the referenced to EGM96 ∆gres.
Table 6.17 Statistics of shipborne gravity data in Gavdos. Unit: [mGal]
max
min
mean
∆g
146.90
-200.30
-26.60

σ
±58.77

Table 6.18 EGM96 and residual gravity in Gavdos. Unit: [mGal]
max
min
mean
EGM96
∆g
75.75
-117.25
-28.26
121.01
-115.68
-1.66
∆gres

σ
±50.01
±26.88

The shipborne gravity data from the aforementioned databases have been also used
for geoid studies in other areas of the Mediterranean Sea (Andritsanos et al., 2001; Vergos,
2000; Vergos and Sideris, 2001b) and they have been proven, after 3 rms testing, to contain
no blunders. For that reason we proceeded to the geoid computation without performing a 3
rms test for blunder detection. In the next step, an additional set of residual gravity fields
was formed by RTM-reducing the gravity data using the new bathymetry models and
JGP95E. In Table 6.19 we present the statistics of the RTM-reduced gravity anomalies in
Gavdos using the two- and three-layer models and JGP95E to account for the bathymetry.
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From Table 6.19 it is evident that the new local bathymetry models smooth further the
residual gravity data by reducing the mean value to almost 0 mGal and the σ to ±22.7
mGal. This improvement in the reduction of the standard deviation is approximately 15.4%,
while the range of the gravity anomalies is reduced by 46 mGal. On the other hand,
JGP95E increases the σ by about 1.5 mGal (5%) and decreases the range by only 16 mGal.
The superiority of the new models can be clearly seen in Figure 4.10, where the RTMreduced gravity anomalies using the two-layer model and JGP95E are depicted, since the
local bathymetry estimates manage to smooth the strong field associated with the Cyrene
Seamount.
Table 6.19 RTM-reduced shipborne gravity data in Gavdos. Unit: [mGal]
Model
max
min
mean
two-layer
85.02
-104.55
3.17
three-layer
85.75
-104.07
0.07
JGP95E
96.21
-124.42
-0.04

σ
±22.79
±22.76
±28.16

At this point, four residual gravity anomaly fields are available i.e. one without
RTM-reduction and three for each one of the bathymetry models used. To estimate residual
geoid heights we will use, as indicated and described in Chapter Three, the 1D-FFT
spherical Stokes convolution, which, as all spectral methods, needs gridded data as input.
For that reason, the residual gravity fields were first gridded using the weighted means
method for the prediction on the 3¢´3¢ grid points and then gravimetric Nres were estimated.
Table 6.20 presents the gravimetric Nres with and without the RTM-reduction included,
while Figure 6.6 depicts the residual RTM-reduced gravimetric geoid height fields using
the two-layer model and JGP95E. The superiority of the new bathymetry models in
providing smoother residual fields is again clearly evident since all of the strong positive or
negative features are attenuated. An interesting outcome can be drawn if we compare the
residual gravimetric geoid fields with the respective altimetric ones for ERS1 and GEOSAT
depicted in Figures 4.11 and 6.4 respectively. The low-pass filtering nature of the Stokes
operator is clearly depicted, since in the gravimetric field no noisy features are found
whereas they are more or less present in the altimetric fields. From Table 6.20 it can be
seen that the new models provide smoother residual geoid fields with a mean of almost 0 m
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in both cases and a σ much smaller than JGP95E (±22 and ±73 cm respectively).
Comparing to the solution where RTM was not used, the RTM-reduced fields using the
new local bathymetry models provide smaller mean and σ values while they also reduce the
range of the Nres by 34 cm.
Table 6.20 Gravimetric Nres in Gavdos with and without the RTM-reduction. Unit: [m]
Model
max
min
mean
σ
no RTM
1.20
-1.66
-0.04
±0.23
two-layer
0.79
-1.73
0.00
±0.22
Three-layer
0.87
-1.71
-0.01
±0.23
JGP95E
1.33
-2.22
-0.16
±0.73

Figure 6.6: RTM-reduced gravimetric Nres using the estimated two-layer model (top)
and JGP95E (bottom).
The next step to derive the final gravimetric geoid models consists of restoring the
contribution of the bathymetry to the residual fields. Table 6.21 presents the residual
gravimetric geoid heights after restoring the RTM-effect for the two new models and
JGP95E. As expected, the resulting residual fields agree well with the one where no RTM-
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reduction was used, with the σ of the differences at the ±5 cm, for the solution where the
new bathymetry models were used, and the ±8 cm for JGP95E.
Table 6.21 Gravimetric Nres in Gavdos after restoring the RTM reduction. Unit: [m]
Model
max
min
mean
σ
two-layer
1.33
-1.57
0.01
±0.23
three-layer
1.34
-1.51
0.01
±0.23
JGP95E
1.25
-1.56
0.01
±0.22
From the so-derived residual geoid height fields (see Table 6.20, first row, and
6.21), the final geoid estimation was carried out by restoring the contribution of the EGM96
geopotential model. The statistics of the final gravimetric geoid solution, for the case where
the RTM-reduction was based on the new two-layer bathymetry, is presented in Table 6.22
and the model is depicted in Figure 6.7.
Table 6.22 Final gravimetric geoid solution in Gavdos. Unit: [m]
max
min
mean
gr
N
34.85
8.63
23.31

σ
±7.35

Figure 6.7: Final gravimetric geoid solution in Gavdos.
6.2.3

Combined geoid modeling

The estimation of the combined geoid was carried out using the altimetric and gravimetric
geoid models already presented. As input to the IOST method, the referenced to EGM96
ERS1, GEOSAT and gravimetric residual geoid heights have been used, while due to the
lack of specific information about the errors in both the altimetric and gravimetric
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solutions, simulated noises were used as input error. Randomly distributed fields (white
noise) were generated in Matlab® using as standard deviation the σ of the differences
between the estimated solutions and T/P SSHs. These comparisons will be presented in the
next section of the validation of the estimated geoid models. Thus, the standard deviation
for ERS1 was set to 6cm, for GEOSAT to 8cm and for the gravimetric solution to 10cm.
The final combined solution was then estimated according to the equations presented in
Chapter Three. In such combined solutions the σ of the noise field for the inputs plays a
significant role, since it denotes the weight of each one to the final geoid models. For that
reason we performed a number of simulations using different levels of σ for the inputs and
validating each solution by comparing it with the T/P SSHs. As in previous studies,
(Andritsanos, 2000; Andritsanos et al., 2001; Vergos et al., 2001; Vergos, Grebenitcharsky
and Sideris, 2001a, b), it was found that when the σ of the differences with T/P is used to
generate the noise fields then the agreement of the combined solution with T/P reaches its
best level. Of course, this is expected since we are using the T/P SSHs to provide both the σ
of the input errors and to validate the final combined solution.
Four combined geoid solutions have been computed i.e. one without using RTM
reduction and three with the RTM-reduced residual geoid fields. The statistics of the input
signals are those of the gridded residual fields with and without the RTM-reduction given
in Tables 6.5, 6.13 and 6.20. The combination was then carried out with the aforementioned
input signals and noise levels and the four combined solutions were estimated.
Subsequently, the RTM-effects have been restored to the solutions that the bathymetry was
taken into account and finally, the contribution of the geopotential model has been added
back to derive the final combined geoid models. Table 6.23 presents the final combined
geoid models for each one of the four cases and Figure 6.8 depicts the final geoid model
based on the solution where the bathymetry was taken into account using the two-layer
model. From Table 6.23 we can see that the solutions using the new local bathymetry
models agree very well with the one without RTM-reduction, with their differences
reaching the ±7 cm level in terms of the σ. On the other hand the agreement of JGP95E is at
the ±20 cm indicating the effects that the use of an inaccurate bathymetry model has. As
mentioned in Chapter Three, prior to the combination of the input signals, the systematic

193
differences between them should be removed so that no biases will be present.
Consequently, during the combination, Wiener filtering takes place for the de-noising of the
noisy input signals, thus producing a smoother output than the inputs. In this way, some of
the artifacts introduced to the residual input geoid height fields, by JGP95E during the
RTM-reduction, are smoothed. Thus, when the RTM-effects are restored, which clearly for
JGP95E do not represent a smooth field, they do not manage to couple the field previously
removed, since the effect of the latter is smoothed. This is not the case when the new local
bathymetry models are used, since during the RTM-reduction a smooth field is removed
and no artifacts are introduced. For that reason the solutions using the new models are
much closer to the one without RTM-effects compared to the model using JGP95E.
Table 6.23 Final combined geoid solutions in Gavdos with and without the RTM-reduction.
Unit: [m]
Model
max
min
mean
σ
no RTM
34.68
8.82
23.31
±7.33
Two-layer
34.75
8.80
23.35
±7.40
three-layer
34.83
8.78
23.36
±7.40
JGP95E
35.66
8.79
23.41
±7.43

Figure 6.8: Final combined geoid solution in Gavdos.
6.2.4

Validation of estimated geoid models in Gavdos

For the validation of the estimated geoid models close to the island of Gavdos, the solutions
will be intercompared and compared with the GEOMED solution for the geoid in the
Mediterranean (Brovelli and Sanso, 1992) and the stacked 3rd year T/P SSHs. In Table 6.24
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we present the statistics of the differences between the two altimetric geoid solutions from
ERS1 and GEOSAT. All four models for each satellite are presented and the differences
were formed in the sense NERS1-NGEOSAT using the solutions with respect to the same
bathymetry model. It can be seen that the differences without RTM-reduction and when
using the two new bathymetry models are identical (their differences are at the mm level)
and all three give a ±14cm level of agreement between the two satellite missions with a
mean of about -20 cm. These results show that the altimetric models are close one to
another and the remaining differences can be mainly attributed to the higher resolution of
GEOSAT compared to ERS1, which results in a more detailed representation of the geoid.
The mean and σ of the differences might be mainly due to orbital errors still remaining in
both satellites, remaining SST signal both of QSST and time-varying nature, and SSV not
removed from the fields. In Tables 6.25 and 6.26 we present the statistics of the differences
between the ERS1 and GEOSAT altimetric solutions with the gravimetric geoid model
respectively. In both cases the differences are formed as Nalt-Ngr.
Table 6.24 Altimetric geoid height differences between the ERS1 and GEOSAT solutions.
Unit: [m]
Model
max
min
mean
σ
no RTM
0.72
-0.74
-0.22
±0.14
two-layer
0.72
-0.74
-0.22
±0.14
three-layer
0.72
-0.74
-0.22
±0.14
JGP95E
0.72
-0.75
-0.22
±0.15
Table 6.25 Geoid height differences between the ERS1 altimetric and the gravimetric geoid
solutions. Unit: [m]
Model
max
min
mean
σ
no RTM
1.36
-0.85
0.22
±0.15
two-layer
1.15
-0.16
0.18
±0.14
three-layer
1.10
-0.19
0.20
±0.14
JGP95E
0.92
-0.35
0.25
±0.16
From Table 6.25 it is very interesting to see that the agreement between the ERS1
altimetric solutions with the respective gravimetric ones is very good, reaching the ±14 to
±16 cm level i.e. slightly worse by about 1 cm compared to the GEOSAT models. This is a
clear indication that the IfE shipborne gravity data, which are those dominating the gravity
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field used for geoid prediction, are very good and reliable, since they provide solutions very
close to the altimetric ones. This can be seen in Table 6.26, where the agreement between
the GEOSAT geoid models and the gravimetric solutions is again at the ±15 to ±16 cm
level. Of course the range of the differences is approximately 75 cm smaller for the
comparison between the two altimetric solutions, but this is something expected, since the
altimetric datasets have been collected with the same methods and present a homogeneous
distribution and accuracy. On the other hand the shipborne gravity data have been collected
with a completely different instrumentation, compared to altimetry, and have a less
homogeneous coverage and accuracy, since they come form various expeditions during an
extended period of time.
Table 6.26 Geoid height differences between the GEOSAT altimetric and the gravimetric
geoid solutions. Unit: [m]
Model
max
min
mean
σ
no RTM
1.43
-0.54
0.45
±0.15
two-layer
1.28
-0.53
0.42
±0.15
three-layer
1.32
-0.52
0.41
±0.15
JGP95E
1.55
-0.52
0.43
±0.16
The next comparison is performed with the GEOMED geoid model computed in
1995 using altimetry and shipborne gravity data. It is important to mention at this point that
the altimetric data were derived from the earlier releases of the various agencies, where
older models have been used for the geophysical corrections and the radial orbit error was
still at the 20-50cm level. Additionally, OSU91A has been used as a reference field in
contrast to EGM96, which was employed in the present study. Table 6.27 presents the
statistics of the differences between the new geoid models and GEOMED formed as
NGEOMED-Ni, where i represents the altimetric, gravimetric or combined geoid solutions
previously described. The results refer to the differences after the fit of a four-parameter
transformation model. Finally, and since the differences between the various solutions, i.e.
with and without RTM-reduction, are very close to each other we present only the statistics
for the geoid models where the bathymetry was taken into account using the new two-layer
model. In general the geoid solutions estimated using the new bathymetry models agree
better by about ±1 to ±2 cm with GEOMED, but this is not considered as significant taking
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into account the big differences presented in Table 6.27. From that Table it can be seen that
the differences between the new geoid models and GEOMED is at the ±43 cm for the
altimetric and combined geoid solutions and the ±44 cm for the gravimetric one. These
high-differences can be mainly attributed to the use of OSU91A in the development of
GEOMED, the less accurate altimetry and shipborne gravity data used and the bathymetry
model (ETOPO5U) employed for the RTM-reduction. Figure 6.9 depicts the geoid height
differences between the ERS1 altimetric solution and GEOMED, where we can see that the
differences have in general high values, which are very pronounced around the main
bathymetric features of the area, i.e. Cyrene Seamount and Basin, Hellenic Trench and
Mediterranean Ridge.
Table 6.27 Geoid height differences between GEOMED and the estimated geoid solutions.
Unit: [m]
max
min
mean
σ
GEOMED
ERS1
N
-N
0.99
-1.74
0.00
±0.43
GEOMED
GEOSAT
N
-N
1.00
-1.74
0.00
±0.44
GEOMED
gr
N
-N
0.96
-1.82
0.00
±0.42
GEOMED
combined
N
-N
0.93
-1.72
0.00
±0.45

Figure 6.9: Geoid height differences between GEOMED and the ERS1-GM altimetric
solution.
The final comparison is performed with the stacked T/P SSHs from the 3rd year of
the satellite’s mission. The differences between the new geoid models and T/P were formed
as NT/P-Ni, where i represents the altimetric, gravimetric or combined geoid solutions
previously described. We assume at this point that the stacked T/P SSHs can be regarded as
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geoid heights, since their orbit accuracy is high comparing to the other altimetry datasets
and by staking the data we practically remove any SSV, or other oceanic phenomena, of
period greater than about 10 days. Additionally, the T/P data present the most accurate and
reliable information we have today about the ocean surface, thus they can at least give a
good indication of the achievable accuracy of geoid modelling. The statistics of the
comparisons are presented in Table 6.28 and refer to the differences after the fit of a fourparameter transformation model.
Because of the geoid modelling procedure followed for the Gavdos area i.e. 3 rms
test before the RTM-reduction and no low-pass filtering for the removal of oceanic effects,
the solutions for each individual satellite and the gravimetric ones do not differ
significantly, when the bathymetry is taken into account with the various models or not. In
that way, the effect of the bathymetry removed during the RTM-reduction is restored with
gridding being the only intermediate step. Thus, the effect of the inaccurate JGP95E
bathymetry is not pronounced in the final geoid solution. But, as we shall see in the geoid
computation in Newfoundland, where the RTM-reduction has to be performed before the 3
rms test and the filtering, the effect of a bathymetry model with errors is more clearly
deppicted. For that reason we present only the statistics for the geoid models where the
bathymetry was taken into account using the new two-layer model. In general, the geoid
solutions with the bathymetry been represented by the new local models has a better
agreement with T/P of about ±5 mm to ±3 cm compared to the ones were JGP95E was
used.
Table 6.28 Geoid height differences between T/P and the estimated geoid solutions. Unit:
[m]
max
min
mean
σ
T/P
ERS1
N -N
0.15
-0.15
0.00
±0.06
T/P
GEOSAT
N -N
0.24
-0.22
0.00
±0.08
T/P
gr
N -N
0.36
-0.34
0.00
±0.10
T/P
combined
N -N
0.23
-0.24
0.00
±0.08
From Table 6.28 we can see that the ERS1-GM geoid solutions agree with the T/P
SSHs at the ±6 cm, while the GEOSAT-GM models present a slighter lower accuracy of ±8
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cm. The σ of the differences between the gravimetric solutions and T/P are at the ±10 cm
level, showing the superiority of the altimetric solutions. Additionally, the range of the
differences for the altimetric solutions is about 35 cm smaller than that of the gravimetric
ones. Nevertheless, this comparison shows that the available IfE shipborne data are very
accurate, comparing to other gravity data for the area under study (see Vergos et al., 2001),
since they provide a geoid model with an accuracy of about ±10cm. This level is achievable
when the bathymetry is taken into account with the new local models but it raises to ±10.5
cm when no RTM is used and to ±12.8 cm when JGP95E is employed. The combined
model agrees with the T/P data at the ±8 cm level and the range of the differences reduces
by 23cm compared to the gravimetric model. These outcomes indicate the valuable
additional information and accuracy improvement that altimetry offers to purely
gravimetric geoid solutions. For better visualisation, Figure 6.10 depicts the differences
between T/P SSHs and the combined and gravimetric geoid solutions. The improvement
can be seen on the differences close to the island of Gavdos, the area of the Cyrene Basin
and Seamount (φ=34ο and λ=19ο) and across the Mediterranean Ridge (φ=33.5ο and λ=22ο).

Figure 6.10: Geoid height differences between T/P and combined (top) and
gravimetric (bottom) solutions.
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From the previous analysis, it is clear that when altimetric and gravimetric data are
handled properly i.e. all the geophysical corrections applied, the altimetry SSHs corrected
for the QSST signal, blunders removed and the bathymetry is taken into account with an
accurate model, then a geoid model accurate to the ±5 to ±8 cm level is achievable. For
areas like the one near Gavdos, which are located in closed-sea regions and the SSV and
the rest oceanic phenomena are not pronounced, so that to contaminate the altimetric
measurements, it could be stated that altimetric geoid modeling is straightforward, since
with some careful handling of the data and following the procedure outlined in this study
very good accuracies can be achieved. But, in the next section, were the area near
Newfoundland is considered, it will be shown that the above statement on the
straightforwardness of geoid determination doesn’t hold, and that geoid, and gravity field
modeling in general, are area dependent and special precautions and procedures should be
followed for an accurate estimation to be feasible.

6.3

Geoid modeling in Newfoundland

For the geoid modelling investigations in Newfoundland we will again present first the
altimetric solutions, then the gravimetric one and finally the combined results using system
theory. The procedure followed for each case has been already presented in Chapter Three
and is schematically depicted in Figures 3.2, 3.3 and 3.4.
6.3.1

Altimetric geoid modeling

The altimetric geoid modelling was carried out using a number of ERS1 and GEOSAT
geodetic mission data (AVISO, 1998; NOAA, 1997) available for the area under study. We
focus our interest in the area bounded by 40o £ φ £ 50o and 310o £ λ £ 320ο with the
distribution of the ERS1 and GEOSAT sub-satellite points depicted in Figure 3.8. The area
under study does not include any dry-land regions and is located in a purely oceanic
domain. For that reason, the coverage offered by ERS1 and GEOSAT is homogeneous,
without any gaps. The main problem in approaching land and shallow waters refers to the
scattering of the radar pulse and the inadequacy of the tidal models used for the corrections
close to coastal areas. But, since the present area is located in an oceanic region, we will not
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perform a bathymetry mask test for the removal of GEOSAT data refereeing on shallow
waters, since the shallow area over the Grand Banks of Newfoundland is purely oceanic
and the tidal models should contain only a few errors. Thus, any blunders included in the
dataset due to the tidal models and/or the scattering of the radar pulse, will be removed with
a 3 rms test.
Altimetric geoid modelling with ERS1 data
The ERS1 data available have been described in Chapter Three and consist of 42640 SSH
measurements. As a pre-processing step all the instrumental and geophysical corrections,
based on the models recommended by AVISO (1998), have been applied. Table 6.29
presents the statistics of the corrected ERS1-GM SSHs for the Newfoundland area. As a
first step the contribution of EGM96 has been removed, resulting in residual SSHs with the
statistics presented in Table 6.29. Comparing the statistics of the SSHs before and after the
reduction to EGM96, it can be seen that the main part of the gravity field signal in the area
is mostly of long-wavelength in nature, since the reduced SSHs have a mean value of only
-0.17 cm and a σ of ±35 cm. Consequently, the ERS1 data have to be reduced from the sea
surface to the geoid by correcting them for the QSST signal derived from the EGM96 DOT
model. Table 6.30 presents the statistics of the QSST in Newfoundland according to
EGM96 and the corrected residual SSHs, which can be now regarded as residual geoid
heights (Nres). From Table 6.30 it is apparent that the mean value of the reduced field is not
small enough for a 3 rms test to be performed, thus for the cases where the bathymetry will
be taken into account, first an RTM-reduction will be performed and then the gross error
removal. But, for the case where the bathymetry is not taken into account we will perform
the 3 rms test directly on the data of Table 6.30. To preserve the homogeneity in presenting
the results for each case, the results of the RTM-reduction will first be given and then the 3
rms test will follow for all cases.
Table 6.29 Statistics of corrected and referenced to EGM96 ERS1-GM SSHs in
Newfoundland. Unit: [m]
max
min
mean
σ
SSH
44.61
1.34
27.05
±8.71
SSHred
1.24
-1.18
-0.17
±0.35
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Table 6.30 QSST in Newfoundland according to the EGM96 DOT and corrected ERS1
SSHs. Unit: [m]
max
min
mean
σ
EGM96
ς
-0.03
-0.80
-0.38
±0.21
Nred
1.51
-1.02
0.21
±0.25
Table 6.31 presents the RTM-reduced ERS1-GM Nres using the new local two- and
three-layer models and JGP95E to account for the bathymetry. From that Table it is clear
that the new models outperform JGP95E since they manage to reduce the mean and σ by
about 2 cm and the range of the residual geoid heights by 20 cm. On the other hand, the
errors included in the global model result in increasing the σ value by ±1.4 m and the range
by about 5.7 m. This is a clear indication of the inappropriateness of JGP95E for use in
geoid and gravity field approximation, since the resulting field includes many artifacts
introduced by its use. This behavior of the global model is more apparent in Figure 6.11
depicting the RTM-reduced ERS1-GM Nres using the two-layer model and JGP95E. From
that Figure, it is evident that the global bathymetry introduces to the residual geoid field
many artifacts directly associated with the depth features themselves. This indicates that the
RTM-reduction using JGP95E does not remove a smooth field. On the other hand, the same
field when using the new two-layer model is smooth and manages to reduce part of the
strong geoid signal associated with the Milne Seamounts, the Flemish Cap and the Grand
Banks. From that Figure though we can see that some strong high-frequency information is
found in the residual field directed from the Northeast edge of the area to the Southwest.
We believe that this is due to the high SSV of the area created by the ocean currents and
depicted in the altimetric residual geoid field. The direction of these features is associated,
as expected, with the bathymetry of the area, since it bypasses the shallow Flemish Cap and
spreads to the deep areas of the Central and Southern part of the region.
Table 6.31 RTM-reduced ERS1-GM Nres in Newfoundland. Unit: [m]
Model
max
min
mean
two-layer
1.35
-1.02
0.19
three-layer
1.39
-1.10
0.18
JGP95E
2.86
-5.45
-0.05

σ
±0.22
±0.23
±1.65
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Figure 6.11: RTM-reduced ERS1-GM Nres in Newfoundland using the estimated twolayer model (left) and JGP95E (right).
After the RTM-reduction four datasets are available i.e. one without the RTMreduction and three for each one of the bathymetry models. In the next step, a 3 rms test for
blunder detection has been performed for all sets of data available. As mentioned before,
this test is carried out until no data are removed. For all datasets, the initial 42640 points
were available, while after the test 148 points were removed for the case without RTM, 60
points were removed for the set were the two-layer model was used, 36 points were
removed for the set were the three-layer model was implemented, and finally 406 points
were removed for the set were JGP95E was employed. These numbers correspond to the
removal of 0.35%, 0.1%, 0.1% and 0.9% of the entire dataset. Table 6.32 presents the
ERS1-GM Nres with and without the RTM-effects after the 3 rms test. From that Table, the
better results acquired when using the new models are again evident, while in all cases the
range of the residuals has been reduced. Nevertheless, for the JGP95E dataset, the big
values still remain as expected.
Table 6.32 ERS1-GM Nres after the 3 rms test in Newfoundland. Unit: [m]
Model
max
min
mean
no-rtm
0.97
-0.95
0.21
two-layer
1.01
-0.99
0.19
three-layer
1.13
-1.08
0.18
JGP95E
2.86
-4.57
0.04

σ
±0.25
±0.22
±0.23
±1.58
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Following these results, our efforts should be concentrated in reducing the highfrequency features in the residual fields, due to the SSV contaminating the data. As
mentioned in Chapter Three, this will be achieved by low-pass filtering the data with a
Wiener type of filter, where the cut-off frequency is determined empirically. Since this
operation is performed in the frequency domain, we have to grid our data. This was
performed with the usual weighted means method with prediction power two on a grid of
3¢´3¢. This grid is selected to exploit the dense cross-track spacing that geodetic mission
altimetry data offer. The statistics of the gridded ERS1 Nres are presented in Table 6.33.
Table 6.33 Gridded ERS1-GM Nres in Newfoundland. Unit: [m]
Model
max
min
mean
no-rtm
0.92
-0.95
0.21
two-layer
0.99
-0.83
0.19
three-layer
1.08
-1.08
0.18
JGP95E
2.73
-4.67
0.04

σ
±0.23
±0.22
±0.23
±1.58

For the low-pass filter a number of cut-off frequencies have been tested, since the
noisy features that we need to reduce are not of a specific spectral content. Thus, the cut-off
frequency is determined empirically, based on the maximum noise reduction with the
minimum signal loss. The tests will be performed with the set where no RTM-reduction
was used and then applied to all other solutions as well. A question that might arise at this
point refers to whether the results of the dataset with no RTM-reduction can be
representative and used for the other cases. What we are trying to reduce are highfrequency features due to the SSV, which are present and the same in all datasets, since the
only difference between them is the RTM-reduction. The RTM-effects refer to the
contribution of the bathymetry and remove the part of the geoid signal associated with that,
but they do not remove the features associated with the SSV itself, which are still remaining
in the signal (see Figure 3.11). In Table 6.34, the statistics of the filtered ERS1-GM
residual geoid heights using different cut-off frequencies ωc, are presented. We can see that
for all cases the mean value is at the 0 m and the standard deviation and range of the
residual fields are reduced by ±2 to ±8 cm and 25 cm respectively. One would expect that
the mean value will not be affected that much by the low-pass filtering, but in the area
under study (see Figure 3.11) the noisy high-frequency features are spread all over the
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region, clearly affecting the mean value of the field as well. The differences between the
filtered, with various frequencies, fields range between ±4 cm between the 4 km filter and
the 8 and 12 km ones, while it increases to about ±8 cm for the filtered at 20 km field. To
decide which cut-off frequency will be used we plotted the differences between the various
fields. In Figure 6.12, the differences between the filtered at 4 and 8 km fields are
presented, together with the differences between 4 and 20 km.
Table 6.34 Statistics of filtered ERS1-GM
frequencies. Unit: [m]
ωc
max
4 km
0.70
8 km
0.70
12 km
0.69
20 km
0.66

Nres in Newfoundland using different cut-off
min
-0.86
-0.64
-0.62
-0.58

mean
0.00
0.00
0.00
0.00

σ
±0.21
±0.20
±0.19
±0.15

Figure 6.12: Geoid height differences between filtered at 4 and 8 km (left) and 4 and
20 km (right) ERS1-GM Nres in Newfoundland.
From Figure 6.12 it is evident that when filtering at 8 km we mostly remove high
frequencies of the residual filed, concentrated in the areas of the deep bathymetric features
of the region. Additionally, the differences between the 4 and 8 km filtered fields have a
noisy high-frequency structure and a track-like pattern, showing that they are introduced by
the SSV which is peaked-up by the satellite during its passes. On the other hand, from the
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differences between the filtered at 4 and 20 km fields we can see that it is not only highfrequency structures removed but broader characteristics of the residual geoid height field
as well. This is clearly depicted over the Milne Seamounts whose part of the signal is
removed, as well as over the Flemish Cap. Some track-like patterns in the differences are
still removed, but according to our opinion, it is preferable to retain some of the SSV
effects and not remove part of the geoid height signal. Thus, we decided to use 8 km as a
cut-off frequency for the low-pass filtering of the ERS1 data. The wavelength of 8 km
corresponds to about 5¢ and is almost identical to the cross-track spacing of the ERS1 data
(6-10 km).
The same procedure was followed for the rest of the residual geoid height fields
where the RTM-effects were taken into account. Table 6.35 presents the statistics of the
filtered RTM-reduced Nres using 8 km as the cut-off frequency, while in Figure 6.13 the
RTM-reduced ERS1 Nres using the two-layer model are depicted before and after the lowpass filtering. The effect of the low-pass filter is clearly seen, since most of the highfrequency information is removed. Some trackiness still remains in the data (Northeast and
South-central part of the area) but in general it is significantly reduced. The next step in the
altimetric geoid modeling is to restore the RTM-effects and finally add back the
contribution of the geopotential model. The final, ERS1, altimetric geoid solutions are
presented in Table 6.36.
Table 6.35 Statistics of filtered RTM-reduced ERS1-GM Nres in Newfoundland using 8 km
as a cut-off frequency. Unit: [m]
ωc
max
min
mean
σ
two-layer
0.73
-0.90
0.00
±0.20
three-layer
0.88
-1.02
0.00
±0.21
JGP95E
2.56
-4.67
0.00
±1.58
Table 6.36 Final ERS1-GM altimetric geoid solutions in Newfoundland. Unit: [m]
Model
max
min
mean
σ
no-RTM
45.04
1.71
27.23
±8.83
two-layer
45.05
1.66
27.24
±8.83
three-layer
45.04
1.65
27.25
±8.83
JGP95E
44.79
1.34
27.47
±8.81
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Figure 6.13: RTM-reduced ERS1-GM Nres using the two-layer model after (left) and
before (right) the low-pass filtering.
From Table 6.36 we can see that the solutions with the RTM-effects computed
using the new local bathymetry models, are very close to each other, difference at the ±1cm
level, and to the model without RTM-reduction. Their differences with the latter are at the
±3 cm and ±4 cm, in terms of the σ, for the two- and three-layer models respectively. On
the other hand, the effect of the inaccurate JGP95E is clearly seen since the geoid model
based on that deviates from the solution with no RTM-effects by about ±20 cm. It is
interesting to interpret that effect, since with the same sets of data in Gavdos, JGP95E
showed a much better agreement with the no-RTM solution. In Gavdos, the 3 rms test for
blunder removal was performed before the RTM-reduction, since the mean value was
small. Additionally, the residual fields were not low-pass filtered, since no trackines and
noisy features were evident in the data. Thus, between the remove and restore steps of the
RTM-effects, only gridding was performed, so that they coupled each other. As a result the
effect of JGP95E, evident on the RTM-reduced residuals, was compensated when the effect
was restored back to the data. On the other hand, in Newfoundland, and since the mean
value was not small enough, the 3 rms test followed the RTM-reduction, thus producing
different fields for each one of the individual cases. The next step of low-pass filtering
removed the high-frequency SSV and for the case of JGP95E a small part of the artifacts
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introduced by the bathymetry model. But, during the 3 rms test some of the big values of
the JGP95E RTM-reduced field were removed, so that during the restore step the RTM
field does not exactly couple all the artifacts, and for that reason some part of them remains.
Thus, the differences between the geoid model without RTM-reduction and the one with
bathymetry from JGP95E show bigger differences compared to Gavdos. Figure 6.14
depicts the final ERS1-GM altimetric geoid model in Newfoundland, for the case where the
RTM-reduction was based on the new two-layer bathymetry and the data were low-pass
filtered using a cut-off frequency of 8 km.

Figure 6.14: Final ERS1-GM altimetric geoid solution in Newfoundland.
Altimetric geoid modelling with GEOSAT data
The GEOSAT data available have been described in Chapter Three and consist of 76485
SSH measurements. As a pre-processing step, all the instrumental and geophysical
corrections have been applied using the models provided by NOAA (1997). Table 6.37
presents the statistics of the corrected GEOSAT-GM SSHs for the Newfoundland area. As
a first step, the contribution of EGM96 has been removed, resulting in residual SSHs with
the statistics presented in Table 6.37. From that Table, it is evident that some blunders are
included in the GEOSAT dataset, since values of ±300 m cannot represent SSHs. This can
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be clearly seen by comparing the statistics between the GEOSAT and ERS1 SSHs, from
which the errors included in the former dataset are apparent. Consequently, the GEOSAT
data have to be reduced from the sea surface to the geoid by correcting them for the QSST
signal derived from the EGM96 DOT model. Table 6.38 presents the statistics of the QSST,
on the GEOSAT points, in Newfoundland according to EGM96 and the corrected residual
SSHs, which can be now regarded as residual geoid heights (Nres). From Table 6.38 we can
see that the mean value of the reduced field is small enough for a 3 rms test to be
performed, since it is only 8 cm. After two tests, and removing 784 points or 1% of the
entire dataset, the statistics of the GEOSAT Nres are considered satisfactory, since the σ has
been reduced to only ±23 cm and the range of the field to approximately 1.6 m (see Table
6.39). The total number of points remaining is 75701.
Table 6.37 Statistics of corrected and referenced to EGM96 GEOSAT-GM SSHs in
Newfoundland. Unit: [m]
max
min
mean
σ
SSH
330.35
-283.67
28.83
±9.50
SSHred
306.88
-303.48
-0.45
±3.75
Table 6.38 QSST in Newfoundland according to the EGM96 DOT and corrected
GEOSAT-GM SSHs. Unit: [m]
max
min
mean
σ
EGM96
ς
-0.03
-0.80
-0.37
±0.21
Nred
307.54
-303.37
-0.08
±3.74
Table 6.39 GEOSAT-GM Nres in Newfoundland after the blunder removal. Unit: [m]
max
min
mean
σ
Nres
0.85
-0.84
0.13
±0.23
After this preliminary processing, the GEOSAT data were crossover adjusted with
a bias and tilt type of adjustment, not only for the reduction of the radial orbit error, since
this is expected to be very small, but mainly for the removal of part of the SSV. Especially
for the present area, we expect that the adjusted Nres will have better statistics, since the
SSV is very high and evident in the data. This dataset had a total number of 59478
crossover points from 705 tracks out of which 305 were North-going ones and the
remaining 321 were South-going. The great advantage of performing the adjustment in this
area is that the arcs are complete and they cover the entire region. As we mentioned, for the
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entire Mediterranean Sea, an area extending 18 in latitude and 40 in longitude, the number
of crossover points was only 78241 while for Newfoundland, an area extending 10o in
latitude and longitude, the crossovers are almost 60000 and much more homogeneously
distributed over the entire region. After the adjustment, the number of corrected values is
75577 i.e. about 140 points have been rejected. These values refer to incomplete arcs and
arcs with no crossovers including only a small number of data-points. Such tracks are
mostly found in the edges of the region. The estimated bias and tilts parameters, used to
correct the arcs, have a mean value of 2.1 cm and –0.9 cm for the North-going tracks and
-2.5 cm and 3 mm for the South-going ones. Table 6.40 presents the statistics of the
adjusted residuals where we can see that the mean value decreased by 1 cm, actually 5mm,
and the σ by 3 cm. The small reduction of the mean value gives further evidence to the
claim that, for the new altimetry data with the improved orbits, crossover adjustment is
primarily used not to reduce the radial orbit error but part of the SSV. Figure 6.15 depicts
the residual GEOSAT geoid heights before and after the adjustment, clearly showing the
reduction of effects associated with the SSV and the other oceanic phenomena.
Table 6.40 Crossover adjusted GEOSAT-GM Nres in Newfoundland. Unit: [m]
max
min
mean
σ
Nres (after crossover)
1.19
-1.00
0.12
±0.20

Figure 6.15: GEOSAT-GM Nres before (left) and after (right) the crossover
adjustment.
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In the next step, the GEOSAT residual geoid heights have been RTM-reduced
using the new local models and JGP95E with the statistics of the resulting fields being
shown in Table 6.41. From that Table, it is clear that the new two-layer model outperforms
JGP95E and the three-layer one, since it manages to reduce the mean about 2 cm. What is
evident though, is that fact that the three-layer model does not manage to provide much
smoother results since it reduced the mean by 3 cm but increases the σ by about ±8 cm.
Even for the two-layer model we can see that the improvement is marginal since only the
mean value is reduced and the σ remains the same (it actually decreases but only by 5 mm).
From these results we can conclude that the three-layer model is not accurate enough to
smooth further the residual GEOSAT field. Of course, it is important to keep in mind that
the GEOSAT residuals are already very smooth with a small mean and σ values which is
mainly attributed to their proper handling i.e. 3 rms, correction for the QSST, crossover
adjustment. Only the two-layer model manages to slightly improve the statistics and
provide a smoother field. As in all other cases, the errors of the JGP95E model result in
increasing the σ value by ±1.4 m and the range by about 6.2 m. This is a clear indication of
the inappropriateness of the model for use in geoid and gravity field approximation, since
the resulting field includes many artifacts introduced by its use. This behavior of the global
model is more apparent in Figure 6.16 depicting the RTM-reduced GEOSAT-GM Nres
using the two-layer model and JGP95E. On the other hand, the same field when using the
new two-layer model is smooth and manages to reduce part of the strong geoid signal
associated with the Milne Seamounts, the Flemish Cap and the Grand Banks. But we can
see that the strong negative anomalies in the area between the Grand Banks and the Nose of
the Banks are not significantly smoothed. From that Figure though, some high-frequency
information can be detected in the residual field directed from the Northeast edge of the
area to the Southwest. Part of it has been removed with the crossover adjustment (see
Figure 6.14) and the rest will be reduced with the low-pass filtering to follow.
Table 6.41 RTM-reduced GEOSAT-GM Nres in Newfoundland. Unit: [m]
Model
max
min
mean
two-layer
1.09
-1.38
0.10
three-layer
1.26
-1.74
0.10
JGP95E
2.61
-5.42
-0.10

σ
±0.20
±0.28
±1.60
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Figure 6.16: RTM-reduced GEOSAT-GM Nres in Newfoundland using the estimated
two-layer model (left) and JGP95E (right).
For the low-pass filtering, the same procedure described for ERS1 is used and
since this operation is performed in the frequency domain, we gridded our data using the
same 3¢ spacing. The statistics of the gridded GEOSAT Nres are presented in Table 6.42.
Table 6.42 Gridded GEOSAT-GM Nres in Newfoundland. Unit: [m]
Model
max
min
mean
no-rtm
0.91
-0.61
0.12
two-layer
0.92
-0.77
0.10
three-layer
1.09
-1.09
0.10
JGP95E
2.43
-5.42
-0.10

σ
±0.18
±0.19
±0.26
±1.59

For the low-pass filter, a number of cut-off frequencies have been tested, since the
noisy features that we need to reduce are not of a specific spectral content. Thus, the cut-off
frequency is again empirically determined, based on maximum noise reduction with
minimum signal loss. The tests will be performed with the set where no RTM-reduction
was used and then applied to all other solutions. Three cut-off frequencies were tested i.e.
4, 6 and 8 km. We didn’t validate any longer wavelengths, since for ERS1 the 8 km one
was selected to provide the filtered residuals and for GEOSAT part of the SSV has been
already modeled with crossover adjustment. In Table 6.43, the statistics of the filtered
GEOSAT-GM residual geoid heights using different cut-off frequencies ωc are presented.
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We can see that for all cases the mean value is at the 0 m and the standard deviation and
range of the residual fields are reduced by ±1 to ±3 cm and 30 cm respectively. The same
outcomes as for ERS1, concerning the mean value, hold here as well. The differences
between the filtered, with various frequencies, fields are at the ±1 cm between the 4 km
filter and the 6 km ones, while it increases to about ±3 cm for the filtered at 8 km field. To
decide which cut-off frequency will be used we plotted the differences between the various
fields.
Table 6.43 Statistics of filtered GEOSAT-GM Nres in Newfoundland using different cut-off
frequencies. Unit: [m]
ωc
max
min
mean
σ
4 km
0.73
-0.71
0.00
±0.17
6 km
0.72
-0.71
0.00
±0.17
8 km
0.70
-0.69
0.00
±0.15
From this analysis, it was found that when filtering at 6 km we mostly remove
high frequencies of the residual filed, concentrated in the areas of the deep bathymetric
features of the region. Additionally, the differences between the 4 and 6 km filtered fields,
have a noisy high-frequency structure and a track-like pattern, showing that they are
introduced by the SSV which is peaked-up by the satellite during its passes. But, from the
differences between the filtered at 4 and 8 km fields we found that some broader
characteristics of the residual geoid height field itself are removed. This is expected, since
part of the SSV has been already removed with the crossover adjustment. Thus, we decided
to use 6 km as a cut-off frequency for the low-pass filtering of the ERS1 data. The
wavelength of 6 km corresponds to about 3.5¢ and is very close to the cross-track spacing of
the GEOSAT data (4-6 km).
The same procedure was followed for the residual geoid height fields that the
RTM-effects were taken into account. In Table 6.44 we present the statistics of the filtered
RTM-reduced Nres using 6 km as the cut-off frequency, while in Figure 6.17 the RTMreduced GEOSAT Nres using the two-layer model are depicted before and after the low-pass
filtering. The effect of the low-pass filter is clearly seen since most of the high-frequency
information in the Central North- and Southeastern parts of the region is removed. Some
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trackiness still remains in the data but it is significantly reduced comparing to the unfiltered
residuals. The next step in the altimetric geoid modeling is to restore the RTM-effects and
finally add back the contribution of the geopotential model. The final GEOSAT altimetric
geoid solutions are presented in Table 6.45.
Table 6.44 Statistics of filtered RTM-reduced GEOSAT-GM Nres in Newfoundland using 6
km as a cut-off frequency. Unit: [m]
ωc
max
min
mean
σ
two-layer
0.82
-0.86
0.00
±0.18
three-layer
1.00
-1.18
0.00
±0.25
JGP95E
2.49
-5.28
0.00
±1.56
Table 6.45 Final GEOSAT-GM altimetric geoid solutions in Newfoundland. Unit: [m]
Model
max
min
mean
σ
no-RTM
45.13
1.78
27.35
±8.81
two-layer
45.12
1.74
27.34
±8.81
three-layer
45.09
1.72
27.36
±8.80
JGP95E
44.80
1.34
27.47
±8.77

Figure 6.17: RTM-reduced GEOSAT-GM Nres using the two-layer model before (left)
and after (right) the low-pass filtering.
From Table 6.45 we can see that the solutions with the RTM-effects computed
using the new local bathymetry models, are very close to each other, difference at the ±1cm
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level, and to the model without RTM-reduction. Their differences with the latter are at the
±2 cm and ±3 cm for the two- and three-layer models respectively. On the other hand, due
to the errors of JGP95E the geoid solution based on that model deviates from the solution
with no RTM-effects by about ±19 cm. Figure 6.18 depicts the final GEOSAT-GM
altimetric geoid model in Newfoundland, for the case where the RTM-reduction was based
on the new two-layer bathymetry and the data were low-pass filtered at 6 km.

Figure 6.18: Final GEOSAT-GM altimetric geoid solution in Newfoundland.

6.3.2

Gravimetric geoid modeling

The estimation of the gravimetric geoid was carried out using a number of shipborne
gravity data available for the area understudy. This dataset consists of 37967 free-air
gravity anomalies from the Geological Survey – Geodetic Survey Division (GSD) of
Natural Resources Canada (Véronneau, 2001) and 59507 shipborne gravity anomalies
provided by the BGI database (2001) (see Figure 3.10). Both datasets represent gravity
anomalies at the sea level, meaning that the free-air reduction has to be applied for the data
to be referenced to the geoid. Additionally, the data have been corrected for the solid and
oceanic tide errors and the Eötvos effect, by the respective agencies. Both datasets refer to
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the GRS67 system, thus, as a pre-processing step, they have to be transformed to GRS80
using the Somigliana and approximation formulas given in Chapter Three. The same
procedure as for the shipborne data in Gavdos has been followed and the transformed to
GRS80 gravity data using the rigorous Somigliana formula have been selected. The
differences between the two GRS80 formulas were again very small with a σ of about
±0.02 mGal, which is negligible comparing to the accuracy of the data, which is at the 2-6
mGal level. After that step, the two data files were merged in one to form the gravity
database used in the geoid prediction. The total number (GSD and BGI) of shipborne freeair gravity anomalies is 97474 and their statistics are presented in Table 6.47, while their
distribution is depicted in Figure 3.10. From that Figure it is evident that the eastern part of
the region has a very poor distribution of gravity data, thus we augmented the available
dataset with KMS99 gravity anomalies as shown in Figure 3.11. The statistics of this
dataset, comprising of 128616 shipborne gravity anomalies, are presented in Table 6.46.
Table 6.46 Statistics of shipborne gravity data in Newfoundland. Unit: [mGal]
max
min
mean
σ
∆g (GSD and BGI)
138.19
-92.67
17.75
±33.64
∆g (GSD, BGI and KMS99)
147.49
-92.67
16.15
±30.04
The gravimetric geoid modeling will be performed for both sets of data i.e. for the
one with the GSD and BGI gravity and the second one with the previous augmented by
KMS99. For the former, only the final geoid solution without RTM-reduction will be
presented, since the processing is exactly the same as for the full dataset. Additionally, the
improvement in geoid determination when using the full dataset will be presented through
the comparisons with CGG2000 and T/P. As a first indication of the improved information
that the full dataset offers, we depict in Figure 6.19 the two gravity fields according to the
two different collections of data. From that Figure, the improvement in the representation
of the gravity field in the Eastern part of the region can be seen especially over the Milne
Seamounts, which are poorly depicted by the GSD and BGI dataset, while their structure is
clearer when the previous are coupled by KMS99.
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Figure 6.19: The gravity field in Newfoundland according to the GSD and BGI
database (left) and the full dataset (right).
For the gravimetric geoid modeling, the described in Chapter Three removecompute-restore procedure has been followed. Thus, first the gravity data have been
reduced from the sea surface to the geoid using the approximation formula for the free-air
reduction discussed in Chapter Three. The statistics of the QSST from the EGM96 DOT,
the free-air reduction and the resulting free-air gravity anomalies are presented in Table
6.47. As expected the reduction is at the sub-mGal level. Consequently the contribution of
the EGM96 geopotential model has been removed to derive residual free-air gravity
anomalies (∆gres). Table 6.48 presents the geopotential model contribution to gravity
anomalies as well as the referenced to EGM96 ∆gres. In the next step a 3 rms test for
blunder removal is performed and since the mean value is small, 0.05 mGal, we can
perform the test directly without RTM-reducing the data first.
Table 6.47 QSST in Newfoundland according to the EGM96
reduced shipborne gravity anomalies. Unit: [m]
max
min
EGM96
ς
-0.03
-0.80
δgf
0.25
0.01
∆gf
147.59
-92.63

DOT, free-air reduction and
mean
-0.38
0.12
16.27

σ
±0.21
±0.06
±30.06
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Table 6.48 EGM96 and residual gravity in Newfoundland. Unit: [mGal]
max
min
mean
EGM96
∆g
104.03
-47.09
16.21
128.06
-71.14
0.05
∆gres

σ
±22.02
±19.55

From Figure 6.19 it is evident that the strong positive gravity anomalies in the
Northwest edge of the area are probably blunders introduced by the BGI data (compare
Figure 6.19 with the distribution of the data in Figure 3.10 ad 3.11). In Table 6.49 we
present the residual gravity anomalies in Newfoundland after the 3 rms test, during which
362 points have been removed, resulting in a total number of 128254 remaining points.
Table 6.49 Residual gravity in Newfoundland after the 3 rms test for blunder detection.
Unit: [mGal]
max
min
mean
σ
107.44
-71.14
-0.29
∆gres
±18.45
In the next step, we formed an additional set of residual gravity fields by RTMreducing the gravity data using the new bathymetry models and JGP95E. Table 6.50
presents the statistics of the RTM-reduced gravity anomalies in Newfoundland using the
two- and three-layer models and JGP95E to account for the bathymetry. From Table 6.50 it
is evident that the new local bathymetry models smooth further the residual gravity data by
reducing the σ to ±17.6 mGal and the range by about 5 mGal. The improvement is not as
big as in the case of Gavdos and this is probably due to the fact that the residual field is
already quite smooth before the RTM-reduction, and the accuracy of the new models is not
good enough to provide better smoothing than the one shown in Table 6.50 i.e. a reduction
of the standard deviation better than about 5%. JGP95E increases the σ by about 9 mGal
(45%) and the range by 24 mGal.
Table 6.50 RTM-reduced shipborne gravity data in Newfoundland. Unit: [mGal]
Model
max
min
mean
σ
two-layer
113.12
-64.96
-0.58
±17.64
three-layer
115.74
-64.41
-0.78
±17.85
JGP95E
114.26
-86.02
-2.07
±27.15
At this point, four residual gravity anomaly fields are available i.e. one without
RTM-reduction and three for each one of the bathymetry models used. To estimate residual
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geoid heights we will use, as indicated and described in Chapter Three, the 1D-FFT
spherical Stokes convolution, which, as all spectral methods, needs gridded data as input.
For that reason the residual gravity fields are first gridded using the weighted means
method for the prediction on the 3¢´3¢ grid points and then gravimetric Nres are estimated.
Table 6.51 presents the gravimetric Nres with and without the RTM-reduction included,
while Figure 6.20 depicts the residual RTM-reduced gravimetric geoid height field using
the two-layer model and the one where no RTM-reduction was used. The marginally better
performance of the new two-layer bathymetry model in providing smoother fields is shown
over the Milne Seamounts and the Grand Banks where it manages to smooth the strong
positive and negative residual geoid field slightly more. From Table 6.51 it can be seen that
the new models provide smoother residual geoid fields with a mean of almost 0 m in both
cases and a σ much smaller than JGP95E (±32 and ±1.74 cm respectively). Comparing to
the solution where RTM was not used, the RTM-reduced fields using the new local
bathymetry models provide an equally small mean and σ values, while the range of the Nres
is almost the same.
Table 6.51 Gravimetric Nres in Newfoundland with and without the RTM-reduction. Unit:
[m]
Model
max
min
mean
σ
no RTM
1.72
-0.93
-0.02
±0.32
two-layer
1.73
-1.08
-0.04
±0.32
three-layer
1.71
-1.74
-0.06
±0.40
JGP95E
2.78
-5.84
-0.31
±1.74
The next step to derive the final gravimetric geoid models consists of restoring the
contribution of the bathymetry to the residual fields. Table 6.52 presents the residual
gravimetric geoid heights after restoring the RTM-effect for the two new models and
JGP95E. As expected, the resulting residual fields are again very close to the one where no
RTM-reduction was used, with the σ of the differences at the ±1 cm, for the solution where
the new bathymetry models were used, and the ±10 cm for JGP95E. From the so-derived
residual geoid height fields (see Table 6.51, first row, and 6.52), the final geoid estimation
was carried out by restoring the contribution of the EGM96 geopotential model. The
statistics of the final gravimetric geoid solution, for the case where the RTM-reduction was
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based on the new two-layer bathymetry, is presented in Table 6.53 and the model is
depicted in Figure 6.21. In Table 6.53 we also present the gravimetric geoid model based
on the smaller dataset of GSD and BGI data while the model is depicted in Figure 6.21. The
improvement in using the full dataset can been over the Milne Seamounts and the Northeast
part of the area. The agreement between the final geoid models for the two sets of data
where no RTM-reduction was used is at the ±32 cm with the main differences located over
the Milne Seamounts and the Eastern part of the area.

Figure 6.20: Unreduced (left) and RTM-reduced gravimetric Nres using the estimated
two-layer model (right).
Table 6.52 Gravimetric Nres in Newfoundland after restoring the RTM reduction. Unit: [m]
Model
max
min
mean
σ
two-layer
1.73
-0.95
-0.03
±0.32
three-layer
1.73
-0.96
-0.04
±0.32
JGP95E
1.83
-1.13
-0.07
±0.35
Table 6.53 Final gravimetric geoid solution in Newfoundland. Unit: [m]
max
min
mean
gr
N (GSD and BGI)
45.47
1.80
27.29
gr
N (GSD, BGI and KMS99)
45.00
1.78
27.20

σ
±9.00
±8.83
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Figure 6.21: Final gravimetric geoid solution in Newfoundland using the full dataset
(left) and the GSD and BGI data only (right).
6.3.3

Combined geoid modeling

The estimation of the combined geoid was carried out using the altimetric and gravimetric
geoid models already presented. As input to the IOST method the referenced to EGM96
ERS1, GEOSAT and gravimetric residual geoid heights have been used, while due to the
lack of specific information about the errors in both the altimetric and gravimetric
solutions, simulated noises were used as input error. Randomly distributed fields (white
noise) were generated in Matlab® using as standard deviation the σ of the differences
between the estimated solutions and T/P SSHs. These comparisons will be presented in the
next section of the validation of the estimated geoid models. Thus, the standard deviation
for ERS1 was set to 20.3 cm, for GEOSAT to 19.6 cm and for the gravimetric solution to
28.3 cm. The final combined solution was then estimated according to the equations
presented in Chapter Three. The noise level used in this case for the altimetry data (19.6
and 28.3 cm) is quite high since in many previous studies (Andritsanos, 2000; Tziavos et
al., 1996, 1998; Vergos, 2000; Vergos et al., 2001; Vergos and Sideris, 2001b) the altimetry
data have been proven to agree with T/P at the 6-12 cm. As it will be presented in the
validation section, the high differences between T/P and the estimated solutions are mainly
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concentrated in the part of the area between 40o £ φ £ 42ο where the effect of SSV and
other oceanic phenomena is very strong (see previous discussion on the ERS1 and
GEOSAT geoid modeling) and influences significantly the SSHs. As we have already
mentioned, the only processing performed to the T/P data was to stack the repeat cycles for
the 3rd year of the satellite’s mission. By stacking the data we can reduce all effects with a
period larger than that of the satellite ERM i.e., for T/P, phenomena with period larger than
about 10 days. This is so since these influences will be shown in some passes only and by
stacking all the passes we manage to reduce them. On the other hand, if the ocean
variability in the area has a period smaller than about 10 days, then this signal will be
included in all passes and all SSHs, thus not removed during stacking. To our opinion, this
is the source of the big differences between out solutions and T/P SSHs. As we shall see in
the validation section, the main disagreement is located in the Southwest part of the area
where the local geoid has its smallest value of about 2 to 5 m. For the same area though, the
minimum value of the T/P data is at the 4 to 5 m thus creating some high differences. For
these reasons, we performed a simulation test by reducing the standard deviation for the
input errors to 10 cm for ERS1, 9 cm for GEOSAT and 19 cm for the gravimetric solution.
Three combined geoid solutions have been computed i.e. one without using RTM
reduction and another with the RTM-reduced residual geoid fields from the two-layer
model. In both cases, the σ of the input noise was the standard deviation from the
comparisons with T/P SSHs. The last solution was based on the residual fields without
RTM-effects but using the smaller input errors. The statistics of the input signals are those
of the gridded residual fields with and without the RTM-reduction given in Tables 6.34 (8
km filtering), 6.35, 6.43 (6km filtering), 6.44 and 6.51. The combination was then carried
out with the aforementioned input signals and noise levels and the three combined solutions
were estimated. Subsequently, the RTM-effects have been restored to the solution that the
bathymetry was taken into account and finally, the contribution of the geopotential model
has been added back to derive the final combined geoid solutions. Table 6.54 presents the
final combined geoid models for each one of the three cases and in Figure 6.22 the final
geoid model, based on the solution where the bathymetry was taken into account using the
two-layer model is depicted. From Table 6.54 we can see that the two solutions using the
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σ’s from the comparison with T/P agree well with their differences reaching the ±8 cm
level. The solutions with no RTM-effects, but different noise levels, agree at the ±3 cm in
terms of the standard deviation of the differences, with a mean value of 0 m and maximum
and minimum differences at the 9 and -12 cm respectively. All solutions will be validated
in the next section through comparisons with T/P SSHs and the newly compiled official
Canadian Gravimetric Geoid 2000 (CGG2000).
Table 6.54 Final combined geoid solutions in Newfoundland
reduction. Unit: [m]
Model
max
min
no RTM (σ from T/P)
44.90
1.83
no RTM (reduced σ’s)
44.91
1.85
two-layer
44.90
1.77

with and without the RTMmean
27.23
27.23
27.24

σ
±8.77
±8.76
±8.77

Figure 6.22: Final combined geoid solution in Newfoundland.
6.3.4

Validation of geoid modeling in Newfoundland

For the validation of the estimated local geoid models close to Newfoundland, the solutions
are intercompared to each other as well as with the CGG2000 solution for the geoid in
Canada and the stacked 3rd year T/P SSHs. In Table 6.55 we present the statistics of the
differences between the two altimetric geoid solutions from ERS1 and GEOSAT. All four
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models for each satellite are shown and the differences were formed in the sense N

ERS1

-

NGEOSAT using the solutions with respect to the same bathymetry model. It can be seen that
the differences without RTM-reduction and when using the two new bathymetry models are
identical (their differences are at the mm level) and all three give a ±12cm level of
agreement between the two satellite missions with a mean of about 4 cm. These results
show that the altimetric models are close one to another and the remaining differences can
be mainly attributed to the higher resolution of GEOSAT compared to ERS1, which results
in a more detailed representation of the marine geoid. Comparing to the same results for the
case in Gavdos, the consistency between the altimetric models in Newfoundland is about 2
cm better, showing the improvement in geoid determination when the data are properly
handled i.e. remove blunders, crossover adjust, low-pass filtering to remove the SSV,
RTM-reduce with an accurate bathymetry model. The only difference between the
altimetric geoid modelling in the two areas lies in the filtering of the residual fields in
Newfoundland and the crossover adjustment of the GEOSAT data, which evidently
provided more accurate solutions. The mean value is much smaller, 4cm comparing to 22
cm, and this can be mainly attributed to the crossover adjustment performed for the
GEOSAT data, the filtering of the SSV and probably the better representation of the true
QSST by EGM96 for the open ocean area of Newfoundland.
Table 6.55 Altimetric geoid height differences between the ERS1 and GEOSAT solutions.
Unit: [m]
Model
max
min
mean
σ
no RTM
0.68
-0.59
0.04
±0.12
two-layer
0.68
-0.59
0.04
±0.12
three-layer
0.68
-0.59
0.04
±0.12
JGP95E
0.70
-0.70
0.08
±0.13
The statistics of the differences between the ERS1 and GEOSAT altimetric
solutions with the gravimetric geoid model are presented in Tables 6.56 and 6.57
respectively. In both cases the differences are formed as Nalt-Ngr. From Table 6.56 we can
see that the ERS1 altimetric solutions agree with the respective gravimetric ones at the ±30
cm level, comparing to ±16 cm for the comparisons in Gavdos. This is probably due to the
lower accuracy and some blunders still remaining in the shipborne data not removed with
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the 3 rms test. The mean value of the differences is again very small, at the 2 to 6 cm,
indicating that no significant biases between the solutions exist. This is a proof of the
proper reduction of both altimetric and gravimetric data from the sea level to the geoid.
Table 6.56 Geoid height differences between the ERS1 altimetric and the gravimetric geoid
solutions. Unit: [m]
Model
max
min
mean
σ
no RTM
1.15
-1.78
0.02
±0.30
two-layer
1.18
-1.76
0.04
±0.30
three-layer
1.19
-1.70
0.06
±0.30
JGP95E
2.76
-1.60
0.31
±0.39
Table 6.57 Geoid height differences between the GEOSAT altimetric and the gravimetric
geoid solutions. Unit: [m]
Model
max
min
mean
σ
no RTM
1.07
-1.78
0.02
±0.29
two-layer
1.09
-1.78
0.04
±0.29
three-layer
1.11
-1.76
0.06
±0.29
JGP95E
2.78
-1.53
0.31
±0.37
The same results hold for the comparisons of the gravimetric solutions with the
altimetric models from GEOSAT presented in Table 6.57. The agreement is again at the
±29 cm level with the same small mean value. Of course the range of the differences is
approximately 1.4 m smaller for the comparison between the two altimetric solutions, but
this is something expected, since the altimetric datasets have been collected with the same
methods and present a homogeneous distribution and accuracy. On the other hand the
shipborne gravity data have been collected with a completely different instrumentation,
compared to altimetry, and have a less homogeneous coverage and accuracy, since they
come form various expeditions during an extended time period.
The next comparison is performed with the CGG2000 geoid model, which
represents the most recent official gravimetric geoid for Canada. For the development of
CGG2000, the EGM96 geopotential model has been implemented, while the Sandwell and
Smith (1997) global altimetry-derived marine gravity field has been used to derive the
oceanic geoid estimates. In Table 6.27 we present the statistics of the differences between
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GEOMED

the new geoid models and CGG2000 formed as N

i

-N , where i represents the

altimetric, gravimetric or combined geoid solutions previously described. We also present
the differences between the gravimetric geoid using the smaller dataset and the combined
solution with the reduced noise levels. For this comparisons we did not fit a four parameter
surface to eliminate the biases between the solutions, since we want to show the differences
between our geoid models, for which the data have been reduced to the geoid, and
CGG2000 where the effect of the QSST was not taken into account and the solution
actually represents a mean sea surface which is very close to the geoid but deviates from it
by the QSST term. Finally, and since the differences between the various solutions, i.e.
with and without RTM-reduction, are very close to each other we present only the statistics
for the geoid models where the bathymetry was taken into account using the new two-layer
model. In general, the geoid solutions estimated using the new bathymetry models agree
better at the ±2 cm level with CGG2000, while, when a four parameter transformation
model is fitted to the differences, the σ is reduced in all cases by ±4 cm.
Table 6.58 Geoid height differences between CGG2000 and the estimated geoid solutions.
Unit: [m]
max
min
mean
σ
CGG2000
ERS1
N
-N
0.20
-1.25
-0.48
±0.20
CGG2000
GEOSAT
N
-N
0.21
-1.33
-0.48
±0.21
CGG2000
gr
N
-N
0.66
-2.06
-0.44
±0.28
CGG2000
gr
N
-N (GSD and BGI)
0.73
-2.22
-0.53
±0.46
CGG2000
combined
N
-N
(σ from T/P)
0.80
-1.26
-0.48
±0.23
CGG2000
combined
N
-N
(reduced σ’s)
0.78
-1.22
-0.48
±0.23
From Table 6.58 it is evident that the altimetric solutions agree equally well with
CGG2000, ± 20 cm, and better than the gravimetric geoid, using the full dataset, does by
about ±8 cm. The great improvement in gravimetric geoid determination when augmenting
the GSD and BGI data with the KMS99 field in the eastern part of the area is clear, since
the agreement with CGG2000 is reduced form ±46 cm to about ±28 cm. The two combined
solutions agree both at the ±23cm with CGG2000, while the one with the reduced noise
level has a smaller range of differences of about 6 cm. The noticing fact, in all comparisons
presented in Table 6.58, is the mean value of the differences, which is at the -44 to -48 cm.

226
On the other hand, the mean value of the EGM96 QSST used to reduce the data to the
geoid surface is approximately 38cm, which is a clear indication that the effect of the
stationary part of the SST was not taken into account in the development of CGG2000.
Figure 6.23 depicts the geoid height differences between the GEOSAT altimetric solution
and CGG2000, where we can see that the differences have generally small values apart
from the presence of a bias, which is evident over the entire region. The same conclusions
about the effect of the QSST in CGG2000 were derived by Grebenitcharsky, Vergos and
Sideris (2001), where a numerical solution of Altimetry-Gravimetry Boundary Value
Problems was investigated. Finally, in Figure 6.23 some slight trackiness in the differences
is still present, probably due to remaining SSV in our solution, but these patterns are almost
unidentifiable. To the author’s opinion, the data used in geoid modelling should always be
corrected for the QSST signal and reduced from the sea surface to the geoid, especially
today that we are after a cm-level geoid determination and the unification of the height
datums. Thus, the question does not lie on if the correction should be applied, but on which
DOT model should be used and how can we derive more accurate SST models for use in
gravity field modelling.

Figure 6.23: Geoid height differences between CGG2000 and the GEOSAT altimetric
solution.
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The final comparison is performed with the stacked T/P SSHs from the 3 year of
the satellite’s mission. The differences between the new geoid models and T/P were formed
as NT/P-Ni, where i represents the altimetric, gravimetric or combined geoid solutions
previously described. The T/P data present the most accurate and reliable information we
have today about the ocean surface, thus they can at least give a good indication of the
achievable accuracy of geoid modelling. The statistics of the comparisons are presented in
Table 6.59 and refer to the differences after the fit of a four-parameter transformation
model. Since the altimetric, gravimetric and combined solutions with the bathymetry being
represented by the new local models and without the RTM-effects are very close to each
other, we present only the statistics for the geoid models where the new two-layer model
was used. In general, the geoid solutions with the bathymetry been represented by the new
local models has a better agreement with T/P of about ±5 mm to ±1 cm compared to the
one with no RTM-reduction. But, when JGP95E was used to represent the bathymetry, the
differences of the altimetry solutions with T/P was increased by about ±8 to ±10 cm in
terms of the standard deviation. This is a clear indication of the errors included in the model
and of the less accurate geoid models estimated when this global bathymetry is used.
Table 6.59 Geoid height differences between T/P and the estimated geoid solutions. Unit:
[m]
max
min
mean
σ
T/P
ERS1
N -N
0.75
-0.76
0.00
±0.20
T/P
GEOSAT
N -N
0.63
-0.80
0.00
±0.19
T/P
gr
N -N
0.92
-0.94
0.00
±0.28
T/P
gr
N -N (GSD and BGI)
0.95
-1.12
0.00
±0.39
T/P
combined
N -N
(σ from T/P)
0.86
-0.91
0.00
±0.24
T/P
combined
N -N
(reduced σ’s)
0.84
-0.93
0.00
±0.24
From Table 6.59 we can see that the ERS1-GM geoid solutions agree with the T/P
SSHs at the ±20 cm while the GEOSAT-GM models present a slighter better accuracy of
±19 cm. The σ of the differences between the gravimetric solutions and T/P are at the ±28
cm level, showing the improvement, about ±9 cm, in geoid modelling that altimetry data
offer. Additionally, the range of the differences for the altimetric solutions is about 43 cm
smaller than that of the gravimetric ones. Nevertheless, this comparison shows that the
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gravimetric geoid models computed are satisfactory, since in a study conducted west of the
present one (see Vergos, Grebenitcharsky and Sideris, 2001a, b), the achievable agreement
with T/P was slightly higher by about ±2 cm. The present level is achievable when the
bathymetry is taken into account with the new local models but it rises to ±29 cm when no
RTM is used and to ±32 cm when JGP95E is employed. When the gravity data from GSD
and BGI are augmented by the KMS99 dataset the accuracy is improved by about ±11 cm,
a good indication of the better estimation of the geoid. The combined model agrees with the
T/P data at the ±24 cm level and the range of the differences reduces by 10cm compared to
the gravimetric solution. These indicate the valuable additional information and accuracy
improvement that altimetry offers to purely gravimetric geoid solutions. For the combined
solution with the reduced noise level, the agreement with T/P is almost the same as for the
one where the σ’s where derived from the comparisons with T/P.
Figure 6.24 depicts the differences between T/P SSHs and the GEOSAT altimetric
geoid solution where we can see that the highest differences are located in the part of the
region between 40o £ φ £ 42ο and 310o £ λ £ 316ο where the effect of SSV and other
oceanic phenomena is very strong. In the rest of the region, the differences are within their
expected values ranging between -40 and 50 cm. To our opinion, this is an indication that
the accuracy of the altimetric geoid models is much better than the comparisons with T/P
imply and range at the ±8 to ±11 cm level (these values refer to the σ of the differences for
the rest of the region). The same improvement of about ±9 cm holds for the gravimetric and
combined models as well. Thus we can come to the conclusion that by only stacking the
T/P data we cannot remove part of the oceanic effects, which clearly influences the SSH
measurements used for the comparisons. Probably, the T/P data had to be low-pass filtered
as well in their along-track direction, in order to further reduce the effects of SSV. But, this
is out of the goals of this research and will not be further discussed here. To visualize the
improvement in geoid modeling that the combined solution offers over the gravimetric one,
we depict in Figure 6.25 the differences between T/P SSHs and the combined and
gravimetric geoid solutions. The improvement can be seen in the differences over the
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Grand Banks, the central part (φ=45 and λ=314 ) and close to the Newfoundland
Seamounts (φ=42ο and λ=315.5ο).

Figure 6.24: Geoid height differences between T/P and the GEOSAT altimetric
solution.

Figure 6.25: Geoid height differences between T/P and the gravimetric (left) and
combined (right) solutions.
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6.4

Summary

In this chapter, numerical investigations on geoid determination using satellite altimetry,
shipborne gravity data as well as combined solutions have been presented for two quite
different areas. From the results and validations carried out, it is evident that when altimetry
and gravimetry data are handled properly (corrected for all error sources, remove blunders,
use accurate geopotential and DOT models, correct the data for the QSST signal, take into
account the bathymetry using an accurate representation of it, crossover adjust and lowpass filter the altimetry data) then an altimetric geoid determination accurate at the ±5 cm
to ±9 cm level, a gravimetric model at the ±10 cm to ±20 cm level and a combined solution
at the ±8 cm to ±14 cm level, are feasible. In all cases, when the new local bathymetry
models have been implemented, an improved accuracy at the ±5 mm to ±2 cm level has
been achieved, over the solutions with no RTM-effects. Compared to the global JGP95E,
the models estimated in this study perform always better and give solutions improved by
about ±2 to ±10 cm in terms of the σ of the differences with T/P, GEOMED and CGG2000.
Additionally, it is evident that when reliable local bathymetry models are not available,
then the use of global bathymetric solutions, like JGP95E, should be implemented with
caution, since they can introduce loss of accuracy of the final geoid estimation. Finally, the
altimetry data should be corrected for the QSST signal to refer to the geoid and not the sea
surface, and the question that arises is not on the necessity of such an operation, but on the
selection and the development of accurate DOT models to be used in gravity field
modeling. If the altimetry data are not corrected for the QSST then what we compute is a
high-accuracy Mean Sea Surface model for the area under study, which is biased (since the
effect of the QSST is mainly in terms of a bias) with respect to the geoid.
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CHAPTER SEVEN

GRAVITY FIELD MODELING

7.1

Introduction

This chapter presents the numerical investigations for gravity field modeling using single
and multi-satellite altimetry data from the ERS1 and GEOSAT Geodetic Missions. The
numerical computations were carried out in two areas, the one close to the island of
Gavdos, Greece and another offshore Newfoundland, Canada. For both areas, a number of
experiments consisting of a) single-satellite altimetric solutions using ERS1 and GEOSAT
data and b) a combination solution using data from both satellites will be presented. The
general outline of the procedure followed for gravity field modeling using altimetry data is
schematically presented in Figure 3.5. For each of the solutions, the datasets prepared
during the experiments for geoid determination will be used and solutions with and without
RTM-effects will be determined. The need for filtering to reduce the noise contaminating
the altimetry data will also be investigated and optimal, in terms of maximum noise
reduction with minimum signal loss, cut-off frequencies will be examined and proposed.
All gravity field models will be validated through comparisons with shipborne gravity data,
available for both regions, and the latest global multi-satellite altimetry-derived gravity
field KMS2001.
7.2

Inversion of altimetry data for gravity field modeling in Gavdos

In this section the numerical experiments for gravity field modeling in the area of Gavdos,
Greece are presented. First the single-satellite solutions using ERS1 and GEOSAT data are
presented and then the combined solution will be described.
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7.2.1

Single-satellite gravity field modeling

For each of the single-satellite gravity field estimations, the altimetry data presented in the
previous chapter are used. Thus, for each solution the gridded residual geoid heights i.e. the
Nres referenced to EGM96, corrected for the QSST signal, with and without the RTMeffects and with the blunders removed are employed.
Gravity field modelling with ERS1 data
The statistics of the ERS1 data used for the determination of altimetry-derived gravity
anomalies are those presented in Table 6.5. These datasets refer to gridded residual geoid
heights with and without the RTM-effects using the new local bathymetry models and
JGP95E. As mentioned in Chapter Three, the gravity anomalies will be predicted using the
efficient 2D FFT, the planar approximation of Stokes integral and employing discrete
spectra for the kernel function. To avoid spectral leakage, 100% zero-padding has been
used. The inverse Stokes operation is a differentiation, which thus enhances the high
frequencies. This is a problem that needs to be tackled, especially when geodetic mission
altimetry data are used, since in that case the effects of SSV and of other oceanic
phenomena contaminate the satellite measurements and appear like noisy features with an
along-track pattern. As described in Chapter Three, the altimetry data will be low-pass
filtered testing different cut-off frequencies and selecting the one that removes most of the
noise and preserves most of the gravity signal.
To select the optimal cut-off frequency, the same trial and error procedure
described in geoid modelling is followed. Thus, different cut-off frequencies are tested for
the case where the RTM-reduction is not included and then the selected frequency is used
for the cases with the RTM-effects. Table 7.1 presents the statistics of the filtered, with
different cut-off frequencies (ωc), residual free-air gravity anomalies (∆gres) predicted from
the ERS1 residual geoid heights. The ωc’s tested where set at 8, 10, 12 and 20 km
corresponding to about 4.4¢, 5.5¢, 6.5¢ and 10.9¢ respectively. From Table 7.1 it can be seen
that the differences between the filtered at 8, 10 and 12 km fields are very small, since all
three present a σ of about ±13 to ±14 mGal, with a mean of almost 0 mGal (the mean value
for all solutions is of the order of a few µGal). Their main differences are in terms of the
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range of the predicted fields which reduces from 230 mGal, for the filtered at 8 km field, to
216 mGal and 203 mGal for the filtered at 10 and 12 km fields respectively. The filtered at
20 km field presents the highest differences compared to the rest, with a σ of about 11
mGal and a range of only 161 mGal. This is an indication that not only noise, but also some
part of the gravity field signal itself, has been removed by using an ωc of 20km. This is
more clearly depicted in Figure 7.1, where the differences between the filtered at 10 and
12km and 12 and 20 km fields are presented.
Table 7.1 Statistics of filtered ERS1-derived residual gravity anomalies in Gavdos using
different cut-off frequencies. Unit: [mGal]
ωc
max
min
mean
σ
8 km
110.6
-120.6
0.0
±13.9
10 km
106.5
-110.6
0.0
±13.2
12 km
101.9
-101.9
0.0
±12.6
20 km
84.0
-77.4
0.0
±10.8

Figure 7.1: Differences between filtered at 10 and 12 km (top) and 12 and 20 km
(bottom) ERS1-derived ∆gres in Gavdos.
From Figure 7.1, it can be seen that when filtering at 12 km we mostly remove the
noisy features included in the altimetry data and enhanced by the inverse Stokes operator.
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This is evident, since the differences between the filtered at 10 and 12 km fields have an
along-track and high-frequency type of structure which is in agreement with what we
would expect the effects of SSV to look like. Some broader characteristics are removed in
the area of the Cyrene Seamount (φ=20ο and λ=33.5ο) but they are negligible. On the other
hand, from the differences between the filtered at 12 and 20 km fields, it is apparent that
features of the gravity field itself are removed, while the noisy structures removed are not
so significant. The greater part of the gravity information lost is located in the Cyrene
Seamount, where a major part of its strong response is removed. Additionally, part of the
gravity signal close to the island of Gavdos, associated with the Hellenic and Ptolemy
Trenches, is also lost. For these reasons, we selected 12 km as a cut-off frequency for the
filtering of the altimetry data used in the prediction of gravity anomalies. This frequency
will also be used for the estimation of the gravity fields, which include the RTM-effects.
Table 7.2 presents the statistics of the predicted gravity anomalies, from the RTM-reduced
ERS1 residual geoid heights, using 12 km as a cut-off frequency and the new depth models
and JGP95E to account for the bathymetry. From that Table we can see that the new local
bathymetry models manage to provide smoother residual gravity fields by about 9 mGal,
compared to JGP95E. In comparison with the predicted field where no RTM-reduction was
used, the σ is slightly smaller by about 0.1 mGal but the range of the predicted gravity
anomalies is reduced by about 44 mGal. When JGP95E is used, the σ increases by 9 mGal
and the range by 4 mGal, indicating the problems caused in the prediction of gravity
anomalies from altimetry data when an inaccurate model is implemented to account for the
bathymetry. The final step to compute the ERS1-derived gravity anomaly fields, is to
restore the contribution of the bathymetry, for the models that it was taken into account,
and then the geopotential model contribution.
Table 7.2 Statistics of ERS1-derived RTM-reduced residual gravity anomalies in Gavdos.
Unit: [mGal]
Model
max
min
mean
σ
two-layer
63.1
-97.3
0.0
±12.6
62.9
-98.9
0.0
three-layer
±13.3
JGP95E
81.4
-126.4
0.0
±21.4
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Table 7.3 presents the statistics of the gravity anomalies after restoring the
contribution of the bathymetry and Table 7.4 shows the final ERS1-derived gravity
anomalies with and without the RTM-reduction. From Table 7.3 it is interesting to notice
that the σ of the residual fields do not agree well, since the differences between the model
where JGP95E was used has a larger σ of about 5 mGal compared to the ones where the
new local bathymetry models have been implemented. This clearly shows the damaging
effects that a bathymetry model with errors has in gravity field determination. Clearly,
some of the artifacts introduced in the RTM-reduced residual geoid heights from JGP95E
are removed or at least reduced by the low-pass filtering, so that when the RTM-effects are
restored they cannot couple exactly what has been removed. Additionally, comparing the
statistics of the referenced to EGM96 gravity residuals with, for the two new models, and
without the RTM-reduction (Table 7.1 second row and Table 7.3 first two rows) it can be
seen that their σ’s differ by about 1.5 to 2 mGal. As it was presented in Chapter Six, the
RTM-reduction of the ERS1 data using the two new models, has resulted in smoothing the
strong positive anomalies around the Cyrene Seamount, while these still remain in the field
without RTM-effects. During the low-pass filtering, part of this signal has been obviously
removed for the case where no RTM-reduction was used (see Figure 7.1), thus resulting in
a field with slightly smaller σ. On the other hand, when the RTM-reduced fields were lowpass filtered, the Cyrene Seamount signature in the gravity field has been already removed
(smoothed) with the RTM-effects and was then restored back to the models. Thus, in the
latter case, part of signal was preserved and then restored for the final gravity field
determination.
Table 7.3 Statistics of ERS1-derived residual gravity anomalies in Gavdos after restoring
the RTM-effects. Unit: [mGal]
Model
max
min
mean
σ
two-layer
105.5
-111.1
0.2
±14.7
105.3
-112.5
0.3
three-layer
±15.2
JGP95E
108.1
-106.4
1.3
±19.1
From Table 7.4, where the final ERS1-derived gravity anomalies are presented, we
can see that the estimated fields using the two new bathymetry models agree well with the
one were no RTM-reduction was used, while the model with JGP95E shows higher
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differences. These differences are at the 4 mGal level for the new local models and the 14
mGal for JGP95E, proving that the artifacts introduced by the global DDM remain in the
final estimated gravity field. This will be more clearly depicted in the validation section
where the differences between the estimated models and KMS01 and shipborne data will be
presented. Figure 7.2 depicts the final ERS1-derived gravity field in Gavdos for the
solution where the bathymetry was taken into account with the two-layer model.
Table 7.4 Final ERS1-derived gravity anomalies in Gavdos with and without RTMreduction. Unit: [mGal]
Model
max
min
mean
σ
no-RTM
128.1
-185.5
-21.4
±50.0
163.8
-198.2
-21.1
two-layer
±50.9
171.5
-198.3
-21.1
three-layer
±50.9
JGP95E
172.9
-206.0
-20.1
±51.3

Figure 7.2: Final ERS1-derived gravity field in Gavdos.
From Figure 7.2 it can be seen that the main features of the gravity field in Gavdos
are clearly depicted i.e. the Cyrene Seamount and Cyrene Basin, the Hellenic and Ptolemy
Trenches and the Mediterranean and Malta Ridges (compare with Figure 4.2). As expected,
the Cyrene Basin and the Malta Ridge are not depicted very well since their signature in the
gravity field is not strong, probably due to isostatic compensation (see relevant discussion
in Chapter Four). Some slight trackiness can be noticed across the Hellenic Trench, but it is
negligible, indicating that the selection of the cut-off frequency was proper, and most of the
high-frequency information contaminating the altimetry data and enhanced by the inverse
Stokes operator, has been removed.
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Gravity field modelling with GEOSAT data
For the determination of the GEOSAT-derived gravity anomalies, the same procedure has
been followed. The statistics of the GEOSAT data used are presented in Table 6.13. These
datasets refer to gridded residual geoid heights with and without the RTM-effects using the
new local bathymetry models and JGP95E. Again, the optimal cut-off frequency is selected
in terms of maximum noise reduction with minimum signal loss. Table 7.5 presents the
statistics of the filtered, with different cut-off frequencies (ωc), residual free-air gravity
anomalies (∆gres) predicted from the GEOSAT residual geoid heights. The ωc’s tested
where set at 10, 12 and 20 km. We did not test any higher frequencies e.g. 8km, since for
the ERS1 data, which have a smaller cross-track spacing, they included too much noise (see
Figure 7.1). From Table 7.5 it can be seen that the differences between the filtered at 10 and
12 km fields are very small, since all three present a σ of about ±14 mGal, with a mean of
almost 0 mGal (the mean value for all solutions is of the order of a few µGal). Their main
differences are in terms of the range of the predicted fields which reduces from 179 mGal,
for the filtered at 10 km field, to 150 mGal 12 km field. The filtered at 20 km field presents
the highest differences with the rest, with a σ of about 11 mGal and a range of only 127
mGal. This is an indication that not only noise, but also some part of the gravity field signal
itself, has been removed by using an ωc of 20km. This is more clearly depicted in Figure
7.3, where the differences between the filtered at 12 and 20 km fields are presented.
Table 7.5 Statistics of filtered GEOSAT-derived residual gravity anomalies in Gavdos
using different cut-off frequencies. Unit: [mGal]
ωc
max
min
mean
σ
10 km
67.7
-110.8
0.0
±14.5
12 km
63.0
-86.9
0.0
±14.0
20 km
56.3
-71.5
0.0
±11.5
From Figure 7.3 it is apparent that significant characteristics of the gravity field
itself are lost, while the noisy structures removed are more apparent than in the same case
for ERS1 (see Figure 7.1). Once again, the greatest part of the gravity information removed
is located in the Cyrene Seamount, where a major part of its strong response is lost.
Additionally, part of the gravity signal close to the island of Gavdos, associated with the
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Hellenic and Ptolemy Trenches, is also lost. Even though some noisy structures still remain
in the filtered at 12 km field, we decided to select that cut-off frequency for the filtering of
the altimetry data so that the least amount of gravity information will be removed. This
frequency will also be used for the estimation of the gravity fields, which include the RTMeffects.

Figure 7.3: Differences between filtered at 12 and 20 km GEOSAT-derived ∆gres in
Gavdos.
Table 7.6 presents the statistics of the predicted gravity anomalies, from the RTMreduced GEOSAT residual geoid heights, using 12 km as a cut-off frequency and the new
local models and JGP95E to account for the bathymetry. From that Table, we can see that
the new local bathymetry models manage to provide smoother residual gravity fields by
about 7 mGal, compared to JGP95E. In comparison with the predicted field where no
RTM-reduction was used, the σ is smaller by about 2 mGal and the range of the predicted
gravity anomalies is reduced by about 36 mGal. When JGP95E is used, the σ increases by 6
mGal and the range by 10 mGal, indicating the problems caused in the prediction of gravity
anomalies from altimetry data when an inaccurate model is implemented to account for the
bathymetry. The smoother fields determined when the bathymetry is taken into account
with the new local models, provide further proof of their appropriateness for use in gravity
field modeling. The final step to compute the GEOSAT-derived gravity anomaly fields is to
restore the contribution of the bathymetry, for the models that it was taken into account,
and then the geopotential model contribution. Table 7.7 presents the statistics of the gravity
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anomalies after restoring the contribution of the bathymetry and Table 7.8 shows the final
GEOSAT-derived gravity anomalies with and without RTM-reduction.
Table 7.6 Statistics of GEOSAT-derived RTM-reduced residual gravity anomalies in
Gavdos. Unit: [mGal]
Model
max
min
mean
σ
two-layer
42.3
-72.6
0.0
±12.2
45.3
-74.1
0.0
three-layer
±12.9
JGP95E
72.2
-91.6
0.0
±19.7
Table 7.7 Statistics of GEOSAT-derived residual gravity anomalies in Gavdos after
restoring the RTM-effects. Unit: [mGal]
Model
max
min
mean
σ
70.1
-83.1
0.2
two-layer
±13.8
77.2
-83.9
0.3
three-layer
±14.3
JGP95E
80.1
-84.3
1.3
±16.9
From Table 7.7 it can be seen again that the σ of the residual fields does not agree
well, since the differences between the model where JGP95E was used has a larger σ of
about 3 mGal compared to the ones where the new local bathymetry models have been
implemented. The same result has been reported for the ERS1 data and it is a clear
indication of the effects that a bathymetry model with errors has in gravity field
determination. Comparing the statistics of the referenced to EGM96 gravity residuals with,
for the two new models, and without the RTM-reduction (Table 7.5 second row and Table
7.7 first two rows) it can be seen that their σ’s differ by only 0.5 mGal and their ranges by
about 6 mGal.
From Table 7.8, where the final GEOSAT-derived gravity anomalies are
presented, we can see that the estimated fields using the two new bathymetry models agree
well with the one were no RTM-reduction was used, while the model with JGP95E shows
higher differences. These differences are at the 3 mGal level for the new local models and
the 13 mGal for JGP95E, proving that the artifacts introduced by the global DDM remain in
the final estimated gravity field. Comparing the mean values of the final ERS1-derived
(Table 7.4) and GEOSAT-derived (Table 7.8) gravity fields we can see that for the same
models they are almost identical (difference at the µGal level) with the exception of the
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JGP95E solution. This is expected, since the altimetry data used for the prediction have a
very small mean value (about 0.2 m) which translates to almost 0 mGal (0.06 mGal) for the
mean value of the residual gravity field. Thus, for the solution where the bathymetry was
not taken into account, the mean value of the final gravity field is approximately that of the
geopotential model (EGM96). Also, for the solutions with the local bathymetry models, the
mean value of the RTM-effects restored to the predicted gravity field are of the order of 0.2
mGal, clearly not affecting much the overall mean value of the final field. On the other
hand, this is not the case with JGP95E, for which the RTM-effects have a mean value of 1.3
m and clearly change the mean of the final gravity field. The improvement in gravity field
determination offered by the new local bathymetry models will be more clearly depicted in
the validation section. Figure 7.4 depicts the final GEOSAT-derived gravity field in Gavdos
for the solution where the bathymetry was taken into account with the two-layer model.
Table 7.8 Final GEOSAT-derived gravity anomalies in Gavdos with and without RTMreduction. Unit: [mGal]
Model
max
min
mean
σ
no-RTM
124.6
-183.5
-21.4
±50.7
160.0
-187.2
-21.1
two-layer
±51.0
168.2
-189.4
-21.1
three-layer
±51.1
JGP95E
168.4
-197.5
-20.1
±51.7

Figure 7.4: Final GEOSAT-derived gravity field in Gavdos.
From Figure 7.4 we can see that the main features of the gravity field in Gavdos are clearly
depicted and some more detailed information, compared to the ERS1-derived model, are
presented. The only problem seems to be located over the Cyrene Seamount, whose
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maximum gravity value is slightly underestimated by the GEOSAT model by about 5
mGal. This can be attributed to the low-pass filtering of the GEOSAT data, which are more
affected by the SSV, so that part of the strong positive anomalies associated with the
Cyrene Seamount are reduced. Another reason can be viewed in terms of the higher
accuracy of the ERS1 data compared to the GEOSAT ones. Finally, since the GEOSAT
data are more affected by the SSV, crossover adjustment might be useful (even with the
disadvantages it had for the specific area) in the removal of such effects, so that the
consequent low-pass filtering could be performed at a higher cut-off frequency e.g. 8-10
km, and less information would be lost. But, as we shall see in the validation section, the
GEOSAT solution provides good results, which are very close to those of ERS1.

7.2.2

Multi-satellite gravity field modeling

To derive the multi-satellite solution we merged the residual geoid heights from both
satellites (ERS1 and GEOSAT) prior to gridding. As mentioned in Chapter Six, the grid
spacing of the residual geoid heights was selected to be 3¢´3¢, since it roughly corresponds
to the cross-track spacing of the irregularly distributed satellite data. Consequently, the
estimated single-satellite gravity fields were predicted on the same grid points. But, by
combining the irregular points of both satellites we can derive a much denser mesh. For that
reason, and in order to be in agreement with the spacing of the KMS01 gravity field, we
selected to grid the combined altimetry dataset on a 2¢´2¢ grid, which roughly corresponds
to about 3.6 km. The data used from both satellites are the ungridded residual geoid heights
i.e. the irregular Nres referenced to EGM96, corrected for the QSST signal, with and without
the RTM-effects and with the blunders removed. Their statistics for ERS1 are presented in
Tables 6.3 and 6.4, while for GEOSAT in Tables 6.11 and 6.12. After merging the Nres in
one dataset, they were gridded using a spacing of 2¢ and the previously described weighted
means method with prediction power two. The statistics of the gridded combined (ERS1
and GEOSAT) datasets, with and without the RTM-reduction, are presented in Table 7.9.
These data will be used for the derivation of the multi-satellite altimetry-derived gravity
fields.
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Table 7.9 Gridded combined residual geoid heights in Gavdos with and without RTMreduction. Unit: [m]
Model
max
min
mean
σ
no-RTM
1.52
-1.15
0.32
±0.22
1.25
-1.30
0.28
two-layer
±0.21
1.33
-1.40
0.27
three-layer
±0.21
JGP95E
1.85
-2.09
0.15
±0.73
Again the optimal cut-off frequency is selected in terms of the maximum noise
reduction with minimum signal loss. The various selections for the cut-off frequency are
tested for the dataset without RTM-effects. Table 7.10 presents the statistics of the filtered,
with different cut-off frequencies (ωc), residual free-air gravity anomalies (∆gres) predicted
from the multi-satellite residual geoid heights. The ωc’s tested where set at 8, 10, 12 and 20
km. From Table 7.10 it can be seen that the differences between the filtered at 10 and 12
km fields are small again, since both have a σ of about ±15 to ±16 mGal with the σ of their
differences at the ±1 mGal level. The main differences between the filtered at 8, 10 and 12
km fields are in terms of their range which reduces from 245 mGal, for the filtered at 8 km
field, to 223 and 208 mGal for the filtered at 10 and 12 km fields. The filtered at 20 km
field presents the highest differences with the rest, with a σ of about 13 mGal and a range
of 161 mGal. Figure 7.5 depicts the differences between the filtered at 8 and 12 km and 12
and 20 km fields.
Table 7.10 Statistics of filtered multi-satellite derived residual gravity anomalies in Gavdos
using different cut-off frequencies. Unit: [mGal]
ωc
max
min
mean
σ
8 km
106.1
-139.5
0.0
±17.7
10 km
101.1
-122.1
0.0
±15.9
12 km
96.0
-112.1
0.0
±14.9
20 km
78.8
-83.3
0.0
±12.6
From Figure 7.5 we can see that the differences between the filtered at 8 and 12
km fields are mostly of high-frequency nature and follow the desired along track pattern.
Some part of the gravity field signal associated with the Cyrene Seamount and the Ptolemy
and Hellenic Trenches is removed but it is considered negligible. On the other hand, the
differences between the filtered at 12 and 20 km fields are much broader and part of the
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gravity field associated with the Cyrene Seamount, the two Trenches and the Malta Ridge
are clearly removed. Of course, some remaining noise in the 12 km field is also removed,
but once again we decide to retain some of the noise, but not loose such a significant part of
the gravity field itself. Thus, the cut-off frequency was selected to be equal to 12 km and
will also be used for the estimation of the gravity fields, which include the RTM-effects.

Figure 7.5: Differences between filtered at 8 and 12 km (top) and 12 and 20 km
(bottom) multi-satellite derived ∆gres in Gavdos.
Table 7.11 presents the statistics of the predicted gravity anomalies, from the
RTM-reduced combined residual geoid heights, using 12 km as a cut-off frequency and the
new local models and JGP95E to account for the bathymetry. From that Table we can see
that the new local bathymetry models manage to provide smoother residual gravity fields
by about 8 mGal, compared to JGP95E. In comparison with the predicted field where no
RTM-reduction was used (see Table 7.10), the σ is at the same level while the range of the
predicted gravity anomalies is reduced by about 40 mGal. Once again when JGP95E is
used, the σ of the predicted gravity anomalies increases by 10 mGal and the range by 15
mGal. The smoother fields determined when the bathymetry is taken into account with the
new local bathymetry models, provide further proof of their appropriateness for use in
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gravity field modeling. To compute the final multi-satellite altimetry-derived gravity fields
the contribution of the bathymetry and that of the geopotential model have to be restored.
Table 7.12 presents the statistics of the final multi-satellite altimetry-derived gravity
anomalies with and without RTM-reduction.
Table 7.11 Statistics of filtered multi-satellite RTM-reduced residual gravity anomalies in
Gavdos. Unit: [mGal]
Model
max
min
mean
σ
two-layer
56.3
-111.2
0.0
±14.8
56.5
-112.9
0.0
three-layer
±15.5
JGP95E
86.7
-136.8
0.0
±22.3
Table 7.12 Final multi-satellite altimetry-derived gravity anomalies in Gavdos with and
without RTM-reduction. Unit: [mGal]
Model
max
min
mean
σ
no-RTM
130.1
-191.0
-21.4
±51.0
173.3
-195.7
-21.1
two-layer
±51.4
181.9
-197.7
-21.1
three-layer
±51.5
JGP95E
181.0
-207.1
-20.1
±52.0
The σ of the differences between the model with no RTM-reduction and the rest, is
at the 4 mGal level, when the new local bathymetry models were used, and the 14 mGal
when JGP95E is employed. The range of the differences is at the 60 mGal for the former
and 140 mGal for the latter, proving that the artifacts introduced by the global DDM remain
in the final estimated gravity field. Figure 7.6 depicts the final multi-satellite altimetryderived gravity field in Gavdos, for the solution where the bathymetry was taken into
account with the new two-layer model. From that Figure we can see that the main
characteristics of the gravity field in Gavdos are again depicted very well and that some
more detailed information across the Hellenic Trench, not found in the single-satellite
solutions, is shown. Due to the denser spacing of the altimetry data and of the grid selected,
some trackiness in the final gravity field is evident, especially in the Southeast and Central
parts of the area. Its effect is not considered very important, since by selecting a longer
wavelength as a cut-off frequency we would be able to remove part of it but in that case a
significant portion of the gravity field itself, would also be removed.
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Figure 7.6: Final multi-satellite altimetry-derived gravity field in Gavdos.
7.2.3

Validation of estimated gravity models in Gavdos

For the validation of the estimated gravity field models close to the island of Gavdos, the
solutions will be intercompared and compared with the KMS01 global altimetry-derived
gravity field and shipborne gravity anomalies. The shipborne data used for the comparisons
are the same 21699 gravity anomalies, from IfE and BGI, used for the gravimetric geoid
prediction in the previous Chapter. In Table 7.13 the statistics of the differences between
the two single-satellite solutions from ERS1 and GEOSAT are presented. All four models
for each satellite are compared and the differences are formed in the sense ∆gERS1-∆gGEOSAT
using the solutions with respect to the same bathymetry model.
Table 7.13 Differences between the ERS1 and GEOSAT single-satellite gravity field
models. Unit: [mGal]
Model
max
min
mean
σ
no RTM
69.6
-43.2
0.0
±8.6
two-layer
57.7
-41.0
0.0
±8.2
three-layer
57.9
-40.6
0.0
±8.2
JGP95E
60.3
-40.6
0.0
±9.0
From Table 7.13 it can be seen that for all models their agreement is at the ±8 to
±9 mGal in terms of the σ of the differences, with the solutions where the bathymetry was
taken into account with the new local models providing the overall best agreement at the
±8.2 mGal. The worst agreement, ±9 mGal, is found between the single-satellite solutions
where JGP95E was used, and this is something expected due to the artifacts that the global
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DDM introduced to the estimated fields. The mean value of the differences is in all cases
equal to 0 mGal since we are comparing results where the same bathymetry and
geopotential models were used. As mentioned previously, the mean value of the final
gravity fields is mainly due to the geopotential and bathymetry models used, since the small
mean of the residual geoid heights employed in the prediction has a negligible effect on the
final solution (at the 0.06 mGal). The same level of agreement is reached when comparing
the combined solution with the single-satellite ones. In this case the differences with the
ERS1 solution is at the ±8.5 mGal and with the GEOSAT models at the ±7.4 mGal in terms
of the σ.
The next comparison is performed with the KMS01 gravity model. Since the
KMS01 field has a grid spacing of 2¢, we used it to interpolate gravity anomalies on the 3¢
grid points of the estimated single-satellite solutions. For the multi-satellite solution, which
has a spacing of 2¢, the computation of the differences is straightforward. The comparison
between each individual solution for every satellite will be presented separately, in an effort
to investigate the differences, artifacts and errors introduced when using different
bathymetry models. Table 7.14 presents the differences between the ERS1 solutions and
KMS01, while Tables 7.15 and 7.16 refer to the differences between the GEOSAT and
combined models with KMS01 respectively.
Table 7.14 Differences between the ERS1 single-satellite and KMS01 gravity field models.
Unit: [mGal]
Model
max
min
mean
σ
no RTM
73.8
-68.6
-0.3
±8.2
two-layer
93.4
-46.5
0.0
±8.6
three-layer
94.9
-48.9
0.0
±9.0
JGP95E
121.9
-77.0
1.0
±15.8
Table 7.15 Differences between the GEOSAT single-satellite and KMS01 gravity field
models. Unit: [mGal]
Model
max
min
mean
σ
no RTM
76.0
-83.4
-0.3
±10.6
two-layer
90.4
-63.5
0.0
±9.7
three-layer
91.4
-66.0
0.0
±10.0
JGP95E
103.0
-73.4
1.0
±14.5
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Table 7.16 Differences between the multi-satellite and KMS01 gravity field models. Unit:
[mGal]
Model
max
min
mean
σ
no RTM
78.5
-81.4
-0.3
±10.9
two-layer
98.3
-81.1
0.0
±11.0
three-layer
99.9
-80.9
0.0
±11.7
JGP95E
121.0
-84.4
1.0
±16.9
These comparisons with the KMS01 field aim to provide an indication of the external
accuracy of the estimated gravity field models, since they are validated against a global
solution which is known for its accuracy and provides the best agreement, comparing to
other models like the Sandwell and Smith, with shipborne gravity data. From all three
Tables we can see the problems caused by the use of JGP95E to represent the bathymetry,
since its solutions give a lower agreement of about 5-7 mGal with KMS01, compared to the
rest. This is a clear indication that such global DDMs are to be used with caution and
should be substituted with local, more accurate ones, wherever possible. From Table 7.14,
the differences between the ERS1 solutions and KMS01 range at the ±8.0 to ±9.0 mGal, in
terms of their σ, with a range of about 130 mGal. The gravity fields where the new local
bathymetry models were used agree slightly worse by about 0.4-0.8 mGal, compared to the
solution without RTM. We believe that these differences are negligible since for the case of
GEOSAT they indicate that the former agree better with KMS01, compared to the model
without RTM-effects, by about 0.6-1.1 mGal. Nevertheless, they show that when the
bathymetry is taken into account with an accurate model, then the results are equal or
slightly better than those without RTM-effects. The GEOSAT solutions perform slightly
worse than the ERS1 ones by about 1-2 mGal, probably due to the higher accuracy of the
ERS1 data and the absence of crossover adjustment in their processing. The combined
models give results slightly worse than the GEOSAT solutions do by about 1-1.5 mGal,
showing that for the data used and the specific area, a combined model does not improve
the accuracy of the final gravity field estimation. This is in agreement with the findings of
Tziavos, Forsberg and Sideris (1998) and Tziavos, Sideris and Forsberg (1998), who
indicated that a multi-satellite altimetry gravity field did not provide better results
compared to a single-satellite one. But, other studies (Andersen and Knudsen, 1998) gave
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different conclusions i.e. that a combined solution improves the results since it provides
more information and higher resolution in the final gravity field estimates. We should
mention at this point though, that the modeling followed in the present study for the
reduction of the effects of the SSV, can be regarded as a simple one, since it refers to a
crossover adjustment and a subsequent low-pass filtering. On the other hand, in the
development of the KMS models, a special CV function is introduced in the crossover
adjustment to account and remove a greater part of the SSV, and is then followed by a lowpass filtering.
Figure 7.7 depicts the gravity anomaly differences between the ERS1 and
GEOSAT solutions with KMS01, for the case that the bathymetry was taken into account
with the new two-layer model. From that figure it can be seen that for both solutions some
trackiness in their differences with KMS01 is identified probably due to unmodeled SSV
still contaminating the solutions. But, the differences are in general close to 0 mGal with
some big disagreements appearing close to the coastline (Northeast edge of the area), which
is expected from altimetry solutions. The differences for the GEOSAT model are greater in
the area around the Cyrene Seamount, while both solutions seem to overestimate, compared
to KMS01, the magnitude of the gravity anomalies over the Mediterranean Ridge (φ=33ο
and 21ο £ λ £ 23ο).
The final comparison is performed with the shipborne gravity data. The
differences are formed as ∆gship-∆gi, with i representing the single- or multisatellite
solutions. Table 7.17 presents the differences between shipborne gravity and the ERS1
solutions, while Tables 7.18 and 7.19 refer to the differences between the shipborne data
and the GEOSAT and combined models respectively. For a comparison of the achieved
accuracy in gravity field modeling, the differences between the shipborne gravity data and
KMS01 were also computed and found to be at the ±10.2 mGal in terms of the σ, with a
mean of

-1.6 mGal and maximum and minimum values of 45.6 mGal and -89.8 mGal

respectively. From Tables 7.17, 7.18 and 7.19 we can see that the overall best agreement
with the shipborne data is achieved for the ERS1 solutions, being at the ±15.6 mGal in
terms of the σ of the differences. This is about 5 mGal worse than the achievable accuracy
of the KMS01 field. When JGP95E is used, then the accuracy of the final ERS1 solution
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Figure 7.7: Gravity anomaly differences between the ERS1 (top) and GEOSAT
(bottom) models and KMS01.
Table 7.17 Differences between shipborne gravimetry and the ERS1 single-satellite models.
Unit: [mGal]
Model
max
min
mean
σ
no RTM
69.1
-85.5
0.3
±15.6
two-layer
56.9
-99.9
-0.1
±15.6
three-layer
58.2
-99.2
-0.2
±15.6
JGP95E
99.9
-138.6
-0.5
±20.3
Table 7.18 Differences between shipborne gravimetry and the GEOSAT single-satellite
models. Unit: [mGal]
Model
max
min
mean
σ
no RTM
85.7
-85.2
1.2
±18.8
two-layer
75.9
-99.4
0.4
±17.7
three-layer
76.4
-98.2
-0.3
±17.7
JGP95E
94.8
-124.2
-0.1
±21.3
deteriorates to 20 mGal, signaling the problems that an inaccurate bathymetry model
creates. The GEOSAT solutions agree at the ±17.7 to ±18.8 mGal with the shipborne data,
while the range of the differences is slightly higher, by about 20 mGal, compared to the
ERS1 models. The combined solutions show a better agreement, compared to the ones of
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GEOSAT, by about 1-2 mGal with the shipborne data indicating that a multi-satellite model
can improve the GEOSAT estimates. Of course this agreement is still 1 mGal worse than
that of the ERS1 solution, which can be interpreted in terms of the higher accuracy of the
ERS1 data. Finally, Figure 7.8 depicts the differences between the shipborne gravity data
and the ERS1 and GEOSAT solutions for the case where the bathymetry was taken into
account with the two-layer model. Again some slight trackiness in the differences is visible
while the main disagreements are located close to the islands of Gavdos and Crete and over
the Cyrene Seamount.
Table 7.19 Differences between shipborne gravimetry and the multi-satellite models. Unit:
[mGal]
Model
max
min
mean
σ
no RTM
69.7
-85.8
0.3
±16.5
two-layer
67.4
-101.9
-0.1
±16.6
three-layer
68.5
-92.4
-0.2
±16.7
JGP95E
101.0
-141.3
-0.5
±20.8

Figure 7.8: Gravity anomaly differences between shipborne gravity data and the
ERS1 (top) and GEOSAT (bottom) models.
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7.3

Inversion of altimetry data for gravity field modeling in Newfoundland

In this section we present the numerical experiments for gravity field modeling in the area
of Newfoundland. First the single-satellite solutions using ERS1 and GEOSAT data are
presented and then the combined solution will be described.
7.3.1

Single-satellite gravity field modeling

For each of the single-satellite gravity field estimations, the ERS1-GM and GEOSAT-GM
altimetry data presented in Chapter Six are used. Thus, for each solution the gridded
residual geoid heights i.e. the Nres referenced to EGM96, corrected for the QSST signal,
with and without the RTM-effects and with the blunders removed are employed.
Gravity field modelling with ERS1 data
The statistics of the ERS1 data used for the determination of the altimetry-derived gravity
anomalies are those presented in Table 6.33. These datasets refer to gridded residual geoid
heights, prior to the low-pass filtering for the reduction of the SSV, with and without the
RTM-effects using the new local bathymetry models and JGP95E. The unfiltered Nres were
selected, so that a separate investigation of the optimal cut-off frequency will be carried out
for gravity field estimation. The same procedure, as in the Gavdos area, has been followed.
Thus, to select the optimal cut-off frequency different wavelengths were tested for the case
where the RTM-reduction is not included, and then the selected frequency was used for the
cases with the RTM-effects. Table 7.20 presents the statistics of the filtered, with different
cut-off frequencies (ωc), residual free-air gravity anomalies (∆gres) predicted from the ERS1
residual geoid heights. The ωc’s tested where set to 4, 8, 12, 16, 20 and 24 km
corresponding to about 2.2¢, 4.4¢, 6.5¢, 8.7¢, 10.9¢ and 13.1¢ respectively. From Table 7.20 it
can be seen that the filtered at 4 km field contains much information about the SSV, since it
has a σ of ±29 mGal, when for the 8 km field it drops to about ±17 mGal. The filtered at 12,
16, 20 and 24 km fields agree well to each other with a σ between ±9 to ±13 mGal and a
range of about 120 mGal. For the filtered at 24 km field the range drops to only 80 mGal
which might be an indication that some information about the gravity field itself is
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removed. For better visualization purposes, Figure 7.9 depicts the differences between the
filtered at 16 and 20m and 16 and 24 km fields. From that Figure we can see that for both
the filtered at 20 and 24 km fields, some part of the gravity field signal is removed,
especially over the Milne Seamount. But, for the latter, it is evident that some broader
characteristics are removed located not only in the aforementioned region but over the
Grand Banks and Flemish Cap as well. To further validate the selection of the 20 km cutoff frequency, the final gravity fields of the filtered at 16, 20 and 24 km residuals have been
computed and compared with KMS01 and the shipborne data. It was found that the filtered
at 20 km model agrees better with KMS01 by about 1 and 3 mGal compared to the ones
filtered at 16 and 24 km respectively. Actually, the σ of the differences with KMS01
decreases between the 16 and 20 km fields, while it increases after that when compared to
the 24 km model. When compared to the shipborne data the 20 km field gives a better
agreement of about 0.5 and 2 mGal than the ones filtered at 16 and 24 km. For these
reasons we selected the cut-off frequency to be set to 20 km for all the ERS1 solutions.
Table 7.20 Statistics of filtered ERS1-derived residual gravity anomalies in Newfoundland
using different cut-off frequencies. Unit: [mGal]
ωc
max
min
mean
σ
4 km
221.3
-267.8
0.0
±29.1
8 km
108.5
-116.5
0.0
±17.0
12 km
59.7
-76.1
0.0
±13.2
16 km
53.0
-57.2
0.0
±11.5
20 km
50.7
-44.1
0.0
±10.3
24 km
47.9
-39.4
0.0
±9.3
Following the same process, gravity residuals were predicted from the RTM-reduced
residual geoid heights, with their statistics being presented in Table 7.21. Comparing the
statistics of Table 7.21 with those from Table 7.20 (for the filtered at 20km field) it can be
seen that the predicted gravity residuals using the new two-layer bathymetry model are
slightly smoother than those with no RTM-effects. The σ is about 1 mGal smaller, while
the range is retained at the same level. Once again, the residuals using JGP95E present
much higher standard deviation and range, by about 14 mGal and 110 mGal respectively.
The final gravity field models are computed by restoring the effects of the bathymetry and
the geopotential model. Their statistics are presented in Table 7.22 from which we can see
that the solutions where the bathymetry was taken into account with the two- and three-
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layer models are very close to the one with no RTM-effects with the σ of differences at the
1.8 and 2.5 mGal respectively. On the other hand the JGP95E solution differs by
approximately 12 mGal showing the errors included in that gravity field model.

Figure 7.9: Differences between filtered at 16 and 20 km (left) and 16 and 24 km
(right) ERS1-derived ∆gres in Newfoundland.
Table 7.21 Statistics of ERS1-derived RTM-reduced residual gravity anomalies in
Newfoundland. Unit: [mGal]
Model
max
min
mean
σ
two-layer
52.4
-45.7
0.0
±9.8
51.3
-45.3
0.0
three-layer
±10.4
JGP95E
81.0
-126.8
0.0
±24.3
Table 7.22 Final ERS1-derived gravity anomalies in Newfoundland with and without
RTM-reduction. Unit: [mGal]
Model
max
min
mean
σ
no-rtm
130.2
-60.9
14.0
±22.8
two-layer
132.2
-66.3
14.1
±23.2
133.0
-73.3
14.1
three-layer
±23.5
JGP95E
159.2
-78.0
14.6
±26.3
Figure 7.10 depicts the final gravity field model for the solution where the twolayer bathymetry was used. Comparing that figure with KMS99 in Newfoundland (see
Figure 4.20), it is obvious that the main gravimetric characteristics of the area i.e. the
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gravimetric response of the Milne and Newfoundland Seamounts, Newfoundland Ridge,
Flemish Cap and part of Grand Banks are well depicted. Of course the grand Banks are not
very well depicted due to their isostatic compensation (see analysis in Chapter Four). Some
remaining SSV is still present but it can be considered as negligible since most of the tracklike features are removed.

Figure 7.10: Final ERS1-derived gravity field in Newfoundland.
Gravity field modelling with GEOSAT data
To derive the GEOSAT gravity anomalies, the data presented in Table 6.42 were used.
These datasets refer to unfiltered, gridded residual geoid heights, referenced to EGM96,
reduced for the bathymetry with an RTM-reduction, crossover adjusted for the reduction of
the radial orbit error and part of the SSV and tested for the existence of blunders. The same
procedure as for the ERS1 data has been followed, and the filtering was tested for the case
where an RTM-reduction was not used. Then, the selected frequency was used for the cases
with the RTM-effects as well. Table 7.23 presents the statistics of the filtered, with
different cut-off frequencies (ωc), residual free-air gravity anomalies (∆gres) predicted from
the GEOSAT residual geoid heights. The ωc’s tested where set to 4, 8, 12, 16, and 20 km.
We didn’t test in this case the 24 km frequency, since it has been proven to remove much of
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the gravity field signal for the ERS1 solution. Even thought the GEOSAT data are denser
than the ERS1 ones, we should take into account that they are also crossover adjusted, and
as presented in Chapter Six part of the SSV has been removed with that operation. From
Table 7.23 it can be seen that the filtered at 4 km field contains much information about the
SSV, since it has a σ of ±21 mGal, when for the 8 km field it drops to about ±14 mGal. The
filtered at 12, 16, 20 km fields agree well to each other having a σ between ±10 to ±11.6
mGal and a range of about 110 mGal. Figure 7.11 depicts the differences between the
filtered at 12 and 20m and 16 and 20 km fields.
Table 7.23 Statistics of filtered GEOSAT-derived residual gravity anomalies in
Newfoundland using different cut-off frequencies. Unit: [mGal]
ωc
max
min
mean
σ
4 km
253.7
-231.8
0.0
±21.1
8 km
89.4
-87.3
0.0
±13.6
12 km
62.2
-61.3
0.0
±11.6
16 km
52.5
-58.4
0.0
±10.5
20 km
50.6
-54.1
0.0
±9.7

Figure 7.11: Differences between filtered at 12 and 20 km (left) and 16 and 20 km
(right) GEOSAT-derived ∆gres in Newfoundland.
From that Figure we can see that for the filtered at 20 km field, some part of the
gravity field signal is removed, especially over the Milne Seamount. But it does seem to
miss much information over other structures like the Grand Banks. To decide which cut-off
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frequency, 16 or 20 km, will be selected the final gravity fields were computed and
compared with KMS01 and the shipborne data. It was found than the filtered at 20 km
model agrees with KMS01 at the ±5 mGal, in terms of the σ of the differences, while the
one filtered at 16 km reaches the ±5.4 mGal. When compared to the shipborne data both
give an agreement of about 15.7 mGal. Even though the improvement in the agreement of
the filtered at 20 km field with KMS01 is not much greater than that of the 16 km one, we
decided to select the former, since it is evident that not much of the gravity field signal is
removed, the final model agrees better with KMS01 and some additional part of the SSV is
removed.
Following the same process, gravity residuals were predicted from the RTMreduced residual geoid heights, with their statistics being presented in Table 7.24.
Comparing the statistics of Tables 7.23 (for the filtered at 20km field) and 7.24 it can be
seen that the predicted gravity residuals using the new two-layer bathymetry model are
slightly smoother than those with no RTM-effects. The σ is about 1 mGal smaller while the
range is reduced by about 15 mGal. The predicted residual gravity anomalies using JGP95E
present much higher standard deviation, ±24 mGal, and range, 200 mGal, compared to ±9
and 89 mGal, for the two-layer model, respectively. The final gravity field models are
computed by restoring the contribution of the bathymetry and that of the geopotential
model.
Table 7.24 Statistics of GEOSAT-derived RTM-reduced residual gravity anomalies in
Newfoundland. Unit: [mGal]
Model
max
min
mean
σ
two-layer
44.4
-45.4
0.0
±8.9
43.5
-46.4
0.0
three-layer
±9.5
JGP95E
79.7
-121.9
0.0
±23.8
The statistics of the final models are presented in Table 7.25 from which we can
see that the solutions where the bathymetry was taken into account with the two- and threelayer models are very close to the one with no RTM-effects with the σ of the differences at
the 1.1 and 2 mGal respectively. On the other hand the JGP95E solution differs by 12.5
mGal, showing the errors included in that gravity field model.
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Table 7.25 Final GEOSAT-derived gravity anomalies in Newfoundland with and without
RTM-reduction. Unit: [mGal]
Model
max
min
mean
σ
no-rtm
130.2
-60.9
14.0
±22.8
two-layer
136.4
-61.6
14.1
±23.1
136.9
-68.8
14.1
three-layer
±23.3
JGP95E
159.4
-82.2
14.6
±26.1
Figure 7.12 depicts the final gravity field model for the GEOSAT solution where
the two-layer bathymetry was used. Comparing that figure with KMS99 (see Figure 4.20)
and the ERS1 solution (see Figure 7.10), we can conclude that much more detailed
information is shown. This is evident over the Milne Seamount, whose features are now
depicted much clearer. Additionally, the Newfoundland Seamounts can be distinguished
and the gravimetric low, east of the Flemish Cap, is presented in more detail. Finally, more
details of the strong negative anomalies North of the Flemish Cap and the Nose of the Bank
are depicted together with the negative field surrounding the Grand Banks. The final field
has some remaining trackiness due to unmodeled SSV, but these features are two weak and
are thus considered negligible.

Figure 7.12: Final GEOSAT-derived gravity field in Newfoundland.
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7.3.2

Multi-satellite gravity field modeling

To derive the multi-satellite solution the residual geoid heights from both satellites (ERS1
and GEOSAT) were merged prior to gridding. To exploit the denser spacing of the
combined dataset a 2¢´2¢ grid was selected, compared to the previous 3¢ one. The data used
from both satellites refer to ungridded and unfiltered, residual geoid heights i.e. the
irregular Nres referenced to EGM96, corrected for the QSST signal, with and without the
RTM-effects, with the blunders removed and crossover adjusted. Their statistics for ERS1
are presented in Table 6.32, while for GEOSAT in Tables 6.40 and 6.41. After merging the
Nres in one dataset, they were then gridded using a spacing of 2¢ to exploit the denser
spacing of the combined dataset. Since the residual field with the RTM-effects from the
three-layer model gave in all cases, geoid and gravity field modeling, approximately the
same results as the two-layer one, we decided not to include that solution in the combined
gravity field estimation. Additionally, it has been proven that the use of JGP95E gave in all
cases disappointing results and the least accurate models. Thus this solution will also be
excluded from the final multi-satellite gravity field modeling. So, the two models estimated
will be the one with no RTM-effects and another with the bathymetry taken into account
with the two-layer model. The statistics of the gridded combined (ERS1 and GEOSAT)
datasets, with and without the RTM-reduction, are presented in Table 7.26. These data will
be used for the derivation of the multi-satellite altimetry-derived gravity fields.
Table 7.26 Gridded combined residual geoid heights in Gavdos with and without RTMreduction. Unit: [m]
Model
max
min
mean
σ
no-RTM
0.98
-0.63
0.15
±0.17
0.98
-0.88
0.13
two-layer
±0.18
Again the optimal cut-off frequency is selected in terms of the maximum noise
reduction with minimum signal loss. Various wavelengths for cut-off frequency are tested
for the dataset without RTM-effects. Table 7.27 presents the statistics of the filtered, with
different cut-off frequencies (ωc), residual free-air gravity anomalies (∆gres) predicted from
the multi-satellite residual geoid heights. The ωc’s tested where set at 12, 16, 20 and 24 km.
From Table 7.27 it can be seen that the differences between the filtered at 16 and 20 km
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fields are small again, since both have a σ of about ±10 to ±11 mGal, with the σ of their
differences at the ±1.5 mGal level. Their range does not differ a lot either, since it is
reduced from 131 mGal, for the filtered at 12 km field, to 118 and 108 mGal for the filtered
at 16 and 20 km fields. The filtered at 24 km field has a σ of about 9 mGal and a range of
100 mGal. Figure 7.13 depicts the differences between the filtered at 16 and 20 km and 16
and 24 km fields.
Table 7.27 Statistics of filtered multi-satellite derived residual gravity anomalies in
Newfoundland using different cut-off frequencies. Unit: [mGal]
ωc
max
min
mean
σ
12 km
69.6
-62.9
0.0
±11.9
16 km
58.7
-60.0
0.0
±10.9
20 km
53.4
-55.8
0.0
±10.1
24 km
50.7
-50.8
0.0
±9.3

Figure 7.13: Differences between filtered at 16 and 20 km (left) and 16 and 24 km
(right) multi-satellite ∆gres in Newfoundland.
From Figure 7.13 we can see that by filtering at 20 km some part of the gravity
field signal over the Milne Seamount is removed, while a significant part of the noise is
reduced as well. On the other hand, the filtered at 24 km field, even though some noisy
features are removed, does not include a significant part of the Milne Seamount
gravitational signature. Additionally, part of the negative gravity anomalies surrounding the
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Grand Banks of Newfoundland, is removed as well. For these reasons the filtered at 20 km
field was selected over the one at 24 km. To further validate this selection, the filtered at
16, 20 and 24 km fields were compared with the KMS01 model. These comparisons
showed that the 20 km filed agrees better by about 1 mGal, in terms of the σ of the
differences, with KMS01 compared to the 16 km one, and by about 1.5 mGal better
compared to the 24 km one. Thus, a cut-off frequency of 20 km was selected to low-pass
filter the residual geoid heights with and without the RTM-effects.
Table 7.28 presents the statistics of the predicted gravity anomalies, from the
RTM-reduced combined residual geoid heights, using 20 km as a cut-off frequency and the
two-layer bathymetry model. Compared to the predicted field where no RTM-reduction
was used (see Table 7.27), the σ and range are slightly reduced by 0.7 mGal and 12 mGal
respectively, indicating that the use of the new bathymetry model provides smoother
residuals. The final multi-satellite altimetry-derived gravity fields were computed by
restoring the contribution of the bathymetry and that of the geopotential model. Table 7.29
presents the statistics of the final multi-satellite altimetry-derived gravity anomalies with
and without RTM-reduction.
Table 7.28 Statistics of filtered multi-satellite RTM-reduced residual gravity anomalies in
Newfoundland. Unit: [mGal]
Model
max
min
mean
σ
two-layer
52.8
-45.5
0.0
±9.4
Table 7.29 Final multi-satellite altimetry-derived gravity anomalies in Newfoundland with
and without RTM-reduction. Unit: [mGal]
Model
max
min
mean
σ
no-RTM
133.1
-68.4
-14.0
±22.9
134.8
-65.7
-14.1
two-layer
±23.1
The σ and range of the differences between the two predicted fields are ±1.4 and
40 mGal respectively, indicating their good agreement. Figure 7.14 depicts the final multisatellite altimetry-derived gravity field in Newfoundland for the solution where the
bathymetry was taken into account with the new two-layer model. Comparing that Figure
with the single-satellite solutions (Figures 7.10 and 7.12) it is evident that more detailed
information about the gravity field in the area is included and revealed. The structure of the
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Milne Seamount is more detailed, while the Newfoundland Seamounts are now more
pronounced and clear. The gravimetric highs over the Grand Banks, the Flemish Cap and
the Milne Seamount are now evident, while the strong negative anomalies surrounding the
Grand Banks, as well as those in the Northwest edge of the area, are shown more explicitly.
Additionally, the effect of remaining, unmodeled SSV is less evident, showing only a few
track patterns.

Figure 7.14: Final multi-satellite altimetry-derived gravity field in Newfoundland.
7.3.3

Validation of estimated gravity models in Newfoundland

The validation of the estimated gravity field models off shore Newfoundland, is carried out
by comparing the solutions between each other and with KMS01 and shipborne gravity
anomalies. The shipborne data used for the comparisons are the same 128616 gravity
anomalies, from GSD, BGI and KMS99, used for the gravimetric geoid prediction in
Chapter Six. Table 7.30 presents the statistics of the differences between the two singlesatellite solutions from ERS1 and GEOSAT. All four models for each satellite are
compared and the differences are formed in the sense ∆gERS1-∆gGEOSAT using the solutions
with respect to the same bathymetry model.
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Table 7.30 Differences between the ERS1 and GEOSAT single-satellite gravity field
models. Unit: [mGal]
Model
max
min
mean
σ
no RTM
48.0
-39.9
0.0
±7.7
two-layer
46.8
-38.8
0.0
±7.7
three-layer
46.8
-38.8
0.0
±7.7
JGP95E
47.5
-38.5
0.0
±7.9
From Table 7.30 it can be seen that for all models their agreement is at the ±7.7 to
±7.9 mGal, in terms of the σ of the differences, with a range of about 85 mGal. This
agreement is about 1 mGal better compared to the results in Gavdos, which can be mainly
attributed to the more rigorous modeling of the GEOSAT data through their crossover
adjustment. The same level of agreement is reached when comparing the combined solution
with the single-satellite ones. In this case the differences with the ERS1 solution is at the
±7.6 mGal and with the GEOSAT models at the ±7.7 mGal in terms of the σ.
The next comparison is performed with KMS01. Again, for the single satellite
models the KMS01 values were interpolated on the 3¢ grid points of our solutions, while for
the multi-satellite solution, which has a spacing of 2¢, the computation of the differences
was straightforward. The comparison between each individual solution for every satellite
will be presented separately, in an effort to investigate the improvement, artifacts and errors
introduced when using different bathymetry models. Table 7.31 presents the differences
between the ERS1 solutions and KMS01, while Tables 7.32 and 7.33 refer to the
differences between the GEOSAT and combined models with the latter, respectively. From
Table 7.31 we can see that the gravity model based on the two-layer bathymetry, gives the
best agreement with KMS01, i.e. σ of ±6.6 mGal and range of 82 mGal. Compared to
Table 7.31 Differences between the ERS1 single-satellite and KMS01 gravity field models.
Unit: [mGal]
Model
max
min
mean
σ
no RTM
62.2
-33.7
-0.2
±6.8
two-layer
45.2
-37.3
-0.2
±6.6
three-layer
48.2
-39.5
-0.2
±6.7
JGP95E
90.9
-121.1
-0.7
±13.6
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Table 7.32 Differences between the GEOSAT single-satellite and KMS01 gravity field
models. Unit: [mGal]
Model
max
min
mean
σ
no RTM
56.5
-32.8
-0.2
±5.0
two-layer
48.5
-34.8
-0.2
±4.9
three-layer
51.3
-37.1
-0.2
±5.1
JGP95E
97.8
-119.5
-0.7
±12.6
Table 7.33 Differences between the multi-satellite and KMS01 gravity field models. Unit:
[mGal]
Model
max
min
mean
σ
no RTM
60.8
-31.1
-0.2
±5.5
two-layer
49.5
-36.1
-0.2
±5.3
the ERS1 model with no RTM-effects this a reduction of only 0.2 mGal in terms of the σ of
the differences but of 20 mGal in terms of the range. The solution with the three-layer
bathymetry performs equally well, while the use of JGP95E provides the worst results, with
an agreement at 14 mGal (σ) and a range of 211 mGal. It is noticing that, compared to the
Gavdos results, there is an improvement of about 1.5 mGal, showing that altimetric gravity
field modeling has some problems in closed-sea areas and regions close to the coastline.
From Table 7.32 we can see that the GEOSAT solutions give better agreement with
KMS01 by about 2 mGal, compared to ERS1, and this is a good indication that by
crossover adjusting the data, more accurate results can be obtained. These differences are
about 5 mGal better compared to Gavdos, strengthening the previous statement and
showing the improvement in gravity field modeling in open versus closed sea areas. For the
GEOSAT models, the overall best agreement of ±4.9 mGal is achieved when the two-layer
bathymetry model is used, and for this case the range of the differences is about 10 mGal
smaller compared to the model with no RTM-effects. The combined models give results
slightly worse, by about 0.5 mGal, than the GEOSAT solutions do, which is a 1.5 mGal
improvement compared to the ERS1 only solutions. Additionally, the multi-satellite models
depict more features of the gravity field in Newfoundland, thus we can say that the
combined solution really improves the determination of the gravity field, over an ERS1
only model. Of course, this 1.5 mGal improvement might not be that significant, taking into
account the achievable accuracy of 5 mGal of the final models, but it sure is a step towards

264
the introduction of more accurate and reliable, in terms of depicting more information of
the gravity field, models.
Figure 7.15 depicts the gravity anomaly differences between the ERS1 and
GEOSAT solutions with KMS01, for the case that the bathymetry was taken into account
with the new two-layer model. From that Figure, it can be seen that for both solutions some
trackiness in their differences with KMS01 is identified, probably due to unmodeled SSV
still contaminating the solutions. But, for the GEOSAT solution these effects are almost
invisible, proving that the SSV was better modeled. The differences for both models are in
general close to 0 mGal with some slight disagreements appearing over the Milne
Seamount.

Figure 7.15: Gravity anomaly differences between the ERS1 (left) and GEOSAT
(right) models and KMS01.
The final comparison is performed with the shipborne gravity data. The
differences are formed as ∆gship-∆gi with i representing the single- or multisatellite
solutions. Table 7.34 presents the differences between shipborne gravity and the ERS1
solutions, while Tables 7.35 and 7.36 refer to the differences with the GEOSAT and
combined models. For a comparison of the achieved accuracy in gravity field modeling, the
differences between the shipborne gravity data and KMS01 were also computed and found
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to be at the ±15.6 mGal in terms of the σ, with a mean of 0.1 mGal and maximum and
minimum of 118.5 mGal and -82.6 mGal respectively. From Tables 7.34, 7.35 and 7.36 we
can see that the overall best agreement with the shipborne data is achieved for the
GEOSAT solutions, being at the ±15.5 mGal in terms of the σ of the differences. This is
equal to the achievable accuracy of the KMS01 field. When JGP95E is used, then the
accuracy of all solutions deteriorates by about 3 mGal, signaling the problems that an
inaccurate bathymetry model creates. The two single-satellite solutions and the multisatellite one, give an agreement with the shipborne data which is equal to that of the
KMS01 field, and that is considered quite significant, since the KMS01 field is proven to
be the most accurate altimetry-derived gravity field available today. As an indication, it
should be mentioned that when the Sandwell and Smith gravity model was compared with
KMS01 and the shipborne data, it gave an agreement of about 7.5 and 20 mGal (1σ)
respectively. The combined solution improves the agreement by about 1 mGal, compared to
the ERS1 models, showing that by using more data and from more missions, we do not
only increase the resolution of the model but its accuracy as well. Finally, Figure 7.16
depicts the differences between the shipborne gravity data and the ERS1 and GEOSAT
solutions, for the case where the bathymetry was taken into account with the two-layer
model.
Table 7.34 Differences between shipborne gravimetry and the ERS1 single-satellite models.
Unit: [mGal]
Model
max
min
mean
σ
no RTM
119.2
-91.3
0.0
±16.6
two-layer
118.9
-88.8
0.0
±16.5
three-layer
119.1
-89.1
0.0
±16.5
JGP95E
122.4
-115.6
-0.1
±19.1
Table 7.35 Differences between shipborne
models. Unit: [mGal]
Model
max
no RTM
119.5
two-layer
120.2
three-layer
120.5
JGP95E
122.6

gravimetry and the GEOSAT single-satellite
min
-79.0
-79.2
-79.4
-120.9

mean
-0.1
-0.1
-0.1
-0.1

σ
±15.7
±15.5
±15.6
±18.5
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Table 7.36 Differences between shipborne gravimetry and the multi-satellite models. Unit:
[mGal]
Model
max
min
mean
σ
no RTM
119.5
-83.1
0.0
±16.0
two-layer
120.0
-83.4
0.0
±15.9

Figure 7.16: Gravity anomaly differences between shipborne gravity data and the
ERS1 (left) and GEOSAT (right) models.
From Figure 7.16 it is evident that the differences with the shipborne data are
almost 0 mGal over the entire region with some significant differences only in the
Southwest part of the area. The same pattern of differences appears in the comparison of
the KMS01 field with the shipborne data. These features are quite puzzling at first sight,
but if we relate them with the distribution of the shipborne gravity data in the area (see
Figure 3.11), then we can see that they are directly correlated with some shipborne tracks
coming from the BGI dataset. To our opinion, this is an indication of blunders in the BGI
dataset, which were not removed during the 3 rms test. We were not able to exclude these
data, since they do not come is separate tracks but all merged together in an entire dataset
with no indication about their origin. The next solution would be to exclude the BGI dataset
entirely, but then the data distribution would be deteriorated significantly. Finally, a better
and more rigorous gross error detection algorithm could be used (see Tscherning, 1990),
but this was outside the scope of the present research. If the area showing these significant
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differences is excluded, then the agreement between the estimated gravity field models and
the shipborne data is brought to about 6 mGal. The differences between the altimetryderived gravity field and the shipborne gravimetry, from now on called gravity equivalent
QSST, will be used in the next chapter for the estimation of the SST in the area of
Newfoundland. Part of the high differences, previously discussed, will be removed with a 3
rms test, in an effort to reduce these blunder-like features for the final QSST and
geostrophic velocity estimation.

7.4

Summary

In this Chapter, numerical investigations on marine gravity field determination using single
and multi-satellite altimetry data have been presented for the areas of Gavdos and
Newfoundland. From the results and validations carried out, it was found that by properly
handling the altimetry data (correct them for all error sources, remove blunders, use
accurate geopotential and DOT models, correct the data for the QSST signal, take into
account the bathymetry using an accurate representation of it, crossover adjust and filter the
altimetry data), then an altimetric gravity field determination accurate to the ±5 to ±15
mGal level is feasible, compared to KMS01 and shipborne gravity data. In all cases, when
the new local bathymetry models have been implemented, an improved accuracy of ±0.5 to
±2 mGal, compared to the solutions with no RTM-effects, has been achieved. The global
JGP95E gave discouraging results, since in all cases it performed the worst by reducing the
accuracy of the final solutions by about ±3 to ±8 mGal, in terms of the σ of the differences
with KMS01 and shipborne gravimetry. For this reason, the use and implementation of
global DDMs should be performed with caution. The fact that the accuracy of the final
models in Newfoundland is identical and slightly better than that of KMS01 indicates that
the proposed procedure for gravity field modeling is appropriate and leads to accurate
results. A final conclusion refers to the fact that gravity field modeling using satellite
altimetry is not a straightforward procedure, since special care should be given to the
geopotential, DOT and bathymetry model selection, as well as to the filtering, correction
and adjustment of the data. The main advantage of satellite altimetry, in providing a
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homogeneous, high-resolution and high-accuracy determination of the gravity field has
become evident and proved through the validations presented.
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CHAPTER EIGHT

SEA SURFACE TOPOGRPAHY AND GEOSTROPHIC FLOW ESTIMATION

8.1

Introduction

This chapter presents the numerical investigations for quasi-stationary sea surface
topography and geostrophic flow estimation using multi-satellite altimetry and shipborne
gravity data. The estimation is carried out in the two main areas under study i.e. in Gavdos
and Newfoundland. For the determination of the QSST, the previously altimetry-derived
gravity fields will be used together with the shipborne gravity data available for each
region. Since the altimetry data available are more densely and homogeneously spaced than
the shipborne ones, we first have to predict gravity anomalies from the altimetry SSHs and
then carry out the QSST estimation based on the procedure schematically presented in
Figure 3.6 and discussed in paragraph 3.5. Finally, the estimation of geostrophic velocities
is carried out using Eq. 3.73 and following the discussion presented in paragraph 3.6. The
investigations in this chapter aim mainly at detecting residual QSST for both regions in an
effort to investigate whether such information exists above harmonic degree 20. Both the
altimetry and gravity data have been corrected and reduced for the QSST signal using the
DOT from the EGM96 model, which is a spherical harmonics expansion of the global SST
complete to degree and order 20. Thus, the estimated QSST represents residual signal of
wavelengths shorter than about 2000 km.

8.2

Sea surface topography and geostrophic flow estimation in Gavdos

Since the satellite data are denser than the shipborne ones, we first have to predict gravity
anomalies from the altimetry SSHs. This step has been already analytically presented in
Chapter Seven and the results have been validated. For each of the regions, the altimetry-
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derived gravity field that gave the best agreement with KMS01 and the shipborne data, will
be used for the prediction of QSST. In Gavdos that solution was coming from the ERS1
single-satellite gravity field without RTM-effects and with the bathymetry being taken into
account using the new two-layer model. Both solutions gave an agreement with KMS01
and the shipborne data at the 8 and 15 mGal respectively (1σ), for that reason it was
decided to predict the QSST using only one dataset i.e. the one without the RTM-effects. It
is known that the QSST is equal to the difference between altimetry and shipborne
gravimetry, but in Chapter Seven the differences were computed as ∆gship-∆galt. Thus, a
first step is to change the sign of the computed differences. Table 8.1 presents the so-called
gravity equivalent QSST (∆gQSST), which is the contribution of the residual SST to gravity
anomalies. It is important to mention at this point that both gravity and altimetry data have
been reduced for the QSST signal, using the EGM96 DOT model, thus this information
represents residual signal of wavelengths shorter than 2000 km. To derive the residual
QSST, we used again the efficient 1D FFT spherical Stokes convolution, implemented in
the derivation of gravimetric geoid heights. This can be done, since the SST is part,
together with the geoid heights N, of the mean sea surface height and represents a height
above the reference ellipsoid. Since the estimation is carried out in the frequency domain,
the residual gravity equivalent QSST has to be gridded. The same grid spacing of 3′ was
selected for the ∆gQSST residual field and the data were gridded using the weighted means
method with prediction power two.
Table 8.1 Gravity equivalent residual QSST in Gavdos. Unit: [mGal]
max
min
mean
QSST
∆g
85.5
-69.1
-0.3

σ
±15.6

Following that, the estimation of residual QSST (ςres) was carried out with the
results shown in Table 8.2. From Table 8.2 it can be seen that QSST of wavelengths shorter
than 2000 km exists in Gavdos, with a range of about 140 cm and a σ of ±12 cm. Figure 8.1
depicts the residual ∆gQSST and ςres fields, where we can see that the maximum values
appear close to the coastline of Crete. To the author’s opinion, these features do not
represent part of the residual field, since they are probably due to the problems of altimetry
close to dry-land regions. Thus they should be neglected. From the rest of the field, it is
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evident that the main part of the residual field is located, as it should, over bathymetric
features of the area, such as the Cyrene Seamount, the Mediterranean and Malta Ridges and
the Hellenic and Ptolemy Trenches. This signal, between approximately -50 to +50 cm,
represents unmodeled, residual QSST of wavelengths shorter than 2000 km not included in
the global DOT model. Furthermore, it provides evidence that part of this long-wavelength,
constant over short periods of time SST, can be detected and modeled using altimetry and
shipborne data, while the full power of the QSST is not restricted to harmonic degrees 6 to
10 as implied by almost all the global DOT models tested in Chapter Five.
Table 8.2 Residual QSST in Gavdos. Unit: [m]
max
min
ςres
0.858
-0.566

mean
0.037

σ
±0.123

Figure 8.1: Residual gravity-equivalent QSST (top) and estimated residual QSST
(bottom) in Gavdos.
To derive the final estimates of the QSST in Gavdos, the contribution of the global
EGM96 DOT model, previously removed, has to be restored in the residuals. Table 8.3
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presents the final quasi-stationary sea surface topography in Gavdos as determined from the
altimetry and shipborne gravity data, which is also depicted in Figure 8.2. From that Figure,
it can be seen that the main part of the QSST in Gavdos is mainly correlated with the
geophysical properties of the area and more specifically with the Hellenic Trench and
Cyrene Seamount. Also part of the final field is related to the two Ridges of the area i.e. the
Malta and Mediterranean ones.
Table 8.3 Final quasi-stationary sea surface topography in Gavdos. Unit: [m]
max
min
mean
ςc
0.325
-1.082
-0.332

σ
±0.154

Figure 8.2: Final quasi-stationary sea surface topography in Gavdos.
From the final estimates of the quasi-stationary sea surface topography in the area,
geostrophic velocities can then be determined following the geostrophic theory for the
determination of the QSST from the natural properties (salinity, temperature etc.) of the
ocean water. Actually, the inverse procedure i.e. the determination of the constant
geostrophic velocities from the QSST estimates has been followed using Eq. 3.73. Table
8.4 presents the statistics of the estimated parallel (us) and meridian (vs) components of the
geostrophic velocities in the area, while Figure 8.3 depicts the estimated vector velocity
field and the eat-west and north-south components. The values of the two components of
the steady geostrophic velocities can be considered as big, for an area like Gavdos, since in
closed sea areas the dynamics of the ocean are relatively small and the geostrophic
velocities should have relatively small values. But, these big minimum and maximum
values are mainly attributed to the deviation of the method in close to land regions and the
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problems of satellite altimetry close to the coastline. If we neglect these values close to
Crete, it is evident that the geostrophic flow depicted in Figure 8.4 follows the general
circulation pattern of the area. Compared with recent findings by Manzella et al. (2001) and
Table 8.4 Statistics of the components of geostrophic flow in Gavdos. Unit: [m/sec]
max
min
mean
σ
us
4.652
-5.441
0.084
±0.665
vs
5.978
-6.781
0.012
±0.633

AIS

ICC

MIJ

CA
MMJ

Figure 8.3: The us (top) and vs (middle) steady geostrophic velocity components and
the geostrophic flow vector field (bottom) in Gavdos.
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Millot (1999), the main circulation features that can be identified are the Cretan
Anticyclone (CA), the Mid-Mediterranean Jet (MMJ), the Mid-Ionian Jet (MIJ), the
Atlantic-Ionian Stream (AIS) and the Ionian Cyclonic Circulation (ICC). Additionally, a
cyclonic gyre close to Gavdos and a stream associated with the Hellenic Trench can be
identified. The aforementioned studies by Millot (1999) and Manzella et al. (2001), were
based on long-term, purely oceanographic data. The results of the present study show that
the information about both the QSST and the ocean circulation that can be derived from a
geodetic processing of altimetry and shipborne gravity data, is invaluable, since much
needed information for both geodesy and oceanography can be identified, modeled and
estimated.
From the analysis in Gavdos, it became evident that there is part of the QSST
signal of wavelengths shorter than about 2000 km, which can be identified and estimated
by purely geodetic methods. This can lead to a better knowledge of the QSST itself, and the
estimation of the steady ocean circulation. The fact that the geodetic determination of the
geostrophic velocity field agrees very well with oceanographic findings, proves that the
method works and can give valuable information for both geodesy and oceanography and
lead to the interaction between the two sciences.

8.3

Sea surface topography and geostrophic flow estimation in Newfoundland

For the area of Newfoundland the same procedure has been followed. Again, since the
satellite data are denser than the shipborne ones, gravity anomalies were first predicted
from the altimetry SSHs. In Newfoundland, the altimetric solution that gave the best
agreement with KMS01 and the shipborne gravity data was the single-satellite gravity field
from GEOSAT with the bathymetry being taken into account using the new two-layer
model. This model gave an agreement with KMS01 and the shipborne data at the 4.9 and
15.6 mGal respectively (1σ). As mentioned in the previous chapter, some big differences,
between the altimetry and gravimetry fields exist, probably due to blunders in the latter,
thus first a 3 rms test for blunder removal has been performed. The total number of
observations before the test was 128254 while after that 125060 points remained, resulting
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in a total removal of 2.5% of the original data. Table 8.5 presents the so-called gravity
equivalent QSST (∆gQSST) before and after the 3 rms test, where we can see that some of
the big minimum and maximum differences have been removed. In the next step, the
residual data have been gridded using a 3′ grid spacing, while the 1D FFT spherical Stokes
convolution was implemented to derive residual QSST.
Table 8.5 Gravity equivalent residual QSST in Newfoundland, before and after the 3 rms
test. Unit: [mGal]
max
min
mean
σ
QSST
∆g
(before)
79.0
-119.5
0.1
±15.6
QSST
∆g
(after)
43.1
-42.1
-0.3
±13.8
The results of the estimation of residual QSST (ςres) are presented in Table 8.6,
where it can be seen that QSST of wavelengths shorter than 2000 km exists in
Newfoundland, with a range of about 210 cm and a σ of ±26 cm. Figure 8.4 depicts the
residual ∆gQSST and ςres fields, where we can see that a slight track-like pattern remains in
the Southwest part of the region due to the errors in the shipborne gravimetry. Nevertheless,
from the rest of the field, it is evident that the main part of the residuals is located again
over bathymetric features of the area, such as the Grand Banks of Newfoundland, the
Flemish Cap, the Nose and Tail of the Banks and the Milne Seamount. Also some strong
negative features are identified over the Newfoundland Seamounts. This signal, between
approximately -100 to +80 cm, represents unmodeled, residual QSST of wavelengths
shorter than 2000 km not included in the global DOT model. It is again evident that the real
QSST in the area is far more complex and varying than what the global EGM96 DOT
model implies. The magnitude of the QSST in Newfoundland is bigger than in the Gavdos
area, and this can be explained by the stronger and more varying ocean dynamics of the
former. This is of course something expected since the first area is located in a purely
oceanic region, while the second one in a closed sea.
Table 8.6 Residual QSST in Newfoundland. Unit: [m]
max
min
ςres
0.998
-1.137

mean
0.100

σ
±0.263
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Figure 8.4: Residual gravity-equivalent QSST (left) and estimated residual QSST
(right) in Newfoundland.
To derive the final estimates of the QSST in Newfoundland, the contribution of the
global EGM96 DOT model, previously removed, has to be restored in the residuals. Table
8.7 presents the final quasi-stationary sea surface topography in Newfoundland as
determined from the altimetry and shipborne gravity data, while Figure 8.5 depicts the final
model. From that Figure, a depression in the QSST around the Grand Banks is found,
which is consistent with what the ocean circulation is expected to look like in that area.
Also, over all major bathymetric features of the region i.e. the Milne and Newfoundland
Seamounts, the Grand Banks and the Southeast Newfoundland Ridge, some variations in
the QSST are identified.
Table 8.7 Final quasi-stationary sea surface topography in Newfoundland. Unit: [m]
max
min
mean
σ
ςc
0.935
-1.468
-0.279
±0.321
From the final estimates of the quasi-stationary sea surface topography in the area,
geostrophic velocities were then determined following the same procedure as for Gavdos
and using Eq. 3.73. Table 8.8 presents the statistics of the estimated parallel (us) and
meridian (vs) components of the geostrophic velocities in the area, also depicted in Figure
8.6, while Figure 8.7 shows the estimated vector velocity field in Newfoundland.

277

Figure 8.5: Final quasi-stationary sea surface topography in Newfoundland.
Table 8.8 Statistics of the components of geostrophic flow in Newfoundland. Unit: [m/sec]
max
min
mean
σ
us
5.610
-3.508
0.069
±0.652
vs
4.114
-5.080
0.014
±0.520

Figure 8.6: The us (left) and vs (right) steady geostrophic velocity components in
Newfoundland.
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The maximum and minimum values of the two components of the steady
geostrophic velocities are considered as big, even for an open ocean area like
Newfoundland, and are mainly due to the errors in the gravimetric data. Nevertheless, part
of these big values can be explained with the existence of some known currents in the
region. In general, the geostrophic theory gives much more reliable results about the steady
ocean currents in an open, compared to a closed, ocean area. The geostrophic velocities
range between 0-2 m/sec for the area of Newfoundland, which is the expected range, while
the general pattern of our results agrees very well with the QSST models determined using
System Theory by Andritsanos (2000).

LC
LC
3
1

GS
2

Figure 8.7: The geostrophic flow vector field in Newfoundland.
From Figure 8.7 the main steady geostrophic currents identified are a branch of the
Gulf Stream (GS), which is a big gyre directed eastwards from our area to the coasts of
Great Britain and then returning back to the Eastern United States. Additionally, in the
Northwest part of the area, two branches of the Labrador Current (LC) can be identified,
which flow around the Flemish Cap and the Grand Banks. Also, a strong stream, denoted
by 1 in Figure 8.7, flows westwards from the Milne Seamounts, over the Newfoundland
Seamounts and meets the Labrador Current in the small straight between the Nose of the
Banks and Flemish Cap. An anticyclonic formation (2) is found in the Southeast part of the
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region, while a small branch (3), probably of stream 1, flows northwards around the
Flemish Cap. A number of other small gyres, streams, cyclones and anticyclones are
formed in the region, showing the detailed oceanographic information that can be derived
from a purely geodetic processing of altimetry data. For the area of Newfoundland, the
proposed method of QSST and geostrophic flow estimation, showed that there is part of the
quasi-stationary SST of wavelength shorter than 2000 km and managed to depict the main
circulation pattern of the area.

8.4

Summary

In this Chapter, numerical investigations on the determination of quasi-stationary sea
surface topography and steady geostrophic velocities have been presented for two areas.
Satellite altimetry and shipborne gravity data have been used in a purely geodetic
determination of residual QSST and an estimation of the ocean current velocities based on
the theory of geostrophic flow. From the results of these studies, it has been found that
residual QSST of wavelengths shorter than about 2000 km can be identified and modeled,
showing that the full power of the signal is not restricted up to harmonic degrees 6 to 10.
The current velocity fields determined, show that even with this preliminary analysis and
estimation method, it is possible to derive valuable information about the direction and
magnitude of the dominant ocean currents in the area under study. For both areas, the main
circulation patterns have been identified in the estimated field and agree with results of
oceanographic studies. Even though this was only a preliminary analysis for the
determination of the QSST, it illustrated the potential interaction between geodesy and
oceanography and the valuable information that geodetic techniques have to offer to
physical oceanography and other marine sciences.
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CHAPTER NINE

CONCLUDING REMARKS AND RECOMMENDATIONS

This final chapter summarizes the results and findings presented in this thesis in terms of
the four main objectives identified in the first chapter, i.e., geoid determination, gravity
field modeling from altimetry data, ocean bottom topography approximation, and quasistationary sea surface topography and geostrophic flow estimation.

9.1

Concluding remarks

A comprehensive discussion on the applications of satellite altimetry in geodesy,
geophysics and oceanography has been presented. The full spectrum of altimetry data
processing and the principle of the method itself have been thoroughly reviewed and two of
the main methods for altimetry data processing, i.e., crossover adjustment and stacking,
have been discussed. Then, the possible improvement in ocean bottom topography
determination using altimetry data has been investigated with the proposed bathymetry
estimation method. Additionally, an entire section has been dedicated to the comparison of
available global DOT models and an analysis of these results was presented. With geoid
and gravity field approximation being the main objectives of this thesis, a general scheme
of altimetry data processing and geoid and gravity field estimation was developed and
outlined. Geoid estimation has been carried out by computing altimetric, gravimetric and
combined models, while single and multi-satellite altimetry-derived gravity fields were also
determined. In these estimations, the newly developed bathymetry models have been
implemented together with information for the QSST, in an effort to determine highaccuracy and high-resolution models. Finally, quasi-stationary sea surface topography
estimates have been determined by combining altimetry and shipborne gravity data, aiming
at identifying if part of the signal remains at wavelengths shorter than about 2000 km. From

282
these final QSST models, the potential interaction between geodesy and oceanography has
been investigated by estimating geostrophic velocities and identifying the main circulation
patterns of the areas under study.
From the results in this thesis many interesting aspects on the applications of
satellite altimetry in geodesy, geophysics and oceanography have been revealed. As far as
the bathymetry estimation is concerned, it has been found that the new bathymetry models,
derived using altimetry data only, manage to provide residual gravity fields smoother by
about 25% when taken into account with an RTM-reduction. This level of smoothing is
about 50% better than what the best of the global DDMs, the S&SV9 model, gave. In
gravity field modeling, when the bathymetry was taken into account with the new depth
models in a remove-restore procedure, the σ of the residual fields decreased by about 2 to 4
cm, in the case of altimetry SSHs, and 5 to 10 mGal, in the case of shipborne gravity data.
The mean value of the residuals was brought to almost 0 m and 0 mGal, respectively, while
the range of the residual SSH and gravity anomaly fields was significantly decreased. From
these results, it can be concluded that the proposed method provides bathymetry models,
which can be successfully used in gravity field approximation to further smooth the data
before a prediction and/or gridding procedure takes place. But, these models might not
necessarily represent a better estimation of the bathymetry itself, since their comparisons
with shipborne depth soundings revealed that the differences are at the 400 to 800 m in
terms of the standard deviation. This is explained by the fact that the gravimetric signature
of many bathymetric structures is very weak and in many cases not depicted in the gravity
field due to their isostatic compensation and the cross-track spacing of the altimeter data.
As a result, when the bathymetry estimation is based solely on gravity information, such
structures are underestimated. The proposed three-layer models can only partly improve the
bathymetry representation, since the a-priori statistical characteristics for the Moho
interfaces were in all cases arbitrary due to unavailable external information.
The results improved drastically when depth soundings were implemented in the
iterative LSC procedure; the differences between the estimated bathymetry models and the
depth soundings decreased to about 100 to 200 m. These combined models of gravity and
depth data provided the best overall agreement with the shipborne bathymetry data, even
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compared to the very accurate S&SV9 model. The amount of smoothing of gravity data
was maintained at the same high level, showing that a combination of gravity and depth
data can lead to bathymetry models not only useful for gravity field approximation but also
close to the true bathymetry itself. On the other hand, even the gravity-only depth models
provide valuable information about the bathymetry in unsurveyed areas or regions with
only a few shipborne measurements.
In all regions and all tests, the new local bathymetry models have provided
superior results in gravity field modeling compared to the global JGP95E model. The latter
failed to smooth the gravity field data and increased both the σ and the range of the residual
fields while it also introduced artificial features non-existing prior to its use. This provides
substantial evidence that the proposed bathymetry estimation method, using the accurate
altimetry data, can provide local models which give smoother fields and outperform the
global DDM for all data types, regions and tests.
In the numerical studies for geoid determination, the full-spectrum of altimetry
data processing has been presented. A unified procedure has been proposed, which includes
the use of the QSST and the bathymetry. It has been shown that by handling the altimetry
SSHs properly following the proposed processing procedure, i.e., correct for all
geophysical and instrumental errors, remove data close to the coastline and over land
regions, select accurate geopotential and DOT models, correct for the QSST signal,
crossover adjust to reduce the radial orbit error and the effects of SSV, remove blunders,
reduce the data for the bathymetry by using an accurate depth model, filter the data when
necessary to further reduce the SSV, then a geoid determination accurate to 5 cm is
feasible. One of the important outcomes of this thesis is that in open ocean areas the
altimetry data, especially those from geodetic missions, have to be low-pass filtered to
reduce the high-frequency noise-like effects of the SSV. Also, the used ERS1 and
GEOSAT data have very accurately determined orbits and the remaining radial orbit error
is very small. As a result, crossover adjustment for the area in Gavdos did not improve the
statistics of the data, showing that in such areas the data might not have to be adjusted. On
the other hand, in Newfoundland, where the ocean dynamics are much greater, crossover
adjustment has proven very useful, not in reducing the radial orbit error, but the SSV
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effects contaminating the altimetric measurements. Thus, it can be concluded that crossover
adjustment should be used not for reducing the very small remaining orbital errors but the
effects of the influence of the oceans in the dense geodetic mission data.
Following the proposed geoid determination scheme for processing shipborne
gravity data, it was found that the achieved accuracies are at the 12 cm level, in terms of the
σ of the differences with T/P SSHs, when accurate gravimetry is available, while they reach
the 20 cm, when the data are not accurate enough. Nevertheless, this shows that by
handling the data properly and applying all the corrections and reductions, gravimetric
geoid determination can be improved. The combination of altimetry and gravity data using
the IOST method resulted in improving the accuracy of geoid determination by about 2 to 5
cm, compared to the gravimetric solutions, while they improve the altimetric ones close to
the coastline. The overall best accuracy of 5 cm, achieved in altimetric geoid modeling, is
considered as very satisfactory and provides great insight of the potential that altimetry data
have to offer to geodesy, especially in view of the new missions of JASON-1 and
ENVISAT. One note that has to be made at this point refers to the use of QSST in geoid
modeling. In the author’s opinion, and since the geodetic community is after a cm-level
geoid determination, the altimetry data have to be corrected for the QSST signal so as to
refer to the geoid and not the sea level, and the gravity data have to be reduced from the sea
surface to the geoid. The question that arises is not on whether this correction and reduction
has to be applied, but on the selection and improvement of the existing DOT models.
The inversion of altimetry SSHs for gravity anomaly determination has shown that
an accuracy of about 8 to 15 mGal, in terms of the σ of the differences with shipborne
gravity data, is achievable. Compared to the most accurate altimetry-derived global gravity
field KMS01, the estimated solutions provide an agreement of about 4 to 8 mGal, which is
about 2 to 5 mGal better than the performance of the Sandwell and Smith model. The
altimetry data have to be low-pass filtered in order to reduce the high frequency noise
enhanced by the inverse Stokes operator. From the various cut-off frequencies tested, it was
found that the optimal selection, in terms of maximum noise reduction with minimal signal
loss, is very much area dependant. Thus, for the area in Gavdos, which is located in a
closed sea with low ocean dynamics, a cut-off frequency of about 12 km is sufficient to
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reduce the noise. On the other hand, in Newfoundland which is an open-ocean area with
high variability and ocean dynamics, the wavelength of the selected cut-off frequency
increased to about 20 km. For Newfoundland, where the GEOSAT data were crossover
adjusted, the single-satellite solution provided the most accurate gravity field model, while
in Gavdos that came from the ERS1 data. In both areas, the multi-satellite solution did not
manage to give more accurate results, compared to the best single-satellite solution, but it
managed to improve the less accurate of them by about 1-2 mGal. Nevertheless, the
combination of two satellite missions provided more detailed information about the gravity
field and revealed the structure of the high-frequency features of the field in both areas.
For both geoid and gravity field modeling, one conclusion that should be
especially stressed out is that satellite altimetry provides data, which allow high-accuracy
and high-resolution models to be determined; but, to reach these accuracies, the procedures
and handling of the data are far from trivial and should be performed with special care. It
has been shown that different strategies, i.e., crossover adjustment versus no crossover
adjustment, and filtering versus no filtering, have to be followed for different areas and
different datasets, while the selection of the geopotential, DOT and bathymetry models
used, should be performed carefully. This statement is supported by the deterioration of the
achieved accuracies when JGP95E was implemented, showing that an inaccurate DDM can
create significant problems in the final models.
The subsequent QSST modeling has shown that in both areas there exists part of
the signal at wavelengths smaller than 2000km that can be identified and modeled. This is
in disagreement with what the global DOT models indicate, i.e., that almost 98% of the
signal’s power is found up to harmonic degrees 6 to 10. Thus, better representations of the
sea surface topography are needed, since this will lead to more accurate geoid models, as
well. Another important message from the QSST modeling is that purely geodetic methods
can be used to derive information useful not only for geodesy but for oceanography, as
well. It should be mentioned though that the presented QSST modeling should be
considered only as a preliminary solution, since the implementation of oceanographic data
is expected to provide much more accurate results. Using the determined sea surface
topography models, geostrophic velocities of the ocean currents have been determined with
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great success. The fact that the computed velocity fields follow the general circulation
pattern of both areas and agree well with recent results of oceanographic studies about the
ocean circulation in these regions provides substantial proof of the appropriateness of the
method and an external validation of the results. Additionally, it presents a great field of
interaction and cooperation between geodesy and oceanography, since purely geodetic
methods have resulted in the determination of an oceanographic quantity. Again, these
results of ocean circulation modeling are preliminary ones but indicate their usefulness for
both geodesy and oceanography.

9.2

Recommendations for future research

Based on the results presented in this thesis, several areas of future work have been
identified in order to improve the bathymetry, geoid, gravity field and QSST estimation. As
far as bottom ocean topography estimation is concerned, one main question would be how
to overcome the problems by the isostatic compensation of the depth structures. The
problem is clearly evident when predicting some long-wavelength (longer than about 100120 km) structures whose signature is not depicted in the gravity field. A way to solve this
problem would be to use a global expansion of the Earth’s topography up to a harmonic
degree n=180, which roughly corresponds to about 100 km, to derive the long- and
medium-wavelength part of the bathymetry. The altimetry data can then be used to resolve
the high frequencies between 8 and 100 km, by using residual altimeter data properly
referenced to a geopotential model, which will be used up to degree 180. Then, by adding
the long wavelength bathymetry from the global model and the intermediate and high
frequencies, derived using altimetry data, the final ocean bottom topography model will be
derived. Such a model may resolve some of the problems related to the isostatic
compensation of the bathymetry. Another approach would be to use the proposed method
and a combination of a geopotential model and residual altimetry data. According to this
approach, the long wavelength depth estimates will be derived using gravity computed
from the geopotential model and the remaining part of the signal from residual altimetry
data referenced to that. Another problem with the proposed bathymetry estimation method
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is that the full altimetry and/or shipborne depth datasets cannot be used due to the very big
size of the resulting matrices and the computer memory requirements. A solution can be to
use stepwise collocation, thus significantly reducing the number of data in each step. Also,
the use of spectral methods to estimate the final models can reduce the time requirements
and should be investigated, as well. The used gravity-to-topography transfer function is a
simple one and more elaborate models, as discussed in Chapter Three, should be
implemented, if the goal is an accurate representation of the true bathymetry. Finally, it
would be really interesting to implemented the combination of altimetry and shipborne
depth soundings in the frequency domain using the IOST method, as this that would speed
up the calculations significantly and make the combination much more efficient.
As far as geoid and gravity field determination are concerned, we believe that the
proposed procedures can be considered as a very good plan on which such estimations can
be based. In our opinion, the future research should be directed towards optimally
combining irregular multi-satellite altimetry data, since in that way a very dense mesh of
measurements will be available and the full accuracy and resolution of all missions will be
exploited. Some efforts in this direction have been already presented (see Hwang, 1998,
1999; Sandwell and Smith, 1997) but more research is needed to reach an optimal
combination of multi-mission geodetic and ERM altimetry data. The term optimal refers to
the most rigorous combination of altimetry data coming from satellites with different
inclination, cross- and along-track spacing, accuracy, resolution and angles of track
intersection. Another interesting area for future research can be found in the combination of
altimetry data with the measurements that the new gravity field satellites (CHAMP, GOCE
and GRACE) will offer. These satellites will provide observations of the second order
derivatives of the disturbing potential, which will be of high-accuracy but will represent a
small waveband, up to a harmonic degree of about n=100-120, of the gravity field signal,
thus they can be used to couple the altimetry information and improve the geoid and gravity
field estimation. Finally, the estimation and monitoring of the time-variable gravity field is
believed to be of great importance, and its combined use with altimetric data, especially
from the new satellites JASON-1 and ENVISAT, can provide a great insight to the
interactions and processes of the ocean environment.
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Finally, for the determination of the QSST and the ocean circulation, the future
research should be directed towards the combination of and interaction between geodetic
and oceanographic methods and datasets. Still, in the author’s opinion, the definition of the
basic surfaces for each science, i.e., the geoid, is different and coincide after many
assumptions. What geodesy tries to determine is an equipotential surface, while what
oceanographers aim to model is a fluid and the physical properties and differences between
these two surfaces are significant. Future theoretical research should be directed in unifying
the terminology and theoretical background of both sciences, so that a combination of
geodetic SSHs and gravity measurements with oceanographic measurements of the salinity,
temperature, dissolved oxygen content, pressure, etc., of the ocean water can be performed.
All the proposed recommendations and directions for future research will lead, as
far as geodesy is concerned, to a more accurate determination of the geoid and will
significantly help in the unification of the height datums and the introduction of a global
height system. Additionally, studies of the ocean environment and its implications on our
planet will benefit greatly. Given the new and expected satellite altimetry and gravity field
missions, the continuous demands of different Earth sciences, such as oceanography,
geophysics, hydrology to name a few, and of the navigation community for high-accuracy
geoid and gravity field models, it can be concluded that the need for further research in this
area is guaranteed.
The prospects and future of geodesy are found in its interaction with other
sciences, and the combination of data, resources and methods between all of them. A final
comment has to be made about satellite altimetry. This method provided geoid and gravity
field models of unprecedented coverage, accuracy and resolution and in the author’s
opinion its potential for geodesy and oceanography has not yet been fully exploited because
altimetry data measurements have been available for only two decades. With the new
missions, and the continuous monitoring of the ocean surface, larger and extended over
time datasets will be available, which will give great insight to geophysical and
oceanographic phenomena and processes.
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APPENDIX A

This appendix lists a collection of Internet sites from which either figures were
derived or are of importance for satellite altimetry and gravity field modeling applications.

CHAPTER TWO: SATELLITE ALTIMETRY

http://www.jpl.nasa.gov Æ Jet Propulsion Laboratory – NASA.
http://www.jpl.nasa.gov/missions/seasat.html Æ Jet Propulsion Laboratory – NASA –
Seasat.
http://ibis.grdl.noaa.gov/SAT/gdrs/geosat_handbook/index.html Æ NOAA – GEOSAT
Users Manual (1997 release based on JGM-3 orbits).
http://www.esa.int Æ European Space Agency
http://www.ifremer.fr/cersat/ACTIVITE/ERS/MISSION/E_ERS.html Æ ERS1/2 satellites
http://www.esoc.esa.de/external/mso/ers.html Æ ERS1/2 satellites
http://sirius-ci.cst.cnes.fr:8090 Æ AVISO Altimetry
http://topex-www.jpl.nasa.gov/ Æ TOPEX/POSEIDON
http://aviso.jason.oceanobs.com/html/general/welcome_uk.html Æ JASON-1
http://gfo.bmpcoe.org/Gfo/default.htm Æ NAVY GEOSAT FOLLOW-ON ALTIMETER
MISSION Home Page
http://www.envisat.esa.int/ Æ ENVISAT

